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Summary

Understanding evaporation in arid regions is essential for climate change assessment and

optimizing water resources management under a changing climate. This thesis analyses

the physical processes that govern local evaporation in a representative salt flat setting at

the Altiplano region of the Atacama Desert. Such physical processes are analyzed from

climatic to sub-diurnal scales. Moreover, regional (>100 km) to local (<1 km) scales are

integrated, through the analysis of the ocean-desert circulation and its influences on the

atmospheric boundary layer and surface fluxes. Firstly, findings show that wind-driven

turbulence is the primary evaporation controller at the sub-diurnal scale, whereas radia-

tion plays a major role at the seasonal scale. Secondly, at the local scale, surface fluxes are

mainly controlled by mechanical turbulence, which is only present in the afternoon due to

a regional-scale flow resulting from the thermal contrast between the cool Pacific Ocean

and the warm Atacama Desert. Thirdly, the regional flow that triggers evaporation in the

Altiplano origins from the marine boundary layer, whose stability regime dominates the

formation of fog and the inland moisture transport. Finally, the role of surface hetero-

geneity on turbulent fluxes measurements is quantified at the sub-kilometer scale, where

footprint and MOST functions play an important role. This thesis contributes to un-

tangling and linking processes driving evaporation from local to regional-scale and from

sub-diurnal to inter-annual scale, across confined saline lakes in arid regions.





Resumen

Investigar los pocesos que controlan la evaporación en regiones áridas es esencial para

mejorar nuestra comprensión del cambio climático, su impacto, y optimizar el manejo de

los recursos h́ıdricos bajo un clima cambiante. Esta tesis investiga los procesos f́ısicos

que gobiernan la evaporación local en un t́ıpico salar del Altiplano del desierto de Ata-

cama. Estos procesos f́ısicos son analizados desde escalas climáticas a sub diurnas. En

nuestro estudio ponemos especial énfasis en integrar desde escalas regionales (>100 km)

a locales (<1 km) a través del análisis de la circulación océano-desierto y su influencia

en la capa ĺımite y los flujos superficiales. Primero, nuestros hallazgos muestran que la

turbulencia impulsada por el viento es el principal controlador de la evaporación a escala

sub diurna, mientras que la radiación juega un papel más preponderante a escala esta-

cional. Segundo, a escala local, los flujos superficiales son controlados principalmente por

turbulencia mecánica (cizalladura) impulsada por el viento, la cual está presente exclu-

sivamente durante la tarde. Este viento a escala regional se produce debido al contraste

térmico entre un fŕıo océano Paćıfico y un desierto de Atacama caliente. Tercero, el flujo

a escala regional que controla la evaporación en el Altiplano se origina en la capa ĺımite

marina, cuyo régimen de estabilidad domina la formación de niebla y el transporte de

humedad hacia el interior del continente. Finalmente, el rol que tiene la heterogenei-

dad de la superficie en la medición de los flujos turbulentos se cuantifica a escala sub

kilométrica, donde la huella de las mediciones y las funciones de la Teoŕıa de Similitud de

Monin-Obukhov juegan un papel importante. El resultado final de este trabajo doctoral

es una mejora en la comprensión de los procesos f́ısicos y sus interconexiones en escalas es-

paciales y temporales que gobiernan la evaporación en lagos salinos presentes en regiones

áridas.
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Chapter 1

Introduction
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1.1 Motivation

Evapotranspiration is a turbulent exchange process that has enormous implications

for Earth’s water, energy, and carbon balances (McColl et al., 2019). It plays a key role

in the interchange between the water and surface energy budgets of the land and atmo-

sphere. Evapotranspiration, understood as the mass- (water vapor) or energy (latent heat)

exchange of plants (transpiration), and soil and water surfaces (evaporation), connects

the water and energy balance (Moene & Van Dam, 2014). In arid regions, such as the

Atacama Desert, evaporation from open water is an important component in the water

cycle, as lakes represent highly localized pathways for evaporation in a landscape devoid

of moisture (Suárez et al., 2020). Figure 1.1 shows the dramatic seasonal changes in the

surface area of a shallow saline lake in the Altiplano region (highlands) of the Atacama

Desert. These significant spatial and temporal changes show the importance of evapora-

tion for water resource management and the need to understand the physical processes

that govern it. Although understanding the evaporation in this area has significant social

relevance in terms of water availability, accurately quantifying this phenomenon poses a

scientific challenge (Houston, 2006a).

Figure 1.1: Seasonal variability of the shallow saline lake in the Salar del Huasco in 2018, as

viewed by the normalized difference water index (NDWI) from Copernicus Sentinel data from

2019 processed by Sentinel Hub.

The social relevance of understanding evaporation relies on the complexity of water

management in arid regions where water resources are in high demand, but scarcely

available. Two factors describe this complexity, triggering environmental-social conflicts

between different stakeholders, such as the mining industry, indigenous inhabitants and

fragile ecosystems (Budds, 2004). First, surface waters in the desert are geographically
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confined to a few specific places such as rivers, wetlands resulting from groundwater

upwelling, and shallow lakes in closed basins (Houston 2006). This confined localization

makes it difficult to access water resources, mostly underground, increasing the pressure

to exploit them. Second, the tradable water rights promoted by the Water Code in

Chile concentrate water accessibility into the industry to the detriment of other social

actors. An industry is currently putting additional pressure on the water demand, for

example, is lithium mining. In this industry, groundwater is extracted and subsequently

evaporated in enormous plains. With 9.2 million tons (USGS, 2021), Chile possesses

large lithium reservoirs, and the demand for lithium is increasing globally due to its role

in new energy technologies. Unfortunately, lithium and related-minerals production also

represent an environmental threat since groundwater is taken from natural reservoirs that

sustain fragile ecosystems. This combination of low water accessibility and tradable water

rights concentration define the complex water management in the Atacama Desert. In this

context, evaporation plays a fundamental role in accurately quantifying water resources.

Therefore, understanding evaporation will, for example, improve the water use efficiency

in such industries, contributing to finding an equilibrium between economic growth and

environmental preservation.

The interplay of the scientific challenge that evaporation presents in the Atacama

Desert and its social relevance is sketched in Figure 1.2 as an interaction between the will

to understand the processes that drive evaporation, which acts at a range of spatiotem-

poral scales (top) and the need to quantify evaporation for water management (bottom)

through measurement (left) and modelling methodologies (right). The quantification of

evaporation is addressed directly through in-situ observations. Based on observations, we

can infer relationships to improve the representation of the key physical processes govern-

ing evaporation. These physical relationships, or parameterizations, can then be tested

and implemented in hydrometeorological models to improve larger-scale evaporation esti-

mates. Where observations typically represent the local conditions and, as such, overlook

processes occurring at larger scales, with numerical models we quantify and understand

the physical processes that act at larger spatial scales. In addition, numerical models

allow to quantify evaporation where observations are limited.

Regarding observations, large global networks such as Fluxnet (Pastorello et al.,

2020) or Ameriflux (Ameriflux, 2021) do not have surface flux stations in the Atacama

Desert, which is evidence of the low evaporation data density in arid regions. This lack

of observations is mainly due to the inhospitable geography of the desert characterized

by strong topographic gradients and limited accessibility. Hydrometeorological models

often fail at accurately representing evaporation in arid regions, as evaporation is limited

to localized wet surfaces, which are poorly represented in models. Examples are lakes,

wetlands, and salt flats, which are usually smaller in size than the spatial resolution

in hydrometeorological models. Moreover, the complexity of the multiscale processes

involved in evaporation, such as mesoscale atmospheric circulation between the ocean
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Figure 1.2: The scientific challenge of understanding evaporation in the Atacama Desert

addressed in this thesis. Arrows indicate the methodological flow followed; yellow ring depicts

the Atacama Desert case.

and the desert, the diurnal evolution of the atmospheric boundary layer (ABL), surface

heterogeneity and long-term temporal variability, is challenging to disentangle. In this

thesis, we combine a measuring and modelling strategy that contributes to solve this

scientific problem.

Evaporation in the Atacama Desert has been studied using different approaches

involving the hydrogeology, hydrology, and meteorology of the region. Johnson et al.

(2010) assessed daily bare soil evaporation to understand relationships that could be

used to relate evaporation with the water table depth all around the Chilean Altiplano.

Uribe et al. (2015) developed a hydrological model in the Salar del Huasco basin where

evaporation was estimated using information from evaporation pans, and regional changes

in evaporation were calculated as a function of elevation. In the same way, Houston

(2006a) studied the spatiotemporal variations of potential evaporation in the Atacama

Desert, using empirical data from evaporation pans. This study also introduced the first

investigations of a long-term evaporation (1977-1991) analysis and its relationship with

the ENSO phenomenon. At a more local scale, Kampf et al. (2005) measured turbulent
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fluxes from heterogeneous surfaces in the Salar de Atacama, analysing their diurnal cycles

in a seasonal campaign. de la Fuente & Meruane (2017) developed a thermodynamic

model to predict potential evaporation in Salar del Huasco using meteorological reanalysis

data. Nonetheless, the hydrological perspective upon which these evaporation studies were

made, missed the link with the atmospheric processes that govern it.

Concerning the link of the evaporation and the meteorology of the study area, previ-

ous studies have demonstrated how large-scale atmospheric phenomena are influenced by

the Pacific Ocean, steep Andean topography, and the Amazon basin at different scales.

For example, Garreaud et al. (2003) analysed the climatic conditions of the Altiplano re-

gion from interseasonal to glacial-interglacial timescales. Rutllant & Ulriksen (1979) and

Rutllant et al. (2003) described the dry regional atmospheric flow on the occidental face

of the Andes in the Atacama Desert. Falvey & Garreaud (2005) studied the summer west-

ward airflow from the Amazon basin, which transports a significant amount of moisture

over the Altiplano, defining the onset of the rainy season. Although the main large-scale

atmospheric circulations have been described for this region, the connection between these

atmospheric circulations and evaporation has received little attention.

Supported by these pioneering studies, we laid the plans for this Ph.D. thesis investi-

gation. We aimed to understand the physical mechanisms that connect surface conditions

to the ABL dynamics and its subsequent interplay with the larger-scale atmospheric phe-

nomena that drive local evaporation. This thesis addresses the following overarching

research question:

Which are the physical mechanisms that drive the evaporation in the

Atacama Desert at different spatio-temporal scales?

To answer this general question, we designed a specific methodology that combines

surface and airborne measurements gathered in a dedicated field experiment called E-

DATA (Evaporation caused by Dry Air Transport in the Atacama Desert) supported

with regional atmospheric modelling. The E-DATA experiment and regional modelling

is addressed in detail in Chapter 2. This research is focused on a specific place in the

Altiplano of the Atacama Desert, the Salar del Huasco (20.2 °S, 68.8 °W, 3,790 m above

sea level (asl), Fig. 1.1). The ecosystem of the Salar del Huasco is representative of the

natural hydrological systems in the region, characterized by a closed basin surrounded by

complex topography (altitude ranging from 3,790 to 5,300 m asl). It is an ideal site for

this study since rainfall along the catchment infiltrates and recharge the aquifer, which

upwells in a terminal shallow lake at the basin bottom (Fig. 1.1). Here, all water loss

occurs by evaporation. We carried out the E-DATA experiment between the 13th and

24th of November 2018, since it is the driest month (with the lowest rainfall probability).

In addition, several studies related to water, climate, and ecosystems have already been

carried out in this basin since it has remained untouched by human activities (Uribe et al.,

2015), being declared a Ramsar site (a wetland site of international importance) in 1996
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(LePage, 2011) and a national park in 2020. Therefore, investigating this place is helpful

as a baseline of natural ecosystems and their bio-geo-physical relations in the context of

climate change.

1.2 Multiscale processes driving evaporation in the

Atacama Desert

This thesis investigates the physical processes that govern local evaporation in a

representative salt flat located in the Altiplano (highlands) region of the Atacama Desert.

Our approach aims to study the physical processes ranging from climatic to sub-diurnal

scales and the interaction between spatial scales ranging from the regional (>100 km) to

local scales (∼10 km). Therefore, we analysed how the ocean-desert circulation influences

the ABL dynamics and the surface flux evolution over areas within the Salar del Huasco

with different surface characteristics.

Figure 1.3 is the road map of this Ph.D. investigation. It shows how we have broken

down the spatio-temporal complexity of the physical processes involved in the evaporation

in the Atacama Desert. The specific scientific motivation, research questions, and methods

of each chapter are introduced in the following sub-sections.

1.2.1 Evaporation climatology (Chapter 3)

Understanding evaporation in arid regions like the Atacama Desert from a short-,

medium- and long-term temporal perspective is essential for climate change assessment

and water management. This can be seen when connecting the seasonal spatial changes,

as shown in Figure 1.1, to the multi-annual variability of the saline lake surface area, as

shown in Figure 1.4. The Figure shows the significant spatial differences in the water

extend of the saline lake between the summers of 2019 and 2021.

We will more closely examine the long-term processes that are driven by climate

variability and affect evaporation (see Fig. 1.3a Box III). At the seasonal time scales,

synoptic atmospheric circulation is responsible for the moisture transport over the Alti-

plano region (Falvey & Garreaud, 2005). This circulation is predominant during autumn,

winter, and spring (April to November). Its main characteristic is a periodic eastward

airflow (orange arrow, Fig. 1.3a-Box III and Fig. 1.5) that transports dry air masses

from above the marine boundary layer and is part of the subtropical Pacific high-pressure

system (Chang, 1995). An opposite flow with a westward direction is dominant during the

summer (December to March) and transports air masses with large amounts of moisture,

leading to the onset of the rainy season (green arrow, Fig. 1.3a-Box III and Fig. 1.5).

The governing phenomena behind the rainy season is the Bolivian low-pressure synoptic

system that pumps humid air from the Amazon basin to the Altiplano of the Atacama

Desert (Falvey & Garreaud, 2005).
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Figure 1.3: Overview of the temporal and spatial physical processes involved in evaporation

at Salar del Huasco (SDH) in the Atacama Desert. (a) Corresponds to a vertical cross-section

of the western slope of the Andes, where dark blue arrows represent the atmospheric circu-

lation, light blue arrows represent the fluxes of water balance, and orange and green arrows

represent the temporal variability of the larger-scale ENSO phenomenon. (b) Corresponds to

a W-E vertical cross-section of the Salar del Huasco basin, where dark blue arrows represent

the multispatial scale processes that affect the ABL, light blue (latent heat flux, (LvE)), red

(sensible heat flux, H), and yellow (ground heat flux, G) represent the surface energy bal-

ance, and jagged yellow the radiation. Roman numerals inside the boxes frame the physical

processes further explored in the thesis chapters and the spatial scales.
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Figure 1.4: Interannual summer variability of the saline lake in Salar del Huasco as viewed

by the normalized difference water index (NDWI) from Copernicus Sentinel data from 2021

processed by Sentinel Hub.

The seasonal moisture transport resulting from the synoptic circulation is highly

variable from year to year, since it is influenced by global interannual climate phenomena

such as the El Niño Southern Oscillation (ENSO) (Garreaud & Aceituno, 2001). The

ENSO phenomenon corresponds to changes in the sea surface temperature (± 1-3 °C
degrees) at the eastern tropical Pacific Ocean that impact global climate, especially in the

southern hemisphere (Philander, 1983). This oscillating cycle presents three phases, warm,

cool and neutral, which strongly affect the precipitation pattern along the Pacific Ocean

and the South-American continent. The warm phase, known as El Niño, corresponds

to the above-average warming of the eastern tropical Pacific Ocean and the weakness of

easterly winds that, depending on the phenomenon’s intensity, can even blow from west to

east (Timmermann et al., 2018). The cool phase, known as La Niña, is characterized by

the cooling of the ocean surface and by the strengthening of easterly winds. The neutral

phase refers to surface temperature and winds close to the historical average (Philander,

1985). In the case of the Altiplano region of the Atacama Desert, the ENSO phenomenon

affects moisture transport impacting the summer rainfall patterns (Böhm et al., 2020).

Warm ENSO phases are associated with dryer rainy seasons, whereas cool ENSO phases

are associated with wetter rainy seasons (Aceituno, 1988). Even though several studies

have analysed the effects of ENSO on precipitation in the Altiplano region (Aceituno,

1988; Vuille et al., 2000; Garreaud & Aceituno, 2001), the effects on evaporation are still

poorly understood (Houston, 2006a), mainly because of the lack of extended long-term

records for evaporation.

Motivated by these former studies that show the climate variability in the atmo-

spheric circulation, we formulated the following research question to investigate how

evaporation is controlled by multiple temporal scales and how this relates to evapora-

tion climatology:
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What processes are involved in sub-diurnal, seasonal, and interannual open

water evaporation variability?

This question is answered in Chapter 3. Two hypotheses regarding long-term evap-

oration variability were tested to answer this question. The first hypothesis is that at the

sub-diurnal scale wind speed is the principal evaporation driver, whereas at a seasonal

scale the main driver is radiation. The second hypothesis we investigated is that the clear

sky and warm conditions from El Niño favour higher evaporation rates, whereas cloudy

and cool conditions from La Niña, lead to decreased evaporation rates. The strategy

followed to test these hypotheses was to analyse the open water evaporation climatology

at the saline lake of Salar del Huasco. First, historical (1950-2020) standard meteoro-

logical variables at hourly intervals taken from the ERA5 re-analysis dataset (Hersbach

et al., 2020) were downscaled to local conditions observed during the E-DATA experiment.

Second, we used the ERA5 downscaled data to estimate long-term open water evapora-

tion estimates applying the Penman equation for open water evaporation (Penman, 1948)

adapted to the Salar del Huasco.

1.2.2 Ocean-land circulation influence on local evaporation (Chapter 4)

Connecting with the previous studies, but now focusing on the spatial scales of the

atmospheric circulation in the Atacama Desert, we studied the influence of the ocean-land

circulation during November. This period is especially critical for the water resources of

the Altiplano, as demonstrated in Figure 1.1, but it also represents the warmest month

without rainfall. The main large-scale atmospheric circulation affecting the Altiplano

region evaporation is characterized by two main regimes, shown in Figure 1.5. First,

the flows from the west (orange and blue arrows) represent the dry air masses that are

regularly transported from above the marine boundary layer (MBL) to the Altiplano.

Second, the flow from the east (green arrow) transports a significant amount of moisture

during summer, influencing the rainy season in the Altiplano region.

Our research strategy to study how the large-scale processes connect to local evap-

oration is shown in Figure 1.3a (Box IV). Moving from large to small scales, the thermal

contrast between the cold Pacific Ocean and the warm surface of the Atacama Desert

(Rutllant et al., 2003) drives a mesoscale circulation. It is characterized by a spatial scale

of ∼150 km, transporting air masses from above the MBL to the Altiplano region of the

Atacama Desert (dark blue arrows in Fig. 1.3a-Box IV and Fig. 1.5). In the morning,

this regional-scale phenomenon is defined by a small land-ocean thermal contrast resulting

in a low wind speed. During the morning, the thermal contrast builds up and a sudden

change occurs around noon with the arrival of an afternoon flow driven by a strong ocean-

land breeze (Muñoz et al., 2018). This circulation pattern decreases towards the evening,

forming a return cell that enhances the subsidence at the coast (Rutllant & Ulriksen,

1979). Going to more local scales, the arrival of this sea-breeze flow influences the ABL
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Figure 1.5: Large-scale atmospheric circulation over the Altiplano region. Blue arrows corre-

spond to diurnal regional circulation, orange arrow autumn-winter-summer seasonal synoptic

flow, green arrow summer synoptic flow, and grey arrow the Hadley cell. A red circle sur-

rounds the Salar del Huasco (SDH). The image is from the U.S. Geological Survey (1974),

Geology of Salars in Northern Chile.

development and the evaporation of the saline lake in the Salar del Huasco. A few studies

have been performed regarding the ABL development in the Altiplano region (Falvey &

Garreaud, 2005; Rutllant et al., 2003). These studies mainly focused on the link between

the ABL and the larger-scale processes that affect its development. However, the link

between ABL and wet surface evaporation in the Atacama Desert has never been stud-

ied. Finally, at a very localized scale two processes related to surface heterogeneity are

involved in evaporation (see Fig. 1.3a-Box VI and Fig. 1.3b): the surface energy balance

and groundwater upwelling. The surface energy balance describes the energy partitioning

(radiation), where evaporation is one of the main components. Here, variables such as

albedo, soil moisture, and surface roughness characteristics play key roles in evaporation

(Kampf et al., 2005). Groundwater upwelling (light blue dashed line in Fig. 1.3a-Box VI)

determines the water availability on each surface type (Uribe et al., 2015).

The themes introduced before lead us to formulate the following research ques-

tion:
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In the interplay between regional and local scales, what is the role of the

wind-induced turbulence in controlling the diurnal cycle of evaporation as

compared to radiation and vapor pressure deficit?

Our hypothesis is that wind, rather than radiation or the water vapor deficit, is

the limiting factor in controlling evaporation. We investigated the regionally driven wind

regime with fine-resolution (1 x 1 km) numerical experiments based on the Weather Re-

search and Forecasting (WRF) model. The local interaction with the surface was studied

with surface energy balance data gathered over water, wet-salt, and desert surfaces, which

were continually measured during the 10-day E-DATA experiment. Moreover, the inter-

action with the ABL was measured with radiosondes launched every 3 hours along with

unmanned aerial vehicles every 30-min.

1.2.3 The influence of the marine boundary Layer on the Atacama Desert

(Chapter 5)

One branch of the regional circulation presented in Figure 1.3a requires special at-

tention, as it brings clouds and fog to the coastal region in the lower part of the Atacama

Desert (see Fig. 1.3a-Box V). This marine boundary layer (MBL) circulation interacts

with the free troposphere circulation, which controls evaporation in the Altiplano. Rutl-

lant et al. (2003) described two regional-scale diurnal circulations on the western slope of

the Andes in the Atacama Desert. The first one, introduced in Section 1.2.2, corresponds

to the afternoon regional-scale (∼150 km) wind resulting from the thermal contrast be-

tween the Pacific Ocean and the Atacama Desert. The second circulation is the topic

of Chapter 5 and corresponds to a local (∼10 km) sea breeze formed within the MBL

interacting with the coastal mountains. Here, the most relevant process is the formation

of inland fog, which results from the interaction between the Pacific Ocean stratocumulus

cloud (Sc) deck and the topography of the coastal Atacama Desert (Cereceda et al., 2008a;

Rutllant et al., 2003). This circulation within the MBL is defined by three main factors,

depicted in Figure 1.6. The first one corresponds to the sea surface that provides the

moisture flux. The second one is the subsidence motions at ∼1,000 m height promoted by

the Pacific anticyclone (H in Fig. 1.3). Finally, steep coastal mountains with an altitude

of ∼1,200 m encumber moisture transport from the MBL inland to the Atacama Desert

(Cereceda et al., 2002). Our main aim was to elaborate on these studies by placing spe-

cial emphasis on the interaction between the MBL, including the land-fog system, and

the circulation above it, and how this interaction is connected with the development of

the afternoon advection influencing the Altiplano circulation.

To better understanding the interaction between the MBL and the Atacama Desert

that play an important role in the regional circulation controlling evaporation in the

highlands, in Chapter 5, we address the following research question:
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Figure 1.6: Local sea breeze circulation within the MBL of the Atacama Desert. Arrows

indicate the atmospheric circulation and H the Pacific Anticyclone (high pressure system),

both shown in box V of Figure 1.3a.

What is the influence of the marine stratocumulus cloud in the formation,

maintenance, and dissipation of the land-fog system in the Atacama Desert?

The central hypothesis we followed is that the thermal stratification of the MBL is

the main driver of fog formation or dissipation. We designed a methodology which en-

tailed analysing different sources of surface observations, which were complemented with

required high-resolution numerical modelling. Surface observations of standard meteoro-

logical variables and fog collection over vertical transect (40 to 1,200 m) were analysed to

characterize the evolution of the MBL structure.

1.2.4 The role of surface heterogeneity on local evaporation (Chapter 6)

A deep understanding of processes involved in evaporation in arid regions requires

accurate measurements at a local scale (Houston, 2006a). However, in arid regions, mea-

suring evaporation in and around saline lakes is particularly challenging due to the ex-

treme surface heterogeneity (see Fig. 1.3a). Figure 1.7 shows an illustrative example

of the sub-kilometre contrast between a water and wet-salt surface, which differ by one

order of magnitude in terms of their surface fluxes, resulting in Bowen ratio values of

0.2 and 4, respectively. Measuring fluxes over open water bodies is a challenge since
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footprints require installing instruments above the water. This issue is an unavoidable

complication for Eddy Covariance (EC) instrumentation since they must be installed on

floating platforms, biasing the measurements (Nordbo et al., 2011). An alternative tech-

nique, the Optical-Microwave Scintillometer (OMS), can overcome this problem since it

can be installed on opposite shores, concentrating the footprint in the centre of the wa-

ter body. It has the additional advantage that its landscape-scale footprint (1-10 km) is

more appropriate to integrate different surfaces, being a useful ground-truth for remote

sensing estimations or hydrometeorological models (Meijninger et al., 2002a). Despite

these advantages, the OMS technique also requires specific assumptions in inferring the

surface turbulent fluxes from the direct measurement of wavelength refractivity. The

algorithms that are used for this, assuming surfaces are homogeneous, are part of the

so-called Monin-Obukhov Similarity Theory (MOST) (Moene & Van Dam, 2014). These

assumptions are questionable when non-local contributions to the exchange process in-

tervene (Kooijmans & Hartogensis, 2016). The Salar del Huasco has ideal conditions to

evaluate the advantages and disadvantages of the OMS method to estimate open water

evaporation. These conditions are the presence of heterogeneous and contrasting surfaces

(Fig. 1.7), including a shallow saline lake where standard measurements like EC can be

easily installed as references.

Figure 1.7: Sensible (H) and latent heat (LvE) fluxes from heterogeneous surfaces in Salar

del Huasco.
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In Chapter 6, we aim to answer the following research question:

How accurate are the evaporation measurements performed by an OMS over

an open water body under arid and windy atmospheric conditions?

The central hypothesis is that the contrast between wet-salt and water within the

OMS footprint affects the OMS measurements and violates MOST. The contrasting sur-

faces, typical of evaporative environments in the Atacama Desert, are influenced by the

surrounding arid conditions and the non-local processes. As a reference for the OMS flux

estimates, we used EC flux measurements over water and wet-salt surfaces. Our analysis

integrates the dynamic of the surface and ABL conditions, the impacts of the footprint

on evaporation measurements, the representativity of standard MOST functions, and the

implication of measuring below the so-called blending height.

1.3 Thesis outline

The main physical processes involved in local evaporation in the Atacama Desert

described in Section 1.2 range from the large to the short timescale and from the synoptic

to the local spatial scale. The analysis of such processes is organized along with the thesis

chapters as follows:

Chapter 2 describes the general methodology followed in this thesis. This chapter

integrates local evaporation measurements, fine-resolution regional modelling, and clima-

tological reanalysis data. We accurately describe the design of the E-DATA experiment

in terms of energy balance surface observations, radiosondes, and unmanned aerial ve-

hicles (UAV) vertical profiles, as well as horizontal transects of meteorological stations.

Moreover, an overview of the WRF model setup is provided, and the results are validated

against E-DATA surface and airborne observations. Finally, to complete the local-scale

measurements obtained during the E-DATA experiment and the regional-scale WRF sim-

ulations, long-term meteorological variables downscaled from ERA5 are validated against

observations from Salar del Huasco.

Chapter 3 describes the temporal variability of evaporation from the climatological

to the sub-diurnal scales. This chapter focuses on the physical processes involved in the

temporal variability of local evaporation in the Atacama Desert, including sub-diurnal

scale processes like radiation and turbulence to interannual ones like the ENSO phenom-

ena. Moreover, it gives an overview of the role of evaporation in the water balance of the

saline lake of Salar del Huasco.

In chapters 4 to 6, we describe the physical processes involved in evaporation from a

spatial perspective. In chapter 4, we analyse the influence of the mesoscale atmospheric

circulation produced between the Pacific Ocean and the Atacama Desert on local evapora-

tion. Moreover, we analyse the ABL dynamics and its interaction with the surface fluxes
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of the Salar del Huasco. In Chapter 5, we describe the local circulation that produces the

regional circulation described in Chapter 4. Here, we focus on the influence of the marine

boundary layer on the inland moisture transport and the land-fog system, which affects

the regional circulation from the ocean to the Altiplano. Finally, in Chapter 6, we describe

turbulent fluxes variability in the Salar de Huasco as a function of several surface condi-

tions as heterogeneity and roughness length, among others. This information is used as

part of the validation of OMS measurements over the saline lake in the Salar del Huasco,

which includes a footprint analysis of the OMS and EC systems. Special attention is paid

to the evaluation of MOST functions used by the OMS for the flux estimation.

Finally, in Chapter 7, we connect and discuss the main results of each chapter. Here,

we show the main conclusions of this study by providing answers to the proposed research

questions and giving an outlook for further research.
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eto, A., Meruane, C., & Hartogensis, O. (2020). E-DATA: A comprehensive field

campaign to investigate evaporation enhanced by advection in the hyper-arid altiplano.
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Abstract

In the endorheic basins of the Altiplano, water is crucial for sustaining unique eco-

logical habitats. Here, the wetlands act as highly localized evaporative environments,

and little is known about the processes that control evaporation. Understanding evap-

oration in the Altiplano is challenging because these environments are immersed in a

complex topography surrounded by desert and are affected by atmospheric circulations

at various spatial scales. Also, these environments may be subject to evaporation en-

hancement events resulting from dry air advection. To better characterize evaporation

processes in the Altiplano, the novel Evaporation caused by Dry Air Transport over the

Atacama Desert (E-DATA) field experiment was designed and tested at the Salar del

Huasco, Chile. The E-DATA combines surface and airborne measurements to understand

the evaporation dynamics over heterogeneous surfaces, with the main emphasis on open

water evaporation. The weather and research forecasting model was used for planning

the instruments installation strategy to understand how large-scale airflow affects evap-

oration. Moreover, ERA5 reanalysis data were used to analyse long-term meteorological

conditions. Instrumentation deployed included: meteorological stations, eddy covariance

systems, scintillometers, radiosondes and an unmanned aerial vehicle, and fiber-optic dis-

tributed temperature sensing. Additional water quality and CO2 fluxes measurements

were carried out to identify the link between meteorological conditions and the biochem-

ical dynamics of Salar del Huasco.
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2.1 Introduction

The hydrological functioning of the high Andean basins in the Altiplano region is

characterized by semi-arid to hyper-arid climate and endorheic conditions (Hernández-

López et al., 2016). In this area, water is crucial for natural habitats, industry, and

agriculture. The area is rain-fed by occasional convective showers that are spatially very

localized and temporally rapidly changing in intensity (<1 hour). These rainstorms are

the source of aquifer recharge and thus they sustain wetlands that are formed in the basins

due to surface discharge and groundwater upwelling. The high Andean wetlands sustain

unique ecological habitats, being home to the most threatened bird species (Kampf et al.,

2005; Johnson et al., 2010). The wetlands act as highly evaporative environments and

thus, it is where nearly all the water of the basin is lost to the atmosphere (Johnson et al.,

2010). In this region, a reliable understanding of the evaporation processes is extremely

essential for several reasons. First, the correct quantification of water fluxes enhances

the performance of water balance models, e.g., by assimilating the evaporation data or

improving the fluxes parametrizations. As a result, the estimation of the basin’s water

recharge can be improved (Johnson et al., 2010). Second, water availability is fundamental

for terrestrial and aquatic ecosystems that sustain the native flora and fauna (de la Fuente

& Niño, 2010; Johnson et al., 2010; Dorador et al., 2010, 2013). Lastly, for sustainable

water use with minimum impact into the environment (Evans et al., 2012; Gunson et al.,

2012).

The climatic conditions of the Altiplano region, on the other hand, are closely re-

lated to the zonal winds, in which easterly zonal flows favor wet conditions in summer

(mid-December to mid-March) because of the entry of humid air from the Amazon re-

gion, and westerly zonal flows have associated drier conditions mainly during winter and

spring (Garreaud et al., 2003). In this way, the combination of synoptic and mesoscale

phenomena has an important role in the evaporation rates of this region. Furthermore,

these environments may also be subject to evaporation enhancement episodes as the re-

sult of dry air advection, changes in wind speed, and air and soil temperature, which

complicate even more the determination of the evaporation fluxes (Philip, 1987; Higgins

et al., 2013). These episodes occur at sub-hourly temporal scales. The relevant spatial

scales for studying evaporation in these environments are typically in between the scales

that can be resolved using traditional evaporation methods (Shuttleworth, 2008): much

larger than those of traditional in-situ methods (e.g., evaporation pans, lysimeters), but

typically smaller than those based on remote sensing through satellites. Similarly, the

heterogeneity of the surface conditions, i.e., water, wet salt, and desert, is characterized

by 100-m scales, which requires parameterizations in weather forecast and climate models,

as well as hydrological models, i.e., sub-grid scale phenomena.

Evaporation is strongly influenced by the connection between the land surface and

the atmosphere (Haghighi et al., 2018), but there is a few of this information in the Alti-
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plano region (Kampf et al., 2005). In the open waters of the high Andean wetlands, de la

Fuente & Niño (2010) used a thermodynamic model to estimate mean daily evaporation

rates of ∼8 mm day−1, with peaks reaching values of ∼40 mm day−1. Also, mean daily

pan evaporation rates as large as ∼11 mm day−1 have also been reported (DIHA-PUC,

2009). The evaporation rates measured in these lagoons and their wetlands exceeded the

evaporation values that can be expected from net-radiation estimates, but the processes

associated to these large fluxes have not been studied. Consequently, we hypothesize that

advection of dry air combined with high wind enhancing mechanical turbulence coming

from the surroundings of shallow lagoons in endorheic basins of the Altiplano region is the

responsible for large actual evaporation rates. To truly understand the contribution of

advection to evaporation in these environments, the transport processes that occur in the

atmospheric boundary layer (ABL) must be explored. The ABL is a variable-thickness

layer that connects the land surface with the free troposphere, and where transport of

momentum, thermal energy, and specific humidity occurs (Stull, 1988; Vilà G. A. et al.,

2015).

The coupling between evaporation and the ABL processes that occurs in the highly

evaporative environments of the Altiplano has not been fully explored yet. To improve

the understanding of the relevant processes that drive evaporation in these environments,

we designed and carried out an extensive field experiment called Evaporation caused by

Dry Air Transport over the Atacama Desert (E-DATA). This experiment focuses on the

effect that advection has on evaporation rates, and to obtain diurnal budgets of heat and

water under the most characteristic surfaces in these Altiplano environments. The 10-day

field campaign was designed to understand the evaporation dynamics over heterogeneous

surfaces with emphasis on open water evaporation at different spatial scales, and under the

extreme conditions in Salar del Huasco, Chile (high radiation levels, large daily thermal

oscillation, and strong winds during the afternoon). The novelty of this field experiment

is that it combines surface and airborne measurements to quantify the moisture and heat

transport, accounting for the interaction between the ABL and the regional circulation. In

addition, the collected data is combined with numerical simulations using the weather and

research forecasting (WRF) model (Skamarock et al., 2008) and long-term reanalysis data

(ERA5) to understand the main processes that control evaporation in these environments

at multiple spatial and temporal scales.

This chapter presents the methods used in this research, related to the E-DATA

field experiment, but also atmospheric simulations and long-term reanalysis data. First,

this chapter presents the experimental design, the implementation of the E-DATA field

experiment and preliminary results. Second, the chapter shows the WRF modeling setup

and validation used for analyzing the regional atmospheric circulation over the Salar del

Huasco. Finally, we briefly introduce the downscaling process and its validation used to

count with long-term meteorological data using ERA5 reanalysis.
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2.2 Study site

The Salar del Huasco basin is located between 19°54’ and 20°27’ S and between 68°40’

and 69°00’ W in the Atacama Desert (Figure 2.1) and sits on the so-called Depresión de

los Salares (salt flats depression), surrounded by high peaks ranging between 4,000 and

5,200 m asl (Houston, 2006b). This closed basin has high environmental relevance as it

hosts a variety of camelids and birds in high-altitude wetlands. In the case of Salar del

Huasco, it is located at an altitude of ∼3,800 m asl and is home to protected bird species

such as flamingos (de la Fuente, 2014). Because of that, Salar del Huasco is protected

under the international Ramsar convention, which recognizes the ecological, economic,

cultural, and scientific value of different wetlands around the world (LePage, 2011).

Figure 2.1: (a) General location of the study site. H and L depicts high- and low-pressure

systems, respectively, which controls the meteorological behavior in the basin. (b) Salar del

Huasco basin and meteorological stations used in the climatological analysis. (c) Domains

(D01, D02, D03 and D04) used in the Weather and Forecasting (WRF) model simulations for

the design of the field experiment.

Rainfall in the basin and across the Altiplano region is convective with more than 80%
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occurring between December and March (Uribe et al., 2015; Houston, 2006b). The annual

mean precipitation in the basin is 135 mm for the 1962–2014 time period. Interannual

precipitation variability is high, partially due to the El Niño southern oscillation (ENSO)

phenomenon, but mostly due to the wind patterns in the area (Garreaud & Aceituno,

2001). Mean annual potential evaporation is approximately 1,200 mm and it has been

relatively stable between 1950 to present with variations of up to 20% in the last two

decades (de la Fuente & Meruane, 2017). Rainfall and evaporation from the wetlands

seem to be the only water inputs and outputs in the basin (Uribe et al., 2015).

The Salar del Huasco was selected as the study site because it is one of the few

places in the Altiplano region in which evaporation data have been previously collected

and thus there is evidence that dry air advection may be occurring (Johnson et al., 2010;

de la Fuente & Meruane, 2017; Houston, 2006a). In this closed basin, local atmospheric

circulation may be relevant for the surface energy balance (Whiteman et al., 2004).

2.3 Design and implementation of E-DATA field ex-

periment

2.3.1 Design of the study

To improve the understanding of the relevant processes that drive evaporation it is

important to couple the land-surface processes to those occurring in the ABL. For this

reason, the first stage of the study was to define the month in which the field campaign

was going to take place. Then, a thorough analysis of the wind patterns at both the

local and regional scales was performed, with a focus on the open waters of the Salar del

Huasco basin. This analysis was used to define the location of the different instruments

in the field experiment.

A climatological analysis was carried out using historical meteorological information

obtained from the Lagunillas and Salar del Huasco meteorological stations (Figure 2.1).

Using these data, we analyzed the wet and dry seasons. On the one hand, the wet

season, which occurs between mid-December and mid-March, is characterized by small

daily thermal oscillations, high specific humidity (>5.0 g kg−1) and precipitation that is

spatially very localized and rapidly changing in time. On the other hand, the dry season

that occurs between mid-March and mid-December, is characterized by large daily thermal

oscillations, low specific humidity (<2.5 g kg−1) and no precipitation. Hence, we selected

November as the best month in the dry season to test our working hypothesis, because

of the temperature contrast between ambient and water temperature, large availability of

solar radiation, and absence of precipitation, which are the more optimal conditions to

study dry advection episodes.

The spatial configuration of the different instruments used in the E-DATA field
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campaign was designed by analyzing the wind patterns for the months of November

2015–2017. This analysis was carried out using in-situ surface observations from the

Salar del Huasco meteorological station and simulation results of a WRF (version 3) model

(Skamarock et al., 2008) in the study site. The WRF model setup and its validation is

fully explained in section 2.4 of this Chapter.

The criteria to select the locations of the instruments was to deploy them in different

surfaces and align them in the principal wind directions. On the one hand, the in-situ data

showed a predominant wind direction coming from the southwest and provided a point-in-

space temporal overview of the wind behavior. On the other hand, the WRF simulations,

which gave a perspective of the spatiotemporal patterns of the atmospheric circulation

in the study area, showed that the main wind directions are southwest and west, where

topographic effects result in air being channeled from the southwest direction at the

location of the Salar del Huasco meteorological station. Figure 2.2 shows the location of

each instrument used during the E-DATA field experiment. The instrumentation, which

is described in more detail in the next subsection, was deployed to monitor evaporation

and other relevant meteorological variables that help to understand the ABL processes,

as well as to investigate biogeochemical processes in open waters and their surroundings

that could also be driven by evaporation.

2.3.2 Implementation of E-DATA field experiment

The E-DATA field experiment was carried out between November 12th and 26th, 2018,

and data were collected for ∼10 days, making it the longest field experiment that has been

performed in the Altiplano region with the aim of studying evaporation. Instrumentation

deployed included: eight meteorological stations, three eddy covariance (EC) systems,

one optical-microwave scintillometer (OMS), 16 radiosondes and an unmanned aerial ve-

hicle (UAV), and fiber-optic distributed temperature sensing (DTS) measurements along

a 620-m path. The link between meteorological conditions and the biochemical dynamics

of open waters in the saline lake was also investigated, and the following biogeochemical

parameters were measured: CO2 fluxes, water temperature, turbidity, and dissolved oxy-

gen (DO), and several water quality parameters. Table 2.1 presents the sensor types and

manufacturer information of each measuring system. Figure 2.3 presents photographs of

the saline lake and of the different instruments used in the field campaign. These instru-

ments were used to monitor evaporation and other relevant variables in the ABL. In the

next subsections, each instrumentation group is described.

Within the following subsections, we describe every instrument installed and variable

measured during the E-DATA experiment. In addition, we present examples of prelimi-

nary results. To be concise, and given that the results are relatively similar among the

different days of the field campaign, results are presented and discussed for specific days

that are considered representative of the whole experiment. For this reason, and to avoid
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Table 2.1: Description of the instrumentation used in the E-DATA field experiment. Num-

bers refer to the footnotes of the Table, where sensor type and manufacturer information is

provided.

Variable ECwater ECdesert ECwet−salt OMS DTS Met. St. 1-8 SDH Met. St.

Incoming shortwave rad. 1 - - - - - 22

Incoming longwave rad. 1 - - - - - -

Outgoing shortwave rad. 1 - - - - - -

Outgoing longwave rad. 1 - - - - - -

Net shortwave radiation 1 8 - - - - -

Net longwave radiation 1 8 - - - - -

Total net radiation 1 8 12 - - - -

Photosynthetic active rad. - - 13 - - - -

Latent heat flux 2 2 2 14, 15 - - -

Sensible heat flux 2 2 2 14, 15 - - -

Soil heat flux 3 9, 10 9, 10 - - - -

Soil temperature - 4, 11 4, 10 - - - -

Water temperature 4 - - - 17 - -

Wind speed 2, 5 2 2 16 - 18, 19 5

Air temperature 2, 6 2, 4 2 16 17 20, 21 23

Relative humidity 2, 6 2 2 16 - 20, 21 23

Atmospheric pressure 2, 7 2, 7 2 16 - 21 7

Precipitation - - - 16 - - 24
1 CNR4 Net radiometer, Kipp & Zonen, Delft, The Netherlands; 2 IRGASON, Campbell

Sci., Logan, UT, USA; 3 31/32 Heat flux meter, TNO Institute of Applied Physics, The

Netherlands; 4 107 Temperature probe, Campbell Sci., Logan, UT, USA; 5 05108-45-L

Wind Monitor-HD, R. M. Young Company, Traverse City, Michigan, US; 6 HPM155

Humidity and temperature probe, Vaisala, Helsinki, Finland; 7 PTB110 Barometer,

Vaisala, Helsinki, Finland; 8 CNR2 Net radiometer, Kipp & Zonen, Delft, The

Netherlands; 9 HFP01SC Self-calibrating heat flux sensor, Hukseflux, Delft, The

Netherlands; 10 HFP01 Heat flux sensor, Hukseflux, Delft, The Netherlands; 11 TCAV-L

Averaging soil thermocouple probe, Campbell Sci., Logan, UT, USA; 12 NR2 Lite, Kipp

& Zonen, Delft, The Netherlands; 13 PAR Lite, Kipp & Zonen, Delft, The Netherlands;
14 LAS MkII Scintillometer, Kipp & Zonen, Delft, The Netherlands; 15

RPG-MWSC-160, RPG Radiometer Physics GmbH, Meckenheim, Germany; 16

WXT520 Vaisala weather transmitter, Vaisala, Helsinki, Finlandia; 17 XT-DTS, Silixa,

Elstree, UK; 18 Atmos-22, METER Group, Inc., Pullman, WA, USA; 19 DS-2, Decagon

Devices, Pullman, WA, USA; 20 VP-3 Vapor pressure, humidity and temperature sensor,

Decagon Devices, Pullman, WA, USA; 21 VP-4 Vapor pressure, humidity, temperature

and atmospheric pressure sensor, Decagon Devices, Pullman, WA, USA; 22 LI-200R

Pyranometer, LI-COR, Inc., Lincoln, NE, USA; 23 CS215 Temperature and relative

humidity, Campbell Sci., Logan, UT, USA; 24 TE525MM Metric Rain Gage, Campbell

Sci., Logan, UT, USA.
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Figure 2.2: Location of the instruments in the E-DATA field campaign.

showing days with too many data gaps, we selected November 15th and 17th, 2018, as

examples of the collected data.

Meteorological stations

Two meteorological station transects -each comprised by four stations- were deployed

(Table 2.2). The NS and EW transects shown in Figure 2.2 were selected to coincide

with the predominant day- and night-time wind directions and considering the closed

basin conceptual model suggested by Whiteman et al. (2004). As described before, these

directions were obtained from both the in-situ observations of the CEAZA meteorological

station and the WRF simulation results. The spacing between the meteorological stations

was defined to have only one station per cell in the fine domain (D04 in Fig. 2.1c) of the

WRF simulations. Figures 2.3b, c present photographs of some of these stations. The

meteorological data from these transects were collected at 2-m height, 5-min intervals,

and were complemented with the data from the CEAZA meteorological station, which

collects data at 60-min intervals.

The data collected in both transects of meteorological stations show a similar behav-
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Figure 2.3: Photographs of the instrumentation used in the E-DATA field campaign: (a)

Salar del Huasco lagoon during the morning; (b) meteorological station 1 of the EW transect

(EW1); (c) meteorological station 1 of the NS transect (NS1); (d) EC-water; (e) EC-desert;

(f) EC-wet-salt; (g) OMS Receptor; (h) DTS system in which the cool and ambient reservoirs

are shown; (i) radiosonde preparation at the lagoon; (j) radiosonde launched at the desert

location; and (k) UAV with the atmospheric sensor.
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Table 2.2: Geographical information of the meteorological stations, eddy covariance (EC)

systems, and optical-microwave scintillometer (OMS). OMS-Tx and OMS-Rx refer to the OMS

transmitter and receiver, respectively.

Name of Station Type Latitude Longitude Elevation (m asl)

Salar del Huasco Met. station 20°15.5’ S 68°52.4’ W 3,803

NS1 Met. station 20°19.3’ S 68°52.9’ W 3,807

NS2 Met. station 20°20.6’ S 68°53.7’ W 3,921

NS3 Met. station 20°21.8’ S 68°54.3’ W 3,973

NS4 Met. station 20°23.0’ S 68°55.0’ W 3,996

EW1 Met. station 20°17.3’ S 68°54.1’ W 3,938

EW2 Met. station 20°17.2’ S 68°54.9’ W 4,134

EW3 Met. station 20°17.4 ’S 68°56.4’ W 4,139

EW4 Met. station 20°17.1’ S 68°58.5’ W 4,284

EC-water EC/Met. Station 20°16.2’ S 68°52.8’ W 3,790

EC-desert EC/Met. Station 20°21.0’ S 68°54.0’ W 3,953

EC-wet-salt EC/Met. Station 20°16.8’ S 68°52.2’ W 3,90

OMS-Tx Scintillometer 20°17.1’ S 68°52.6’ W 3,791

OMS-Rx Scintillometer/Met. Station 20°16.8’ S 68°53.3’ W 3,790

ior. For conciseness, we only present the data collected in the EW transect for November

15th, 2018 (Fig. 2.4). Two wind regimes are observed from the meteorological data. The

first regime occurs during the morning where both wind speed and specific humidity are

small. The second regime occurs between 12:00 and 21:00 LT, when air circulation coming

from the west increases wind speed up to ∼12 m s−1 and brings air with a specific hu-

midity of ∼3.5 g kg−1 into the basin. The afternoon wind regime also results in a sudden

decrease of potential temperature, thus controlling the daily cycle of the meteorological

conditions.

Evaporation measurement systems and surface energy balance

To understand the evaporation dynamics and the surface energy balance over het-

erogeneous surfaces and at different spatial scales, we used three EC systems (IRGASON,

Campbell Sci., Logan, UT, USA) and one OMS (see Fig. 2.2 and Table 2.2).

The first EC system, named EC-water, was deployed in the north part of the saline

lake (1.5-m height), as shown in Figure 3d, taking advantage of its shallow water level

( 0.07–0.15 m). The second EC system (EC-desert) was installed ∼5 km south from the

salt flat (2.5-m height), in a location where there is sparse vegetation and mostly rocky

soil (Fig. 2.3e). The third EC system, called EC-wet-salt, was located to the east of

the lagoon in a wet-salt crust (2.0-m height, Fig. 2.3f). All these EC systems had their

footprint within the surfaces described before for the afternoon’s wind regime, which is

responsible for the large actual evaporation rates. Note also that the EC systems allowed
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Figure 2.4: Meteorological data obtained in the EW transect for November 15th, 2018: (a)

wind speed; (b) wind direction; (c) potential temperature; and (d) specific humidity. The

location of the meteorological stations is shown in Figure 2.2.

to measure CO2 fluxes in the lagoon and its surroundings. The EC data were analyzed

using the EddyPro 6.2.2 software and activating the default recommended correction

procedures (Fratini & Mauder, 2014). The EC data were obtained at 20 Hz and averaged

using 10-min intervals.

The OMS, shown in Figure 2.3g, is composed of a large aperture scintillometer

(LAS MkII, Kipp & Zonen) and a microwave scintillometer (MWS, RPG-MWSC-160,

Radiometer Physics GmbH), and measures simultaneously sensible (H) and latent (LvE)

heat fluxes over heterogeneous terrains (Beyrich et al., 2012; Meijninger et al., 2002a).

The OMS was deployed in a ∼1.1 km path, with an effective height of 2.8 m and in

the east-west direction. The OMS was installed in the northern end of the saline lake

(Fig 2.2), with its path perpendicular to the main wind direction, and its estimated

footprint covered the water from the saline lake and the wet salt. A novel aspect of the E-

DATA field campaign is that it is the first time that an OMS is used in an open water body.

The OMS data were averaged using 10-min intervals, and analyzed using the structure

parameter coefficients defined by Ward et al. (2013), the temperature-humidity correlation

coefficient estimated through the Hill (1997) method, and the Monin-Obukhov similarity

theory (MOST) stability functions described by Kooijmans & Hartogensis (2016).

To investigate the surface energy balance, each EC system had different radiometers

to estimate net radiation (Rn), as well as heat flux plates to measure the ground heat

flux (G) at a specific depth (31/32 Heat flux meter, TNO Institute of Applied Physics,
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The Netherlands; HFP01 and HFP01SC heat flux sensors, Hukseflux, Delft, The Nether-

lands). At the water surface, the four components of radiation were measured (CNR4

Net radiometer, Kipp & Zonen, Delft, The Netherlands). At the desert surface, only the

net shortwave and net longwave radiation were available (CNR2 Net radiometer, Kipp

& Zonen, Delft, The Netherlands), whereas at the wet-salt surface only an integrated

measurement of net radiation was collected (NR2 Lite, Kipp & Zonen, Delft, The Nether-

lands). Additionally, the thermal conductivity and the volumetric heat capacity of the

water, wet salt and desert were measured using a thermal properties analyzer (KD2 Pro,

Decagon Devices, Pullman, WA, USA). These properties were used to estimate G at the

surface of each measuring location using the calorimetric method to account for heat

storage (Heusinkveld et al., 2004).

No efforts were made to measure evaporation in the wetlands of the northern end of

the saline lake (see Fig. 2.2), located downwind, as our main interest was to investigate

the impact of advection on the evaporation rates at the lake.

The characterization of the surface energy fluxes at the water, desert and wet-salt

surfaces measured with the EC systems is shown in Figure 2.5 for November 17th, 2018.

Also, the energy balance closure is presented for the entire field campaign. Over the water

surface, LvE and G were the dominant surface heat fluxes with maximum values reaching

∼400 and ∼550 W m−2, respectively, whereas the maximum H values were of ∼100 W

m−2 (Fig. 2.5a). The total daily evaporation in this day was of 4.3 mm. The orthogonal

regression for the energy balance at the water surface –calculated using 10-min integration

time– had a slope of 0.58 with an R2 = 0.89 (Fig. 2.5b). At the desert surface, the H was

dominant with maximum values of 450 W m−2 and G reached maximum values of 200 W

m−2, with almost zero LvE (Fig. 2.5c). A total evaporation of 0.1 mm was measured for

this day. As shown in Figure 2.5d, the slope of the energy balance orthogonal regression

was of 0.77 (R2 = 0.92). G was the dominant surface heat flux at the wet-salt surface

with maximum values of ∼350 W m−2, and the maximum values of H reached ∼250 W

m−2. The maximum LvE values are small and of the order of ∼60 W m−2 (Fig. 2.5e).

The total daily evaporation in this day was of 0.5 mm. The slope of the energy balance

was of 0.79, with R2 = 0.84 (Fig. 2.5f).

A comparison of the surface energy fluxes at the water, measured by the EC-water

system and the OMS on November 15th, 2018, reveals that the EC system measures a

larger LvE than that measured by the OMS (Fig. 2.6). Accordingly, the H measured

by the EC system is lower than that of the OMS. The maximum values of LvE and H

measured with the OMS are of ∼300 and ∼120 W m−2, respectively. The differences

between the surface energy fluxes measured by the EC-water and OMS are expected as

their footprints are different. The EC-water system had its footprint on the saline lake,

whereas the OMS footprint falls mainly over the water, but also cover a small part of the

wet salt (Fig. 2.2). As shown in Figure 2.5, LvE in the wet salt is almost zero, whereas
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Figure 2.5: Characterization of the surface energy fluxes at the water, wet salt and desert

surfaces, measured with the EC systems using an integration time of 10 min (November 17th,

2018). Left: temporal daily evolution of the surface energy fluxes (Rn, G, LvE and H) and

the available energy (Rn-G) for the water (a), desert (c) and wet-salt (e) surfaces. The yellow

background corresponds to the time period of the afternoon wind regime in which the wind

speed is significant (> 4 m s−1). Right: energy balance closure at the water (b), desert (d)

and wet-salt (f) surfaces. The black line corresponds to the 1:1 line, the red line is the fitted

line from orthogonal regression and the dots correspond to the 10-min values of (Rn-G) and

(LvE-H).
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the H is larger than that measured by the EC-water system. Therefore, one would

expect to have smaller values of LvE and larger values of H in the OMS measurements

compared to those of the EC-water system (Fig. 2.6). However, we are aware that these

results are preliminary since no proper data quality treatment, footprint analysis, or

theoretical adjustments have been performed. A detailed comparison between EC and

OMS is addressed in Chapter VI, including a proper data analysis.

Figure 2.6: Latent (LvE) and sensible (H) heat fluxes measured by the EC-water system

and the OMS (November 15th, 2018).

ABL investigation using radiosondes and an UAV

To have detailed information of the ABL, a radiosonde campaign was performed

between November 18th and 22nd, 2018 (Table 2.3). We combined a relatively small

balloon for boundary layer radiosounding with the iMet-4 Radiosonde (InterMet Systems,

Grand Rapids, MI, USA) to obtain temperature, humidity, wind speed and direction, and

height. Radiosondes were launched from the saline lake (near the receptor of the OMS)

and from the desert (where EC-desert was deployed) (Fig. 2.2), for a total of 16 radiosondes

launched during the E-DATA field experiment. Figures 2.3i, j show photographs of the

radiosonde launching at the salt flat and at the desert location, respectively.

To complement the radiosonde campaign, detailed observation of pressure, temper-

ature, and relative humidity at elevations between 0 and 500 m above the saline lake

and above the desert were performed with an atmospheric sensor (iMet-XQ2, InterMet,

Grand Rapids, MI, USA) installed in an UAV (Phantom 4 Professional, DJI, Shenzhen,

Guangdong, China), as shown in Figures 2.2 and 2.3k. In this case, the ABL information

was obtained with a resolution of ∼1 m. The UAV flights were performed every 30 min
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Table 2.3: Schedule of the radiosonde campaign.

Date and Local Time Location Date and Local Time Location Date and Local Time Location

18-11-2018 09:00 Lake 21-11-2018 09:00 Lake 22-11-2018 09:00 Desert

18-11-2018 12:00 Lake 21-11-2018 12:00 Lake 22-11-2018 12:00 Desert

18-11-2018 18:00 Lake 21-11-2018 15:00 Lake 22-11-2018 15:00 Desert

19-11-2018 09:00 Desert 21-11-2018 18:00 Lake 22-11-2018 17:00 Desert

19-11-2018 12:00 Desert 21-11-2018 21:00 Lake 22-11-2018 21:00 Desert

19-11-2018 18:00 Desert

between 9:00 and 12:00 LT. On November 21st the flights were carried out above the saline

lake, and on November 22nd the flights were performed above the desert (Fig. 2.2). Due

to the strong winds during the afternoon, no flights were performed after 12:00 LT.

The results of the radiosonde campaign and UAV flights obtained over the lake

(November 21st, 2018) and the desert (November 22nd, 2018) are presented in Figure 2.7.

The vertical profile measurements show a complex thermal diurnal evolution of the ABL

vertical structure (Figs. 2.7a, 2.7b). As shown in Figure 2.7a, above the water, a thermal

stratification exists during the morning (09:00–12:00 LT), whereas in the afternoon, a

strong capping (15:00 LT) followed by an unstable boundary layer are observed. In the

evening (20:00 LT), a relatively shallow well-mixed boundary layer (∼400 m) is observed.

In terms of specific humidity, the boundary layer goes from a very dry and windless

condition to a less dry windy condition. At the desert location, there is a convective

evolution from thermally stratified structure to a well-mixed boundary layer that reaches

a height of ∼1,500 m at noon (Fig. 2.7b). In the afternoon, an internal cooler and moister

600-m thick boundary layer is observed (15:00 to 18:00 LT), and a strong wind from the

southwest persists in the first 1800 m above the ground until the evening (20:00 LT).

The results obtained from the UAV flights reveal the details of the thermal vertical

structure of the first ∼450 m within the ABL that develops during the morning. The

measurements above the water and the desert surfaces obtained from the UAV flights

agree with those collected with radiosoundings, although the UAV data has better spa-

tial and temporal resolution. Recall that UAV data were only collected in the morning

due to strong winds during the afternoon. Above the water, there is a cool air that is

well-mixed in the first 200 m. Then, the air presents a strong stratification even until

midday (Fig. 2.7c). At the desert location, a normal convective boundary layer growth is

observed, where at 09:30 a stratified layer is formed that rapidly mixes towards midday

(Fig. 2.7d).

DTS measurements

A DTS system (XT-DTS, Silixa, Elstree, UK) was deployed near the location of the

OMS with the aim of capturing the horizontal temperature variation along bare ground,

air above the ground and lagoon, and at the water-sediment interface (see DTS transect



2.3 Design and implementation of E-DATA field experiment 33

Figure 2.7: Diurnal evolution of the vertical profiles of potential temperature (K, colors),

specific humidity (g kg−1, solid lines) and horizontal wind speed and wind direction (m s−1,

arrows) measured with the radiosoundings. Measurements performed on November 21st, 2018

above the saline lake (a) and on November 22nd, 2018 above the desert (b). Conventional

directions and arrow lengths are shown at the top of panels (a) and (b). Morning evolution of

the potential temperature measured with the UAV on November 21st, 2018 above the saline

lake (c) and on November 22nd, 2018 above the desert (d). Note the different height and

temperature scales between the radiosondes and UAV data.
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in the inset of Figure 2.2 and Figure 2.3h for a photograph of the DTS base station).

Approximately 620 m of a 900 µm tight-buffered fiber-optic cable (AFL Telecommunica-

tions, Duncan, SC, USA) were used in this deployment. Approximately 50 m were used

for calibration purposes, ∼100 m were on the ground surface, ∼450 m were deployed at

∼30–40 cm above the water surface (with ∼325 m deployed in the east-west direction

and ∼125 m installed in the southwest-northeast direction), and ∼20 m submerged at

the water-sediments interface (10–15 cm depth). The fiber-optic cable was connected to

the DTS instrument that collected temperature data with a spatial resolution of ∼0.5 m

(sampling resolution of 0.25 m) and an integration time of 15 s. The DTS system was cali-

brated using the manufacturer calibration software and using a single-ended configuration

(Hausner et al., 2011; Suárez et al., 2011).

Representative thermal profiles obtained with the DTS system during midday (12:30

LT) and during nighttime (00:30 LT) are shown in Figure 2.8a. A large variability of

surface temperatures is observed during the day in the bare ground with differences of up

to ∼20 °C. Above the water surface, the air temperatures near the shore of the lagoon

were warmer than those observed towards the lagoon center. During night, the opposite

behavior occurs: cool and more stable ground temperatures were observed, and the air

temperature above the lagoon center was warmer than that near the shore. During day-

and night-time, the water-sediments interface temperature was relatively uniform, and

variations of up to ∼15 °C were observed along the daily cycle.

Figure 2.8: (a) DTS data that shows representative thermal profiles along the optical fiber for

day- and night-time. The warm and cool bath are sections along the cable used for calibration

purposes. (b) Temperatures measured with the EW1 meteorological station and the DTS

system (November 17th, 2018). The DTS temperatures shown correspond to the mean values

of the different sections depicted in Figure 8a, and are integrated over 5-min to have the same

time interval than the records of the EW1 meteorological station.
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The temperature time series obtained with the DTS system reveal that there are

significant differences between the temperatures measured at the different sections of the

fiber-optic cable (Fig. 2.8b). The temperature of the bare ground exhibits a greater

amplitude than that of the air and of the water-sediments interface. Further, the DTS air

temperatures differ by more than 3 °C with those measured by EW1 during the morning

windless regime, and there are also differences of ∼2 °C during the afternoon wind regimen

between the air temperature measured in sections along the cable that were deployed in

different directions (W-E and SW-NE directions). These results highlight the richness

of the collected data and highlight that multiple observations are needed both spatially

and temporally to understand the different physical processes that occur at the study

site.

CO2 Flux and meteorological conditions

To study the link between meteorological conditions and the biochemical dynamics

of open waters in the saline lake was also an objective of the E-DATA field campaign.

Particularly, to investigate the relationship between the wind magnitude and the CO2 flux

exchanged between the atmosphere and the saline lake. To study this link is motivated

by the fact that the ecological description of these ecosystems indicates that the trophic

chain is supported by benthic primary production (BPP) that occurs in the sediments of

the saline lake (Zúñiga et al., 1991; Williams et al., 1995). BPP occurs in a thin active

layer at the top of the sediments (de la Fuente, 2014; Revsbech et al., 1986), and it is

due to the photosynthesis of benthonic species such as benthic diatoms and cyanobacteria

(Dorador et al., 2010; Demergasso et al., 2003).

To relate meteorological factors and the CO2 fluxes exchanged between the atmo-

sphere and the saline lake, several biogeochemical parameters were measured. CO2 fluxes

were collected in the three EC systems. In the saline lake, the water temperature and DO

were continuously measured using the HOBO U26 Dissolved Oxygen Data Logger (Onset

Computer Corporation, Bourne, MA). Turbidity was measured with the Cyclops-7 tur-

bidity sensor and loggers (PME, Inc., Vista, CA, USA). All of these measurements were

collected at approximately 3 cm above the water-sediment interface. Because of the shal-

lowness of the lake (∼10 cm depth (de la Fuente, 2014)), the water column is well-mixed.

Hence, these measurements are representative of the entire water column.

A typical time series of the diverse on-line variables measured during the field ex-

periment are presented in Figure 9. The summary of these observations shows the CO2

fluxes were directed downwards, implying the saline lake is acting as a CO2 sink. Fur-

thermore, the magnitude of the CO2 flux (blue area in Fig. 2.9b) is determined by the

afternoon wind (u∗, wind shear velocity, measure for mechanical turbulent mixing), and

the incident solar radiation (Rsw). On the one hand, wind cycles in the Altiplano region

are characterized by calm conditions during the morning and windy conditions in the
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afternoon (de la Fuente & Meruane, 2017; de la Fuente, 2014). As shown in Figure 2.9b,

this diurnal meteorological cycle has direct influence on other observed variables, thus

increasing the magnitude of the CO2 flux, similar to evaporation (Fig. 2.5) and the lake’s

turbidity due to sediment resuspension during the afternoon (de la Fuente, 2014). This

dynamic behavior of the CO2 flux in the shallow lake is associated to exchanges with the

atmosphere at the air-water interface, to benthic primary production during the day and

respiration during the night, and other photochemical processes uniquely attributed to

this extreme environment (Dorador et al., 2010, 2013, 2008; de la Fuente, 2014).

With respect to the rest of the variables measured in the water column, water temper-

ature (black line in Fig. 2.9a) follows the characteristic diurnal cycle previously described

by de la Fuente (2014) and de la Fuente & Meruane (2017). Briefly, it is larger than the

air temperature, reaching maximum values a couple of hours after the peak of the incident

solar radiation, and minimum values right before the sunrise. The DO concentrations are

maximum in the afternoon under windy conditions and start to decrease after sunset,

reaching minimum values at sunrise. Specific details are also observed in the DO time se-

ries and needs further analysis. For example, a drastic reduction of the DO concentration

was observed at noon of November 16th and 19th (Fig. 2.9a). DO dynamics are driven by

mass exchanges between the saline lake and the atmosphere when the wind blows, and DO

production by photosynthesis and biochemical consumption (de la Fuente, 2014). Since

these drastic DO reductions occurred in cloudy days, as seen in the incoming shortwave

radiation (Fig. 2.9b), it is argued that these drastic changes in DO concentration may be

due to rapid changes in the production/consumption ratio driven by cloud passing above

the salt flat. However, the sudden drops in DO could also be an artifact as a result of

sensor vibrations due to the onset of the strong afternoon winds.

2.4 WRF modeling setup and validation

The following subsections include detailed information of WRF numerical settings

in Table 2.4. Moreover, this section includes the validation of WRF variables with surface

and vertical observations (Fig. 2.10).

2.4.1 Modeling setup

Table 2.4 describes the numerical settings of the model for input files, time con-

trol, domains, physics schemes and dynamics. The initial and boundary conditions are

obtained from ECMWF ERA-Interim reanalysis data for 20 °S, 68 °W with a spatial

resolution of 0.5 °, which includes a 6 h update of the tendencies, due to the large-scale

forcing. No additional data sources were analyzed due to the high agreement of the WRF

results based on ERA-Interim data sources and surface observations. We modeled the

entire period of E-DATA, from 13th to 24th November 2018. As for the spatial domains

(Fig. 2.1c), the horizontal distribution includes four two-way nested domains, in which
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Figure 2.9: Field observation between November 16th and 20th, 2018, in EC-water: (a)

Time series of air and water temperature, and dissolved oxygen (DO); (b) time series of

incident short wave radiation (Rsw), wind shear velocity (u∗), turbidity, and CO2 flux (FCO2)

exchanged between the air and the water (positive upward).

the grid sizes are respectively 27 km for domain D01, 9 km for domain D02, 3 km for

domain D03 and 1 km for the D04 inner domain. The D04 domain closely surrounds

the study area. In its vertical direction, we defined 61 levels in an exponential fashion

from the surface (including topography) to a height of 15.79 km, grouping 40 levels in

the first 2 km. The physical processes represented are the RRTMG model for radiation

physics (Iacono et al., 2008), the Monin–Obukhov scheme for the surface layer (Janjić,

1996), the YSU scheme for boundary layer physics (Hong et al., 2006), the unified Noah

land-surface model (LSM) for land-surface physics (Ek et al., 2003), the WSM 3-Class

simple ice scheme for microphysics, and the Kain–Fritsch scheme (Kain & Fritsch, 1993)

for convective scheme. Additionally, we adjusted the land-use map to set the saline lake

in domains D03 and D04. Moreover, we also increased the sea surface temperature (SST)

2 K in the WRF inputs of domains D01 and D03 according to the public information of

the National Ocean and Atmospheric Administration (NOAA) from US Department of

Commerce. We used additional special dynamic parameters within the model to filter
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Table 2.4: Numerical settings used in WRF simulations organized by nested domains.

Time control

Starting date 13th, November 2018

Ending date 24th, November 2018

Domains D01 D02 D03 D04

Time step 50 s

dx 27 km 9 km 3 km 1 km

dy 27 km 9 km 3 km 1 km

Vertical levels 61

Top of the model 15,790 m (10,000 pa)

Physical parameterizations

Surface layer Monin-Obukhov scheme

Radiation RRTMG

Boundary layer YSU

Land Surface Unified Noah LSM

Microphysics WSM-3 class simple ice scheme

Convection Kain-Fritsch (new eta)

Dynamics

Wave damping yes

Damping option w Rayleigh

z damp 7,000 m

Damp coefficient 0.2

Two-way nested no yes yes yes

Non-hydrostatic yes

the effect of the unrealistic gravity waves caused by the strong topography of the Andes.

The parameter we used has been the Rayleigh damping layer at 7,000 m with a damp

coefficient of 0.2 (Klemp et al., 2008).

2.4.2 Model validation

The results obtained for domain D04 of the WRF model are validated by surface

observation of CEAZA MET station (20.2 °S, 68.8 °W), which has been permanently in

operation since 2015. The first row of Figure 10 shows the validation of WRF variables U,

T and q, for an average period of E-DATA (13th–24th November 2018). The best agree-

ment is during the daytime when evaporation occurs. We also validate our simulation

using a station at the Pacific Ocean shore, Diego Aracena airport station at Iquique (20.5

°S, 70.1 °W), shown in the second row of Figure 2.10. This, aiming to validate our results

obtained in domain D02, is used for characterizing the regional atmospheric circulation.

We observe a good agreement in temperature and a slight overestimation in specific hu-
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midity. However, the model follows satisfactorily the diurnal cycle of observations. The

radiosoundings launched over the desert site are compared with vertical profiles of WRF

shown in the third row of Figure 2.10. We observe a good agreement in U , θ, and q

at noon and a good representation of the boundary layer height. Finally, based on our

comparison of the wind speed during November 2015, 2016 and 2017, we conclude that

our results for November 2018 are representative of the season climatology of the Salar

del Huasco, since the wind pattern is very similar during the 4 years.

2.5 ERA5 reanalysis data

To complete the local-scale measurements obtained during the E-DATA experiment

and the regional-scale WRF simulations, we used the standard meteorological reanalysis

data from the ERA5 dataset at hourly resolution. ERA5 combines many historical surface

and satellite observations into global estimates through advanced atmospheric modeling

and data assimilation systems (Hersbach et al., 2020). Our aim using this dataset is to

count with long-term meteorological data to estimate evaporation’s climatology. We used

the data corresponding to the grid point of Salar del Huasco at the first level (2-10 m

from the surface) and from 1950 to 2020. To represent the local conditions of Salar del

Huasco using ERA5 data, we downscaled the 10 km resolution reanalysis grid size to the

0.1 km observed by the meteorological station of Salar del Huasco.

Figure 2.11 shows the results of the downscaling process at the monthly scale of ERA5

raw to Salar del Huasco meteorological station in the period 2016 to 2019. In general

terms, we observe that 2 m air temperatures, specific humidity, and wind speed from ERA5

downscaled are satisfactorily in agreement with the ones measured at SDH meteorological

station. Here, the downscaling allows better representing the lowest temperatures, the

highest specific humidity, and the seasonal evolution of wind speed.

The detailed process of downscaling and evaporation estimates using standard me-

teorological ERA5 data is described in Chapter 3.

2.6 Conclusions

In the endorheic basins of the Altiplano, water is crucial for sustaining unique eco-

logical habitats, industry, and agriculture. Here, the wetlands act as highly localized

evaporative environments, and little is known about the processes that control evapora-

tion on space and on time. In this chapter, we presented the design and methods used in

the 10-day E-DATA field experiment, the configuration of WRF modeling for character-

izing the atmospheric regional flow, and downscaling of ERA5 reanalysis meteorological

data for estimating evaporation’s climatology.

The E-DATA field campaign was a specially designed experiment that combined
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Figure 2.10: First row: diurnal average (13th–24th November 2018) of 2 m U , T and

q of WRF domain D04 and CEAZA MET station. Second row: diurnal average (13th–24th

November 2018) of 2 m T and q of WRF domain D02 and Diego Aracena airport MET station.

Vertical profiles of U , θ and q of WRF domain D04 and radiosounding launched during the

E-DATA on 22nd November 2018 at 12:00 LT over the desert.
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Figure 2.11: Seasonal variability of temperature (upper pannel), specific humidity (middle

pannel), and wind speed (bottom pannel) between the available data sources: observations

gathered from a meteorological station overland (met-stationSDH); ERA5 reanalysis raw data

(ERA5raw); and ERA5 reanalysis downscaled data (ERA5down) from 2016 to 2019.

ground and airborne measurements to understand the evaporation dynamics over het-

erogeneous surfaces, at different spatial scales in the Salar del Huasco, Chile, with main

emphasis on open water evaporation, and accounting for the interaction between the ABL

and the atmospheric regional circulation. The installation strategy of the instruments

used in the field experiment was accomplished using the WRF model, which enabled to

identify the best locations for meteorological stations, eddy covariance systems, scintil-

lometers, and a DTS system. These measurements were complemented with an intensive

radiosonde campaign and UAV flights for detailed profiling of the ABL. Additional water
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quality and CO2 fluxes measurements were performed to identify the relationship between

meteorological conditions and the biochemical dynamics of the Salar del Huasco.

WRF model is configured to simulate the atmospheric circulation at a larger scale

for understanding the regional wind patterns that contribute to sub-diurnal evaporation

evolution. Finally, ERA5 downscaled data provides reliable long-term meteorological

observations for estimating actual evaporation climatology.
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Multi-scale temporal analysis of

evaporation on a saline

lake in the Atacama Desert

This chapter is based on:
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Fuente, A. & Vilà-Guerau de Arellano, J. (2022). Multi Temporal Analysis of Evapora-

tion on a Saline Lake in the Atacama Desert. (Manuscript under discussion). Journal of

Hydrology and Earth System Sciences.
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Abstract

Evaporation is a key component of the water cycle in the endorheic basins of the

Chilean Altiplano. In this study, sub-diurnal to climatological temporal changes of evap-

oration in a high-altitude saline lake ecosystem in the Atacama Desert are analysed. We

analyse the evaporation trends over 70 years (1950-2020) at a high-spatial-resolution. The

method is based on the downscaling of 30-km hourly resolution ERA5 reanalysis data to

0.1-km spatial resolution data using artificial neural networks. This downscaled data is

used in the Penman open water evaporation equation, modified to compensate for the

energy balance non-closure and the ice cover formation on the lake during the night. Our

evaporation estimates show a consistent agreement with eddy-covariance measurements

and reveal that evaporation is controlled by different drivers depending on the time scale.

At the sub-diurnal scale, mechanical turbulence is the primary driver. At the seasonal

scale, more than 70% of the evaporation variability is explained by the radiative contribu-

tion term. The seasonal variability of local evaporation follows the larger-spatial scale of

moisture transport, which is simulated using the WAM-2layer model. Moreover, seasonal

evaporation fluctuations significantly explain the saline lake discharge. At interannual

scales, evaporation increased by 2.1 mm per year during the entire study period accord-

ing to global temperature increases. Last, we find that yearly evaporation depends on the

El Niño Southern Oscillation (ENSO), where warm and cool ENSO phases are associated

with higher evaporation rates and higher precipitation rates, respectively. Our results

show that warm ENSO phases increase evaporation rates by 15%, whereas cold phases

decrease them by 2%.
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3.1 Introduction

In arid regions, evaporation is one of the most important components in the water

cycle since potential evaporation is typically one order of magnitude larger than precipi-

tation (Lictevout et al., 2013; Houston, 2006a). Investigating evaporation in these regions

is challenging due to the lack of observations, the landscape complexity, and the poor

representation in hydrometeorological models. The climate/large-scale atmospheric cir-

culation and spatially localized zones affect water availability (Lobos-Roco et al., 2021b).

At a local level in the Atacama Desert, evaporation occurs (Houston, 2006): i) in rivers

and the adjacent riparian zones; ii) in marshlands, where localized groundwater springs

support vegetation growth and sometimes contribute to the formation of shallow terminal

lakes (de la Fuente & Meruane, 2017), which generally occurs in the Andes Mountains;

iii) in salt flats or playas, which are the result of more extensive groundwater discharge

in endorheic basins (de la Fuente, 2014; de la Fuente & Meruane, 2017; Suárez et al.,

2020); and iv) in bare soils where the water table is shallow (Rosen, 1994; Johnson et al.,

2010; Uribe et al., 2015; Blin et al., 2021). The Chilean Altiplano is an arid zone where

water evaporates from spatially localized environments, removing water from the basin.

The Altiplano region has a unique environmental, economic, and social value due to its

location within the Atacama Desert where rainfall provides a source of water for northern

Chile. A reliable understanding of the processes that govern evaporation in this region

is essential for three main reasons (Suárez et al., 2020). First, water resource manage-

ment because a correct quantification of these fluxes enhances the performance of water

balance models and improves the estimation of the basin’s water recharge. Second, ter-

restrial and aquatic ecosystems that sustain the native flora and fauna of this region.

Third, sustainable agricultural and mining production in terms of minimizing environ-

mental impacts and maximizing water use. Within the Altiplano, the Salar del Huasco

basin is chosen for studying evaporation due to the perennial terminal saline lake where

non-local atmospheric processes occur (Suárez et al., 2020; Lobos-Roco et al., 2021b).

This lake, untouched by human activities (Uribe et al., 2015), has been well-studied in

recent years. These studies have focused on quantifying and understanding evaporation

(de la Fuente & Meruane, 2017; Suárez et al., 2020; Lobos-Roco et al., 2021b,a) for use

in water resource management models (Uribe et al., 2015; Blin et al., 2021). Thus, there

are many comprehensive datasets of surface and upper-atmospheric observations for the

Salar del Huasco basin that can be used to relate large-scale atmospheric phenomena with

small-scale processes and, in turn, to advance our understanding of evaporation and its

use for water resource conservation.

Synoptic and regional circulation over the Altiplano region, responsible for moisture

transport and precipitation, has been studied by Rutllant et al. (2003), Falvey & Garreaud

(2005), and Böhm et al. (2020). These studies investigated how large-scale atmospheric

phenomena influenced by the Pacific Ocean, steep Andean topography, and the Amazon
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basin organize circulations at different scales. These atmospheric circulations are the

main contributors of moisture in the region. Two marked phases characterize the prin-

cipal synoptic atmospheric circulation over the Altiplano region. The first phase occurs

during the summer season (December to March). It is characterized by westward winds

from the Amazon basin, which transport a significant amount of moisture over the Alti-

plano (Falvey & Garreaud, 2005). This moisture transport is highly variable from year

to year, and it is responsible for convective rains that occur in the region. In the second

phase dry air from the free troposphere above the Pacific Ocean is transported to the

Altiplano region in the Andes (Rutllant et al., 2003) and occurs from April to November.

This dry air transport results from the thermal differences between the western slope of

the Atacama Desert and the Pacific Ocean (Lobos-Roco et al., 2021b). Other studies

have reported the effects of the El Niño Southern Oscillation (ENSO) and the Pacific

Decadal Oscillation (PDO) on precipitation patterns. Böhm et al. (2020) studied the in-

tegrated water vapor (IWV) variability and its relationship with the ENSO phenomenon

in the Atacama Desert during the 20th century. Their results revealed that cool ENSO

phases (associated with the La Niña ENSO phenomenon) yield greater IWV variability

which favors more extreme wetter conditions during the austral summer in the Altiplano

region. Garreaud et al. (2003) analyzed the climatic conditions from interseasonal to

glacial-interglacial timescales. Researchers found that mean zonal airflow over the region

modulates interannual changes in the climatic condition over the Altiplano. This airflow

respond to sea-surface temperature variability in the tropical section of the Pacific Ocean.

Likewise, several studies have pointed out the remarkable control that cool ENSO phases

exert over the precipitation in the Altiplano (Aceituno, 1988; Vuille et al., 2000; Garreaud

& Aceituno, 2001). This control shows that cool ENSO phases yield wetter rainy sea-

sons, whereas warm ENSO phases (El Niño) results in drier rainy seasons (Garreaud &

Aceituno, 2001). This dependence on climatic factors means that temperature-dependent

evaporation occurring at local scales is related to such phenomenon.

The spatiotemporal evolution of evaporation has also been investigated in the Al-

tiplano region of the Atacama Desert. These studies aimed to understand the complex

diurnal land-atmosphere turbulent transport over different surfaces (Kampf et al., 2005;

de la Fuente & Meruane, 2017; Lobos-Roco et al., 2021b), characterizing the larger scale

influence on the local evaporation (Suárez et al., 2020; Lobos-Roco et al., 2021b) or sim-

ply to assess daily evaporation from bare soils in order to develop relationships that can

be used to relate evaporation with the water table depth (Johnson et al., 2010). These

investigations mainly focused on short-term field experiments based on either daily mea-

surements (Kampf et al., 2005; Suárez et al., 2020) or applied models used to predict

potential evaporation (de la Fuente & Meruane, 2017). Even with these studies, long-

term evaporation observations at a local scale are still lacking, especially when trying to

construct conceptual models that can be used for water resource management. For in-

stance, Uribe et al. (2015) developed a hydrological model in the Salar del Huasco region
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where evaporation was estimated using information from evaporation pans, and regional

vertical gradients in evaporation were seen as a function of elevation. Blin et al. (2021)

developed a groundwater model for the Salar del Huasco. This groundwater model, which

was used to assess climate change impacts on the Salar del Huasco basin, utilized the hy-

drological model constructed by Uribe et al. (2015) to determine aquifer recharge and to

estimate the evaporation discharge to the atmosphere. Unfortunately, these models over-

look the influence of the non-local atmospheric processes, such as the entrainment and

advection of heat, moisture and momentum, on evaporation rates (Suárez et al., 2020;

Lobos-Roco et al., 2021b,a). Attempting to rectify this oversight, recent experimental field

campaigns have been carried out in the Altiplano area of the Atacama Desert (Suárez

et al., 2020). However, the lack of reliable long-term actual evaporation estimates still

limits our complete understanding of the climate change impacts on water availability in

these arid areas. Moreover, there are no studies that aim to investigate the myriad of links

between these temporal short and large-scale studies. Thus, our objective is to under-

stand seasonal and interannual evaporation variability by examining how surface energy

partitioning, turbulence, and moisture supply affect seasonal changes in evaporation. In

this way, we aim to bridge this cross-scale knowledge gap which will help to address water

availability in the Atacama Desert.

In this study, we applied climatologically robust downscaled reanalysis data to the

saline lake of the Salar del Huasco. Although we focused on one particular saline lake,

this kind of surface represents the main evaporation pathway of the Altiplano region

(Houston, 2006a). We hypothesized that radiative and aerodynamic factors could repre-

sent the evaporation of the specific conditions of the saline lake. This representation is

performed using an adapted version of the Penman (1948) equation. The confirmation of

this hypothesis enables to extend our evaporation calculations to the entire climatological

period (1950-2020) and to investigate evaporation fluctuations in different ENSO phases.

To complete this analysis, we show how monthly and yearly evaporation and precipitation

lead to changes around the saline lake in the Salar del Huasco. Since precipitation in this

area is closely related to large-scale atmospheric sources, we tracked the origins of these

sources for the Salar del Huasco. In our analysis, we applied the following methodological

steps. First, we downscaled the reanalysis meteorological data (∼30 km) to local condi-

tions (∼100 m) observed above the saline lake by applying artificial neuronal networks

and validating the downscaled data with eddy-covariance (EC) observations. Second, we

developed a site-adapted version of the Penman (1948) equation. Third, we analyzed

climatological trends and seasonal changes in evaporation and its drivers. Then, we de-

termined interannual evaporation and precipitation anomalies related to ENSO phases

and PDO over the last 70 years. Finally, we quantified local impacts of evaporation in

the Salar del Huasco saline lake.
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3.2 Methods

3.2.1 Study area

Our study area is located in the Salar del Huasco basin (1,462 km2), whose highest

point sits 5,200 m above sea level (asl), and its lowest point at 3,790 m asl (Uribe et al.,

2015). This endorheic basin is located to the west of the Andes, 135 km inland from the

Pacific Ocean. Since the basin is so close to the ocean, an intense and recurrent afternoon

atmospheric flow from the ocean transports relatively cold and humid air into the Alti-

plano (Lobos-Roco et al., 2021b). The basin is also affected by the moist atmospheric flow

coming from the east which is responsible for a marked rainy season during austral sum-

mer, where short convective storms are the main source of aquifer recharge (Blin et al.,

2021). Since evaporation occurs where there is available water, our research focused on

the basin’s sink, which is a wetland in the Salar del Huasco (de la Fuente et al., 2021).

Specifically, our attention is placed on the saline lake of the Salar del Huasco (20.2 °S,

68.8 °W, 3790 m asl), which is a perennial water body surrounded by salt crusts, zones

with native vegetation patches and zones with bare soils (Fig. 3.1). This terminal lake

shows significant seasonal changes in its surface ranging between ∼0.5 to 5 km2, and has

a measured depth of ∼15 cm (Lobos-Roco et al., 2021b). These types of groundwater-fed

wetlands are commonly found in the Altiplano region (Kampf et al., 2005), and result in

unique ecological habitats for endemic flora and fauna (Dorador et al., 2013).

3.2.2 Data acquisition

This study combines data from different sources including observations, modelling re-

analysis data, and remote sensing datasets. Table 3.1 summarizes the datasets, variables,

frequency, spatial resolution and sources employed in this research.

Two in-situ observation datasets are used. The first dataset corresponds to mea-

surements integrated at 10-min intervals during the E-DATA field experiment (Suárez

et al., 2020). Latent heat (LvE) data were collected from an EC system (ECwater in

Fig. 3.1) installed ∼1 m above the saline lake of the Salar del Huasco (20.27 °S, 68.88

°W; 3790 m asl) between November 13th and 24th, 2018. Meteorological variables, such

as net radiation (Rn), air temperature (T ), atmospheric pressure (P ), relative humidity

(RH), and wind speed (U) and direction (WD) were measured using an accompanying

weather station to the EC system (Suárez et al., 2020). The second dataset corresponds

to 1-hour measurements collected at the Salar del Huasco meteorological station (met-

stationSDH , Fig. 3.1; Table 3.1), which belongs to the Center for Advanced Studies of

Arid Zones (CEAZA). This station has been in continuous operation since October 2015

and is located 2 km north (20.25 °S, 68.87 °W 3,800 m asl) of the EC system, over bare

soil at a height of 2 m (Fig. 3.1b). This dataset ensures an adequate characterization of

the diurnal variability for a relatively long period of 4 years.
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Figure 3.1: (a) Salar del Huasco saline lake and location of the meteorological station and the

eddy covariance (EC) system used in this investigation. The red square shows an approximated

grid size of the ERA5 reanalysis data. (b) Schematic cross-section of the meteorological

downscaling from larger to smaller spatial scales.
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Table 3.1: Description of the data used in this research. Variables analyzed are incoming

shortwave radiation (Swin), net radiation (Rn), latent heat flux (LvE), air temperature (T ),

air pressure (P ), relative humidity (RH), specific humidity (q), wind speed (U), wind direction

(WD), zonal wind (u), meridional wind (v), Pacific Decadal Oscillation (PDO), and Oceanic

El Niño Index (ONI).

Type Period Variables Height
Time

frequency

Spatial

resolution
Source

Observations
13/11/2018

24/11/2021

Rn, LvE, T ,

P , RH, U , WD
1 m 10-min ∼100m

E-DATA field experiment

(Suárez et al. (2020);

Lobos-Roco et al. (2020)

1/1/2016

31/12/2019

Swin, T , P ,

RH, U , WD
2 m 1 hour ∼100m

Salar del Huasco

Meteorological st. from

CEAZA (met-stationSDH)

Reanalysis
1/1/1950

31/12/2020

Swin, T , P ,

q, U , WD, Pp
2/10 m 1 hour ∼30 km Hersbach et al. (2020)

Modeling

(WAM-2layers)

1/1/1997

31/12/2018

E, Pp, q,

u, v

1000-

100 hPa
6-3 hours 1.5 degrees Dee et al. (2011)

Remote

sensing

1/1/1985

31/12/2020

SDH lake’s

area
- 1 month 30 m de la Fuente et al. (2021)

Other
1/1/1950

31/12/2020
PDO, ONI - 1 month

50°N-50°S
120°-170° W

NCEP-NOAA

The long-term climatological ERA5 reanalysis dataset (Table 3.1; Hersbach et al.

(2020)), available at 1-hour resolution and 30 km spatial resolution, is downscaled to the

conditions observed at met-stationSDH (section 3.2.3). We use the data corresponding to

the grid point of Salar del Huasco at the first level (2-10 m above the surface) from 1950

to 2020. The ERA5 dataset combines a vast amount of historical surface and satellite

observations into global estimates with the help of advanced atmospheric modeling and

data assimilation systems (Hersbach et al., 2020). Additionally, we use ERA-interim data

(Dee et al., 2011) from 1997 to 2018, at 1.5 degrees of spatial resolution to track the

moisture sources (Section 3.2.3). resulting in precipitation over the region. This data is

obtained at 6-hourly timestep for the atmospheric variables (wind and specific humidity)

and 3-hourly timestep for the surface variables (evaporation and precipitation).

To obtain the temporal evolution of the water surface of the Salar del Huasco lake, we

use the data provided by de la Fuente et al. (2021). In brief, the saline lake water surface

is calculated using Landsat 5 (January 1985 - June 2013) and Landsat 8 (March 2015 -

December 2019) satellite images through normalized differenced water index (NDWI) at a

pixel resolution of 30 × 30 m. The NWDI threshold is adjusted manually and contrasted

to the size of the wetland computation based on the NDWI.

Two climatological oceanic indices at a monthly resolution are used to analyze macro-

climatic phenomena, such as ENSO and PDO. These indices are obtained from the Na-

tional Climate Prediction Center (NCEP). The first one is the Oceanic El Niño Index

(ONI), which corresponds to sea surface temperature anomalies in the El Niño 3.4 region
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(50 °N-50 °S, 120°-170° W) from 1950 to 2020. The second one corresponds to the HC300-

based PDO index, a temperature anomaly index based on the heat content anomalies in

the first 300 m layer depth of the North Pacific region, 20°N poleward (Kumar & Wen,

2016).

3.2.3 Data processing

Downscaling of meteorological data

The long-term ERA5 data are downscaled from ∼30 km to the local conditions (∼10-

100 m) observed at the CEAZA’s meteorological station (met-stationSDH in Fig. 3.1a).

Downscaling is performed using artificial neuronal network (ANN) algorithms (Dibike

& Coulibaly, 2006; Kumar et al., 2012). The ANNs are solved using 10-hidden layers

and using the Levenberg-Marquardt training algorithm. This process is performed with

MATLAB’s Neural Fitting tool. Air temperature (T ), specific humidity (q), and wind

speed (U) from the ERA5 dataset are used as input data for training and validation of

the ANNs, whereas T , RH, U , WD, and Swin collected at met-stationSDH are used as

target data. Note that conditions observed at the met-stationSDH (2 m) shows the same

variabilities and magnitudes as the meteorological observations obtained by the ECwater

above the saline lake (1 m, see Fig. 3.1b) during the E-DATA field experiment.

As validation, Figures 3.2 and 3.3 show the time evolution and orthogonal regres-

sion of the ERA5 downscaled and raw variables of T , q, and U compared to surface

observations of the met-stationSDH and ECwater. In terms of temperature, Figure 3.2a

shows that there are significant differences in the diurnal cycle of T between the ERA5raw
data and the observations of met-stationSDH and ECwater, especially at lower tempera-

tures. Nonetheless, the temperatures observed above the water are in agreement with

the values from ECwater (1 m) and met-stationSDH (2 m). Therefore, we can assume

that air temperatures above the water and above the land are similar. This similarity

allows us to validate ERA5down results on the saline lake using the data observed by the

met-stationSDH . Figure 3.3a shows a satisfactory correlation between the ERAraw and

the met-stationSDH observations (R2 = 0.95) but a low slope (m = 0.5). This mismatch

is overcome when we apply the downscaling, where T increases the correlation coefficient

(R2 = 0.97) and the slope (m = 0.92) (Fig. 3.3a).

For specific humidity, there is more scatter in the met-stationSDH observations, which

results in low R2 = 0.38 (Fig. 3.3b). However, similar to temperature, we observe an im-

provement after the downscaling, where ERA5 data increases the slope in the orthogonal

regression from 0.43 to 0.77. Although the agreement between q-ERA5 and observations is

lower than T -ERA5, q-ERA5 has a reasonable agreement with observations in the diurnal

cycle (Fig. 3.2b).

In terms of wind speed (U), we observe more differences between ECwater and met-



52 Chapter 3: Multi-scale temporal analysis of evaporation

Figure 3.2: (a) Data comparison of temperature, (b) specific humidity, and (c) wind speed

between the available data sources: observations gathered from an Eddy Covariance (EC)

over water surface (ECwater); observations collected from a meteorological station overland

(met-stationSDH); ERA5 reanalysis raw data (ERA5raw); and ERA-5 reanalysis downscaled

data (ERA5down).
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Figure 3.3: Comparison between ERA-5 data before and after the downscaling against the

met-stationSDH observations for (a) temperature (T ), (b) specific humidity (q), (c) and wind

speed (U). Crosses represent the ERA5down data and triangles the ERA5raw data.

stationSDH during the maximum values. These differences are related to the nature of

the surface where both instruments take measurements, ECwater, and met-stationSDH
above bare soil (Fig. 3.1). However, our statistical calculations corroborate the benefits

of using the downscaling methods: R2 increases from 0.81 to 0.92 and slopes from 0.59

to 0.85 as compared to ERAraw. Finally, although wind direction is not used to estimate

the evaporation and not shown in the plots, the ERA5 data have good agreement with

observations.

Actual evaporation estimation

To estimate the actual evaporation, we employ an adapted version of the Penman

(1948) equation for open water evaporation (Huerta-Viso, 2021), expressed in energy

terms LvE. Our approach is to use standard meteorological data of T , q, U , and Swin
from the downscaled ERA5 dataset, and apply it to the specific conditions of the Salar

del Huasco shallow lake. The adapted version of the Penman equation reads as:

LvE =

Radiative︷ ︸︸ ︷
cice

s

s+ γ
cEBNC(Rn −G) +

Aerodynamic︷ ︸︸ ︷
ρacp
s+ γ

1

ra
(es − e), (3.1)

where s [Pa K−1] is the slope of saturated vapor pressure curve, γ [Pa K−1] is the

psychrometric constant, Rn [W m−2] is the net radiation, G [W m−2] is the ground heat

flux, ρ [kg m−3] is the dry air density, cp [J K−1 kg−1] is the air’s specific heat at constant

pressure, ra [s m−1] is the aerodynamic resistance, esat [Pa] is the saturated vapor pressure,

and ea [Pa] is the vapor pressure at measured level. cice [-] is the ice coefficient, which

is a correction coefficient that represents the evaporation reduction that occurs when
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an ice cover is formed above the saline lake (Vergara-Alvarado, 2017), and cEBNC [-] is

the energy balance non-closure coefficient, which corrects the available energy (Rn–G) to

improve the energy balance closure. Note that Equation 3.1 becomes the Penman (1948)

equation when cice = cEBNC = 1. Appendix A describes the details of the calculation for

each term in the Equation 3.1.

Climatological analysis

To evaluate the diurnal variability of evaporation, the evaporation estimates are

compared with observations using orthogonal regression, where we estimate the error em-

ploying the root means squared error (RMSE), the mean absolute error (MAE), and the

correlation (R) and determination (R2) coefficients. The climatology of evaporation esti-

mates (section 3.2.3) and precipitation data obtained from ERA5 is analyzed at seasonal

and interannual scales. For seasonal time scales, we use descriptive statistics of mean,

maximum, minimums, and quantile 25, 50, and 75 for each averaged month over the entire

period (1950-2020). For the interannual time scales, we calculate monthly anomalies as

the difference between the 12-month moving average and the mean of the entire period

under study. Our reason for using the moving average is to decrease the high scatter

that monthly means produce and better evaluate the ENSO and PDO influence on the

evaporation and precipitation.

Large-scale moisture transport tracking model

To get an overview of the moisture transport that result in precipitation over the

Altiplano region and surrounding areas, we determine the moisture sources of a selected

region. This selected region encompasses the Salar del Huasco and an extensive region

around it, spanning from 83° W to 57° E, and from 11° N to 27° S (Fig. 3.7). Precipitation

over this region is tracked backwards in time to determine where the water originally

evaporated, the moisture sources. To determine these moisture sources, we use ERA-

Interim data (Dee et al., 2011) from 1997-2018 to force the Water Accounting Model-

2layers (WAM-2layers; van der Ent et al. (2010); van der Ent (2014)). WAM-2layers is

an Eulerian offline moisture tracking model which solves the atmospheric water balance

for every grid cell. Tracking is performed on two layers in the atmosphere, hence the

atmospheric input variables from ERA-Interim are integrated over two layers. Well-mixed

conditions are assumed for both layers. More information on the model is given by van der

Ent et al. (2010); van der Ent (2014). Seasonal averages of moisture sources are shown

(1997-2018; summer (JFM), autumn (AMJ), winter (JAS), and spring (OND)) together

with the direction and intensity of the moisture fluxes.
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Estimation of the long-term mass balance of the lake

The long-term water balance in the saline lake is assessed by combining the mass

conservation principle with actual evaporation and precipitation estimates obtained from

the downscaled ERA5 dataset. The mass balance is evaluated as follows. First, the

volume of the lake in a specific month is estimated using the lake’s area and assuming

a constant lake depth that varied between 0.05 and 0.20 m. Second, we estimate the

monthly lake outflow using the actual evaporation values and the lake’s area, assuming

no groundwater outflow. Third, we determine the volume reduction of the lake due to

evaporation by subtracting the volume of water evaporated in a month from the volume

of the lake. Then, the lake area of the next month is computed dividing the lake’s

volume by its depth. This area is compared to that obtained using remote sensing data

to determine the additional monthly water volume required to achieve the observed lake

surface. By associating this additional water input with precipitation, we determine the

areal extension of precipitation that contributes to represent the observed areas of the

lake. Because most of the time there are no surface water inputs, this additional water

source must represent groundwater inputs into the lake. The approach followed here is

a first order approximation that can be used to understand the key components of the

lake’s water balance.

3.3 Results and discussion

This section describes the diurnal, seasonal and interannual variability of evaporation

at the saline lake of Salar del Huasco. First, we analyse the site-adapted Penman equation

evaporation estimates using the LvE observations taken above the saline lake with an EC

as reference. Secondly, we analyze the seasonal variations of evaporation and its main

drivers. In addition, we quantify the role of evaporation in the water balance of the saline

lake, including precipitation as an essential component of the water cycle. Finally, we

close the article by studying the climatological trends of evaporation-precipitation and

the influence of macroclimatic effects such as the ENSO and PDO phenomena on their

anomalies.

3.3.1 Diurnal cycle perspectives

Within this subsection, we quantify the diurnal cycle of actual evaporation from

its energy and aerodynamic contribution using the standard Penman (1948) equation. In

addition, we validate the ice coefficient (cice) and the energy balance non-closure coefficient

(cEBNC) compared to the evaporation measurements from E-DATA experiment.

Figure 3.4 shows the averaged LvE diurnal cycle over the E-DATA period observed

by the ECwater calculated using the site-adapted Penman equation (PSDH , Eq. 3.1), and

the standard Penman (1948) equation (Pstdr). Figures 3.4a and 3.4b indicate that there
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is a satisfactory agreement between LvE observed and estimated. The main difference

is the two-hour lag during the morning transition (between 11:00 and 13:00 LT) that

results from the height at which ERA5 wind is calculated: 10 m. These data have a

root mean square error (RMSE) of 73 W m−2, and a mean absolute error (MAE) of

17 W m−2. Likewise, the orthogonal regression of LvE between the PSDH and ECwater
observations have acceptable correlation and determination coefficients (R = 0.88 and R2

= 0.78, respectively) and orthogonal regression slopes (m = 0.98).

Figure 3.4: (a) E-DATA period averaged and standard deviation of the diurnal cycle of LvE

observed by the ECwater, calculated by PSDH equation. (b) Orthogonal regression between

LvE measured by the ECwater and those estimated through PSDH . (c) Diurnal cycle of

LvE observed by the ECwater, calculated by the PSDH , standard Penman (Pstdr), and the

aerodynamic (Aero) and radiative (Rad) contribution. (d) Daily evaporation (mm) measured

by the EC system and estimated through PSDH . The vertical dotted line in (a) and (c)

indicates the wind regime change.

To better understand the LvE results obtained by PSDH , we analyze the radiative en-

ergy and aerodynamic contributions to the standard Penman LvE separately, along with

the performance of the introduced and coefficients. Figure 3.4c shows the averaged diurnal

cycle of the energy and aerodynamic term of the standard Penman equation, compared to

the results of PSDH (Eq. 3.1) and the EC observations of LvE. The LvE-diurnal pattern

shows two distinct regimes: in the morning (before 12:00 LT), the aerodynamic term fol-

lows the observations closely whereas in the afternoon (after 12:00 LT), the energy term is
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the one with a closer match. Our explanation is based on the limiting regimes, which have

been studied by Lobos-Roco et al. (2021b), Lobos-Roco et al. (2021a), and Suárez et al.

(2020). During the morning, LvE is limited by the absence of mechanical turbulence. As

a result, the transport from the saturated air above the surface into the dry atmosphere

is hampered which results in relatively low values for LvE. In turn, and during the af-

ternoon, due to the regional wind flow arrival, the enhancement of mechanical turbulence

leads to high values of evaporation, and LvE depends on the amount of the available en-

ergy. This radiative energy control is more clearly observed from 14:00-15:00 LT when the

radiation decreases yields of LvE. The addition of energy and aerodynamic contribution

to the standard Penman equation shown in Figure 3.4c (dashed red line) demonstrates

an overestimation of 88 W m−2 concerning the observations, where the diurnal cycle is

only followed during the afternoon (windy regime). When comparing the PSDH (Eq. 3.1)

and the standard Penman LvE equation, we observe that and coefficients significantly

improve the evaporation estimates. This improvement is given first by the coefficient that

reduces the available radiative energy under calm wind conditions, decreasing it by 70%

and 30% under windy conditions. Secondly, the coefficient improves LvE estimations by

mitigating the fluxes when the water in the lake is frozen in a factor of 0.3 (Appendix

A4). Table 3.2 summarizes comparative statistical metrics between the results obtained

using a standard and a site-adapted Penman equation with observations.

Finally, in Figure 3.4d, we integrate sub-diurnal evaporation estimates for validating

our results during the entire E-DATA period. The Figure shows the daily evaporation

between the EC observations and the PSDH . Daily values show differences of ∼0.65 mm

between observations and estimations (RMSE: 0.7 mm; MAE: 0.6 mm). Integrating the

whole E-DATA period, the differences are ∼5 mm: 38 mm for PSDH and 33 mm for

ECwater. To place these differences into perspective, it is worth noting that our focus in

this research is to study the climatology of the evaporation in this region. As such, we

consider that mean daily errors below 1 mm per day are low enough to use Equation 3.1

using the ERA5 downscaled data for long-term actual evaporation estimations.

Nevertheless, to extend our validation into a longer period analyzed in sections 3.3.2

and 3.3.3, Figure 3.5 shows the LvE calculated using two methods: (1) the site-adapted

Penman monthly evaporation estimates using ERA5 downscaled data and (2) observations

from the met-stationSDH between 2016-2020. We find a good agreement between both

estimates. The results show that ERA5 follows the seasonal cycle (R2: 0.81) satisfactorily.

However, ERA5 evaporation overestimates the observations by 7.6%, which is consistent

with the overestimation that ERA5 reported evaporation results with respect to the EC

observations during the E-DATA period (6.1%).

The previous evaluation provides enough support to use the site-adapted Penman

evaporation results to count with high-quality long-term (1950-2020) actual evaporation

estimates at local (saline lake) scales and high time resolution (1-hour).
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Table 3.2: Statistical metrics for comparing standard Penman, site-adapted Penman, radia-

tion and aerodynamic contribution for LvE, compared to LvE ECwater observations. Monthly

evaporation integration compares site-adapted evaporation estimates performed using ERA5

and met-stationSDH during the period 2016-2020.* Evaporation monthly integration compar-

ison metrics are between PSDH estimates using ERA5 and observation from met-stationSDH
(Table 3.1).

RMSE MAE R R2 m

Site-addapted Penman (PSDH) 73 W m−2 17 W m−2 0.88 0.78 0.98

Standard Penman (Pstdr) 149 W m−2 88 W m−2 0.87 0.76 1.35

Radiative contribution to LvE 94 W m−2 28 W m−2 0.85 0.73 1.02

Aerodynamic contribution to LvE 121 W m−2 64 W m−2 0.87 0.76 0.30

PSDH E daily integration 0.7 mm 0.6 mm - - -

PSDH E monthly integration* 14.2 mm 7.2 mm 0.90 0.81 1.34

Figure 3.5: Monthly integrated evaporation obtained through the site-adapted Penman

equation using ERA5 and met-stationSDH standard meteorological data in the period 2016-

2020.
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3.3.2 Seasonal perspectives of evaporation and precipitation

Evaporation estimated sub diurnally through the Penman equation also presents

significant seasonal changes that can have high impacts on water resources. This section

first analyzes the seasonal cycles of actual evaporation by describing the changes in its

radiative and aerodynamic contributions. In addition, we include the precipitation in the

analysis for being an essential component in the water balance. Secondly, we analyze the

seasonal evaporation and precipitation impacts on the water balance of the saline lake of

the Salar del Huasco.

Evaporation and precipitation seasonal cycles

Figure 3.6a shows the actual evaporation seasonal average from 1950 to 2020 over

the saline lake of Salar del Huasco. In general, seasonal changes of evaporation show their

highest monthly values (>90 mm) during austral summer (JFM) and spring (OND).

Within these seasons, October, November, and December present the highest monthly

evaporation (107-120 mm). Even though the summer also presents high monthly evapo-

ration (90-107 mm), these months also show the highest variability (standard deviation

of 13.5-16.5 mm). The variability observed during summer months is because of the

rainy season that usually extends over the summer (Vuille et al., 2000; Garreaud et al.,

2003). Evaporation has its lowest rates during autumn and winter (<78 mm per month).

Moreover, within these seasons, the months of June, July, and August show the lowest

monthly evaporation (∼50 mm) and the lowest variability of the year (standard deviation

of 7 mm per month). On the other hand, the seasonal variability of precipitation is shown

in Figure 3.6b. Precipitation in the Salar Huasco basin shows a very clear seasonal cycle,

with the onset of the rainy season in late spring (ND) and the offset end of summer (MA).

However, this rainy season presents high variability over the years. The rest of the seasons

show precipitation values below 25 mm per month, where June and July present a slightly

higher variability.

To give a synoptic-scale perspective of the seasonal changes in local evaporation and

precipitation present in the saline lake of Salar del Huasco, Figure 3.7 shows the seasonally

averaged moisture sources of the Altiplano region. Here, we quantify the regions where

evaporation occurs which results in precipitation over the Altiplano region (grey box

in Fig. 3.7). As most precipitation occurs in austral summer (Fig. 3.6) the moisture

sources are also largest in these seasons. We observe three principal moisture sources

that contribute to precipitation in the Altiplano region during the year. The first one

comes from the northeast (Amazon basin) and results from the veering of trade winds

southwestwardly into the Andes mountains, associated with the continental low formed

by the summery south-equator position of the Intertropical Convergence Zone, ITCZ

(Aceituno, 1992). This southwestward flux is the most pronounced during the summer,

transporting moisture (∼50 mm) into the Altiplano region. This marked moisture flux
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Figure 3.6: Seasonal variability of monthly evaporation (a) and precipitation (b) rates in the

period 1950-2020. The boxes represent the 25%-75% interquartile, the grey horizontal line is

the median, the red dots are the mean, and the bars represent maximum and minimum values.

Outliers have been removed and annual evaporation and precipitation have been calculated

over the entire period.
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suddenly decreases towards the autumn and winter (∼10 mm). During these seasons, the

trade winds return to their normal westwardly direction (Figs. 3.7b and 3.7c), resulting

in low moisture transport (∼20 mm) into the region. Besides moisture transport into the

region from the northeast, there is also recycling of moisture within the region, which

can be considered to be a second moisture flux. Especially during summer, evaporation

contributes to precipitation within the region, as can be seen by the high moisture source

values around lake Salar del Huasco in JFM and OND (Figs. 3.7a and 3.7d). In addition

to the contributions from evaporation over land, there is also a positive moisture source

from the Pacific Ocean (south-southwest). In the absence of precipitation over the ocean,

we can assume that the evaporation over the ocean contributes to the precipitation over

land in the Altiplano region. Finally, this third moisture flux is associated with the

subtropical anticyclone and stratocumulus cloud deck (Lobos-Roco et al., 2018; Rutllant

et al., 2003). This flux transports a very low but persistent amount of moisture into the

Altiplano region (<5 mm) due to the steep topography presented on the western slope of

the Andes mountains, which in combination with the anticyclone, limits the eastward flow

up to the mountains. Despite the coarse model resolution, this low moisture transport

has been reported using high-resolution modeling and airborne observations by Suárez

et al. (2020) and Lobos-Roco et al. (2021b).

To unravel the processes involved in the seasonal evaporation, we analyze the seasonal

variability of the drivers that control it. Figure 3.8 shows the seasonal cycle of the radiative

and aerodynamic contribution of the Penman equation and subsequent correlations with

monthly evaporation rates.

Figure 3.8a shows the seasonality of the radiative contribution to evaporation, whose

highest values correspond to the spring and summer and slowly decrease towards the

winter only to increase again in early spring. The seasonality of the radiative contribution

is similar to that of evaporation shown in Figure 3.6b, but it presents two distinctive

characteristics. Firstly, from November to March, there is a larger scatter (standard

deviation > 12 W m−2), where the radiative contribution to evaporation can be high at

170 W m−2 or low at 20 W m−2. This large variability is directly related to the summer

rainy season (Vuille et al., 2000), where the presence of clouds largely modulates the

available net radiation (Houston, 2006a). This double feedback that precipitation has over

the radiation might explain the large scatter in the radiative contribution to evaporation

during spring-summer. Secondly, the small variability (standard deviation of ∼3 W m−2)

of the radiative contribution during the winter months is related to the atmosphere’s

stability, characterized by the dry weather and cloudless conditions during most of this

period. Therefore, there is enough evidence to support the idea that radiative contribution

controls evaporation at a seasonal scale (R2 = 0.91, as shown in Fig. 3.8b).

Figure 3.8c shows the seasonality of the aerodynamic contribution to evaporation,

where the highest and lowest values are observed in early spring (SON) and during summer
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Figure 3.7: Seasonal variability of moisture sources (shaded) in mm per month and vertical

integrated moisture transport (arrows) over the Altiplano region for (a) summer, (b) autumn,

(c) winter, and (d) spring. The grey square frames the Altiplano regions and surroundings for

which the sources are determined. The black dot indicates the Salar del Huasco location.

(JFM), respectively. The variability of the aerodynamic contribution is fairly constant

during the whole year (standard deviation of ∼4 W m−2), which is related to the season-

ality of the wind circulation patterns (Falvey & Garreaud, 2005). The wind seasonality

also explains the highest and lowest aerodynamic contribution to seasonal evaporation.

For example, the thermal contrast between the Pacific Ocean and the Atacama Desert

reaches its maximum in November, resulting in the strong regional atmospheric eastward

flow, responsible for the onset of diurnal evaporation in the Salar del Huasco (Lobos-Roco

et al., 2021b). To the contrary, during summer, predominant westward regional circula-

tion from the amazon basin counteracts the eastward regional flow (Garreaud et al., 2003),

decreasing the wind speed (as described below). Finally, during winter, the lower thermal

contrast between the Pacific Ocean and the Andes Altiplano, along with the absence of

the summer westward regional flow, results in lower wind speed. Consequently, there is

less aerodynamic contribution to evaporation. The scattered seasonality of the aerody-

namic contribution to evaporation also results in a low correlation (R2 = 0.34, as shown
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Figure 3.8: (a, c) Seasonal variability of radiative and aerodynamic contribution to evap-

oration during the period 1950-2020. The boxes represent 25%-75% interquantile, the grey

horizontal line is the median, the red dots are the mean, and bars represent maximum and

minimum values. Outliers have been removed. (b, d) Orthogonal regression of evaporation

rates and its energy and aerodynamic contribution at averaged monthly scale.

in Fig. 3.8d).

In summary, at the seasonal timescale, the radiative contribution term contributes

significantly more to evaporation than the aerodynamic term, representing 73% of the

energy needed to evaporate the water from the saline lake in the Salar del Huasco. It

is important to stress that mechanical turbulence (wind speed) is more relevant at the

diurnal scales than available net radiation controlling evaporation (Lobos-Roco et al.,

2021b).

Seasonal changes in the saline lake water balance

To complete the seasonal analysis of evaporation in recent decades, we describe the

spatial impacts of the evaporation-precipitation variability on the saline lake of Salar del

Huasco. Figure 3.9 shows the relationship between the spatial changes of the saline lake

and monthly evaporation and precipitation that occurred between 1985 and 2019. The

seasonal variability of the lake’s area shown in Figure 3.9a reveals that the maximum

extension (5 km2) occurs during winter (JJA). During spring, the lake’s area decreases
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rapidly to its minimum extension (∼1.3 km2). The summer season shows high variability

in the lake’s area (mean: 2 ± 1.8 km2; mean value ± standard deviation). This variability

is relatively constant towards winter and decreases during spring, revealing that there is a

significant interannual variation over the years, especially between March and July, where

precipitation is typically small (Fig. 3.6d). Thus, the increase in the lake’s area is likely

due to groundwater inputs (Blin et al., 2021).

Regarding the relationship between the lake’s area changes and evaporation, Fig-

ure 3.9b shows an orthogonal regression between evaporation and lake extension changes.

Here, we find a strong negative correlation (R2 = 0.92), which reveals the control that

evaporation has over the lake discharge. The lowest evaporation rates (winter) coincide

with the highest lake extensions, and the highest evaporation rates (spring) coincide with

the lowest lake surface. Regarding the relationship between precipitation and lake’s sur-

face associated with the water recharge by precipitation, the relationship is indistinctive

(Fig. 3.9a). We find a high variability in the onset and offset of precipitation at the

seasonal scale, from November to March. This high variability in summer precipitation

coincides with the larger variations in the lake area. As such, it is difficult to find a direct

relationship between precipitation and the lake’s area. However, analyzing the means

(solid lines Fig. 3.9a), we observe that high precipitation rates do not directly impact the

areal changes of the lake, which is reached 4 to 5 months after the rainy season. For these

reasons, the observations suggest that there is another process that modulates the lake

recharge. Among the alternatives that might explain the lake recharge, precipitation and

groundwater input might play a role.

To unravel the role of ground water input into the Salar del Huasco lake, we perform

a simple mass balance assuming a lake depth between 0.05 and 0.20 m. Our lake mass

balance results show that the monthly water required to represent the spatial changes

in the lake’s surface are on the order of ∼345,000 m3 per month (∼0.1 m3 s−1). This

estimation is reasonable as the only stream that is near the lake has an average flow

of 0.13 m3 s−1 (Blin et al., 2021), which is measured about 1-2 km before the river

water completely infiltrates into the ground. If one assumes that ERA5 precipitation is

responsible of this water flow, then a lake area of ∼13 km2 is needed to explain it. When

varying the water depth between 0.05 and 0.20 m, our results changed less than 1%. As

the mean observed lake’s area is ∼2 km2, groundwater is the water source that sustains

this habitat. This result agrees with the estimations performed by Blin et al. (2021).

They quantified a flow of 0.92 m3 s−1 in the springs that discharge water into the lake,

which is similar to the flow estimated in our work. It is important to recall that our

approach has important limitations. For instance, as the topography in the basin’s sink is

very flat, there is no hypsometric curve that can relate the lake’s volume as a function of

depth. Also, the precipitation considered here corresponds to that estimated in the lower

part of the basin, whereas higher precipitation values occur at higher elevations in the

basin (Uribe et al., 2015; Blin et al., 2021). Hence, most of the groundwater recharge is
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expected to occur at higher elevations and/or in locations where preferential flow exists,

e.g., near the rivers of the basin. Then, this water will flow underground until it upwells

into the lake. So, even though this approach has limitations, it allows for a first order

approximation that can be used to understand the key components of the lake’s water

balance.

Figure 3.9: (a) Monthly mean variability of lake area, total evaporation, and total precip-

itation. Shades indicate the standard deviation of each variable. (b) Orthogonal regression

between monthly lake area and monthly evaporation. (c) Orthogonal regression between

monthly lake area and monthly precipitation.

3.3.3 Interannual perspectives of evaporation and precipitation

This section describes the interannual variabilities of evaporation and precipitation

over the saline lake of the Salar del Huasco. First, we describe the climatological trends

from 1950 to 2020. Secondly, we analyse the influence of ENSO and PDO global-scale

phenomena on local evaporation and precipitation.
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Climatological trends of evaporation-precipitation

Evaporation trends in the saline lake of Salar del Huasco show an indubitable increase

from 1950 to 2020. The rate of increase is about 2.1 mm per year (0.2 mm per month),

with scattered interannual variability showing a significant increase. Figure 3.10a shows a

12-month moving average of monthly total evaporation. For 1950, monthly mean values

are approximately 80 mm (950 mm per year), whereas in 2020, these values increased

to ∼100 mm (1,150 mm per year). The annual integrated evaporation rates averaged

1,075 mm (± 74 mm) with a minimum of 862 mm (1993) and a maximum of 1,210 mm

(2010). This increase in evaporation has a correlation of 0.55 with air temperature (2 m),

whose monthly averages increased 3 °C (0.04 °C per year), from 1950 to 2020 (Fig. 3.10a).

Likewise, Figure 3.10b shows the precipitation trends in the area of the saline lake from

1950 to 2020. Total precipitation per year is set at 338 mm with a high variability of 248

mm per year. Precipitation shows an increasing trend in the last 70 years of 0.6 mm per

year. Although this positive trend in precipitation is less significant than evaporation and

presents more scatter, it is also in agreement with temperature increase.

Figure 3.10: 12-month moving average monthly total evaporation (a) and precipitation (b),

and 2-m mean air temperature over the saline lake of Salar del Huasco from 1950 to 2020.

The evaporation trend line is depicted in red.
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Influence of ENSO and PDO phenomena on evaporation-precipitation

Within this subsection, we analyze the influence of the ENSO and the Pacific Decadal

Oscillation (PDO) on evaporation and precipitation variability.

Figure 3.11 shows the seasonal variability of monthly evaporation in the period 1950-

2020 during cool (ONI < -0.5 °C), neutral (-0.5 °C < ONI < 0.5 °C) and warm (ONI > 0.5

°C) ENSO phases. In general, during cool ENSO phases, evaporation rates are 2% lower

than those observed in the neutral ENSO phases, whereas during warm ENSO phases,

evaporation is 15% higher than that observed in neutral ENSO phases. This variability

becomes more significant from October to May, summer (JFM) being the season with the

largest variability. During summer, evaporation under cool ENSO phases decreases by

4% with respect to neutral phases and increases 14% under warm conditions. Moreover,

summer variability is the highest during warm ENSO phases, showing standard deviations

of ∼15 mm per month. The lowest evaporation variability occurs during the neutral

phases, with standard deviations of 11 mm per month. In turn, during late autumn and

winter seasons, the ENSO phenomenon influences the evaporation less in the saline lake

of the Salar del Huasco since evaporation rate differences between cool, neutral and warm

phases are lower than 2%. This analysis suggests that ENSO significantly influences

evaporation during summer months, which is in line with other typical meteorological

phenomena of the Atacama Desert, such as summer precipitation (Aceituno, 1988), and

coastal fog formation (del Ŕıo et al., 2021).

Figure 3.11: Interannual-seasonal variability of monthly evaporation in the period 1950-

2020 separated by cool, neutral and warm ENSO phases. Error bars represent the standard

deviation of every averaged month.

The ENSO phases influence on evaporation observed at the seasonal scale is also

present interannually. Figure 3.12 shows the relationship between ENSO phases and

PDO phenomenon, with evaporation anomalies obtained using the site-adapted Penman
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equation (eq. 1) and downscaled ERA 5 data, and precipitation anomalies observed from

ERA5 in the last seven decades in the shallow lake of the Salar del Huasco. Recall that

ENSO is a recurrent phenomenon with an ill-defined periodicity, where in the last 70

years, 24% of the months have been influenced by warm ENSO phases and 26% by cool

ones. However, the frequency of this phenomenon is not constant, neither in intensity nor

in time. The ONI varied between 0.5 and 2.6 °C during warm phases, and between -2

and -0.5 °C during cool phases, with a frequency between 2 and 10 years (Timmermann

et al., 2018).

Figure 3.12: (a) Monthly evaporation anomalies compared to ONI and PDO indices. (b)

Monthly precipitation anomalies compared to ONI and PDO indices. Anomalies are calculated

using the difference between the entire period mean, and 12-month moving averaged anomalies.

Evaporation and precipitation anomalies are shown in colors, the ONI with a solid black line,

highlighting the warm and cool phases, and PDO with a dashed line.

Figure 3.12a shows the 12-month moving average evaporation anomalies and the

ENSO and PDO phenomena from 1950 to 2020. Positive monthly evaporation anoma-

lies (> 5 mm) correlate with warm ENSO phases, whereas negative or non-evaporation
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anomalies (< 0 mm) correlate with cool ENSO phases. The correlation between posi-

tive evaporation anomalies and warm ENSO phases is evident during the extreme ENSO

events, i.e., events which occurred in 1983, 1997, and 2015. Likewise, the correlation

between negative evaporation anomalies and cool ENSO phases is evident in 1988, 1998,

and 2010. However, this trend is indistinct when monthly evaporation anomalies are

close to 0 mm (e.g., in 1970, 1995, and 2001). Evaporation anomalies also have an inter-

decadal variability. For instance, between 1950 and 1975, negative evaporation anomalies

dominate. On the contrary, between 2000 and 2020, positive evaporation anomalies dom-

inate, but only after a transition period that occurred between 1975 and 2000, where

both positive and negative evaporation anomalies are present. Regarding larger macro-

climatic phenomena, no significant correlation is found between PDO and evaporation

anomalies.

The influence of the ENSO phenomenon also affects precipitation at Salar del Huasco.

Figure 3.12b shows the 12-month moving average precipitation anomalies and the ENSO

and PDO phenomena from 1950 to 2020. The influence of ENSO on precipitation is oppo-

site of that observed for evaporation. Here, positive monthly precipitation anomalies (> 5

mm) coincide with cool ENSO phases, whereas negative monthly precipitation anomalies

(< 5 mm) correlate with warm ENSO phases. Contrary to evaporation anomalies, the re-

lationship between precipitation and extreme ENSO events is indistinctive. For example,

strong precipitation anomalies observed in 1985 disagree with an extremely cool ENSO

phase. The same occurs for the extremely cool ENSO phase that occurred in 1999, where

the precipitation anomaly is not correlated with high positive precipitation anomalies.

However, the negative correlation trend between ENSO phases and precipitation anoma-

lies is still evident. Precipitation anomalies also have an interdecadal variability that

seems to be related to PDO anomalies. For example, between 1950 and 1970, there is

a predominance of negative precipitation anomalies, which correlate with negative PDO

indices. However, between 1970 and 2000, positive precipitation anomalies predominate

along with positive PDO indices. Finally, between 2000 and 2020, negative precipitation

anomalies predominate together with negative PDO indices. The negative relationship

between precipitation and ENSO phases in the Altiplano region has also been reported

by Aceituno (1988), Vuille et al. (2000), and Garreaud & Aceituno (2001).

To further quantify the opposing trend between evaporation and precipitation, Fig-

ure 3.13 shows the relationship between evaporation and precipitation anomalies catego-

rized by ENSO phases. The trend between cool ENSO phases and negative evaporation

anomalies is significant (∼-10 mm), although it is weaker during extremely cool phases.

Likewise, the trend between warm ENSO and positive evaporation anomalies is very clear,

even during the most intense warm ENSO phases (> 15 mm). Regarding precipitation

anomalies, the trend shows a similar pattern, where negative precipitation anomalies (∼-

15 mm) are related to extremely warm ENSO phases, and highest positive precipitation

anomalies are related to both cool and neutral ENSO phases.
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Figure 3.13: Relationship between monthly evaporation and monthly precipitation anomalies

between 1950 and 2020. The anomalies are classified into warm, neutral and cool ENSO

phases. The symbol size reflects the ONI intensity, where ONI≥1 corresponds to an intense

warm phase (circle) and ONI≤-1 to an intense cool phase (triangle).

Opposing behavior of ENSO influences on interannual evaporation and precipita-

tion variability demonstrate the control that global climate phenomena can exert at a

local scale in the long term. As shown in Figure 3.10a, air temperature is strongly re-

lated to evaporation; thus, atmospherically warmer conditions in the Altiplano region

during warm ENSO phases enhance evaporation. This warming intensifies the Pacific

Anticyclone through the tropospheric thermal stratification (Falvey & Garreaud, 2009),

resulting in cloudless conditions during summer of warm ENSO phases, i.e., an increase

in the radiative contribution term of 17% as compared to the cool phases. Increased

radiation also leads to an enhancement of the ocean-land thermal contrast, enhancing

the aerodynamic contribution to evaporation by 21% during warm ENSO phases in sum-

mer with respect to cool ENSO phases. This enhanced ocean-land thermal contrast also
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increases the atmospheric capacity to hold water vapor. Conversely, cool ENSO phases

promote higher precipitation rates through the weakening of the Pacific Anticyclone, and

the strengthening of the Bolivian low (Aceituno, 1988), which negatively affects the evap-

oration in two ways. First, the cloudy conditions that result from wet seasons inhibit

the available energy required for evaporation (from 120 to 100 W m−2), mainly affecting

the evaporation rates during the summer season (Fig. 3.11) but also interannual rates

(Fig. 3.10a) (Houston, 2006a). Second, during cool ENSO phases, a strong rainy season

attenuates the characteristic regional atmospheric flow from the Pacific Ocean into the

Andes (Lobos-Roco et al., 2021b), significantly affecting the aerodynamic contribution to

evaporation (Fig. 3.8b), decreasing it from 38 to 30 W m−2.

3.4 Conclusions

We investigate the temporal changes of actual evaporation from sub-diurnal to cli-

matological scales in a high-altitude saline lake ecosystem in the Atacama Desert. We

complement our study by analyzing the seasonal and interannual variability of precipi-

tation, moisture transport along the entire region, and their impacts on the saline lake

water extension.

Our first results reveal that simple meteorological variables from ERA5 downscaled

using artificial neural networks and combined with a site-adapted Penman equation suc-

cessfully estimate the actual evaporation of open water bodies from sub-diurnal to in-

terannual scales. Compared to direct evaporation measurements taken with the eddy-

covariance method in a dedicated campaign, our evaporation estimates show diurnal and

seasonal errors lower than 7%. At the sub-diurnal scale, the wind regime (aerodynamic

contribution in Penman equation driven by wind shear) is the main driver of evapora-

tion, whereas, at the seasonal scale, the principal driver is the available energy (radiative

contribution).

Our findings show significant seasonal variations. Maximum rates are reached during

the spring (OND), minimum ones during winter (JAS), and a high variability is observed

during summer (JFM). The seasonal changes in evaporation are explained 73% by the

radiative contribution of the Penman equation, where the seasonality of radiation plays a

principal role. Nevertheless, at the sub-diurnal scale, available energy in the site-adapted

Penman equation is affected by the wind regime since the energy balance non-closure

coefficient depends on the wind regime. The seasonal and local estimates of evaporation

and precipitation over the saline lake correlate with synoptic and seasonal variabilities of

moisture transport. To this end, we identify three main large-scale fluxes that contribute

to the available moisture in the Altiplano region. The principal one transports a significant

amount of moisture from the northeast (Amazon basin) and the humidity recycled from

the evaporation-precipitation process during the spring and summer. The third moisture

flux identified transports a very low but persistent amount of moisture from the Pacific
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Ocean into the Atacama Desert consistently over the year. This moisture flux is strongly

limited by the subtropical anticyclone and the steep topography. In addition the seasonal

variation in evaporation and precipitation along the analyzed period shows impacts the

saline lake. Our analysis suggests that evaporation is the principal driver of the lake

discharge, explaining 92% of it. However, the recharge of the lake still remains unknown

since the role of precipitation remains elusive and hasn’t yet been quantified. Analyzing

the saline lake mass balance, we conclude that the water input required to explain the

lake’s spatial changes significantly exceeds the precipitation. Therefore, we conclude that

groundwater inputs play an essential role in the lake’s recharge.

Evaporation also present a interannual variability, where the ENSO phenomenon

plays an important role. Our results reveal that ENSO phases affect the evaporation

rates during the summer: warm phases increase evaporation by 15% , whereas cool ones

decrease it by 4%. Concerning the driving components of evaporation, radiation controls

these interannual changes in summer. This control is maintained by the cloudy or cloudless

conditions that characterize ENSO cool and warm phases, respectively. However, this is

also explained by the aerodynamic contribution during the cold phases. The weakening

of the Pacific Ocean anticyclone promotes the entrance of wet eastern flow that decreases

the usual westerly flow, affecting the contribution of wind to evaporation. Analyzing the

evaporation and precipitation anomalies compared to the Oscillation El Nino Index (ONI),

we find that ENSO phases correlate positively to evaporation anomalies but negatively to

precipitation ones. These correlations mean warm ENSO phases are mainly characterized

by higher evaporation rates and cool phases with higher precipitation rates. In addition,

climatological trends show that evaporation has increased by 2.1 mm per year during the

entire study period according to global temperature increases.

Finally, our study gives a first multi-spatiotemporal approach to actual evaporation

and its role in the water balance of the Atacama Desert. We demonstrate that long-term

actual evaporation can be estimated reliably through a simple approach based on observa-

tions and reanalysis data. However, we acknowledge that longer-term actual evaporation

measurements are needed to reduce the 7% uncertainty that the site-adapted Penman

equation brings. Likewise, further research can be done on the site-adapted Penman

equation coefficients to apply the same approach to different but more common surfaces

of the desert (wet salt, wetlands, and sparse vegetation lands). Additionally, the inter-

annual variability of evaporation-precipitation and moisture transport must be analyzed

by higher-resolution models to better understand the local impacts related to the sharp

topography and land-use changes and the ENSO phenomenon.
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Abstract

We investigate the influence of regional atmospheric circulation on the evaporation of

a saline lake in the Altiplano region of the Atacama Desert. For that, we conducted a field

experiment in the Salar del Huasco (SDH) basin (135 km east of the Pacific Ocean), in

November 2018. The measurements were based on surface energy balance (SEB) stations

and airborne observations. Additionally, we simulate the meteorological conditions on

a regional scale using the Weather Research and Forecasting model. Our findings show

two evaporation regimes: (1) a morning regime controlled by local conditions, in which

SEB is dominated by the ground heat flux (∼0.5 of net radiation), very low evaporation

(LvE < 30 W m−2) and wind speed <1 m s−1; and (2) an afternoon regime controlled by

regional-scale forcing that leads to a sudden increase in wind speed (>15 m s−1) and a

jump in evaporation to >500 W m−2. While in the morning evaporation is limited by very

low turbulence (u∗ ∼0.1 m s−1), in the afternoon strong winds (u∗ ∼0.65 m s−1) enhance

mechanical turbulence, increasing evaporation. We find that the strong winds in addition

to the locally available radiative energy are the principal drivers of evaporation. These

winds are the result of a diurnal cyclic circulation between the Pacific Ocean and the

Atacama Desert. Finally, we quantify the advection and entrainment of free-tropospheric

air masses driven by boundary-layer development. Our research contributes to untangling

and linking local and regional scale processes driving evaporation across confined saline

lakes in arid regions.
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4.1 Introduction

The Atacama Desert is known as the driest place on Earth, with precipitation ranging

from 0.1 mm per decade (∼0.01 mm yr−1) in the lowlands (Weischet, 1975) to 150-180

mm yr−1 (Minvielle & Garreaud, 2011) in the highlands. The Altiplano (highlands) is

rain-fed by occasional convective showers, whose source of humidity arrives from the East

(Falvey & Garreaud, 2005). These storms are spatially very localized and rapidly changing

in intensity (<1 hour), being the sole source of aquifer recharge they sustain the shallow

lagoons and wetlands that host unique native floral and faunal environments (de la Fuente

& Niño, 2010; Johnson et al., 2010). It is in these confined water-holding environments

that nearly all the water of the catchment is lost to the atmosphere, meaning that they

act as a preferential pathway for evaporation (E) (Rosen, 1994). Consequently, locally at

these lagoons the annual E greatly exceeds annual precipitation (Lictevout et al., 2013).

In this study we focus on a particular ∼15-cm deep saline lake, the Salar del Huasco (SDH)

located in the Altiplano of the Atacama Desert in the NE region of Chile. The dynamics

of the E-process of SDH can be regarded as exemplifying all the saline lakes in the region

(Kampf et al., 2005). Figure 4.1 shows the dramatic change in the size of the SDH lake

from the rainy season in the summer to the dry season in late spring. Between winter

(June-September) and spring (September-December) the size of the lagoon is reduced by

75% in only two months. Our study focuses on this part of the year that represents the

peak of the annual E water-loss.

The main mechanisms that drives this high E rate are not yet well understood, yet

they are crucial to improve its representation in atmospheric and hydrological models

and thus to improve water management efficiency. Atmospheric model calculations of E

in arid and semi-arid regions are still uncertain for several reasons. First, the physical

processes governing E occur on spatial scales smaller than the usual model grid size (∼1

km), over heterogeneous surfaces and on sub-hourly temporal scales (Eder et al., 2014).

Second, modelled E rates are mainly controlled by net radiation (Rn) and water vapour-

pressure deficit (V PD) (Ma et al., 2018). However, in reality more complex processes

take place over arid regions (McNaughton, 1976; de Bruin et al., 2005). More specifically,

induced atmospheric flows driven by local surface heterogeneity play an important role in

governing the surface energy balance (SEB) (Moene & Van Dam, 2014) while on a regional

scale, advection can enhance E to the point at which it exceeds Rn (de Bruin et al.,

2005). This multi-scale interaction between surface and atmosphere impacts the vertical

atmospheric boundary layer (ABL) structure, which feeds back into E-related processes at

the surface (van Heerwaarden et al., 2010). On larger scales, the meteorological influence

at the regional level is particularly relevant in the Atacama Desert due to the complex

topography and thermal gradient between the atmosphere above the Pacific Ocean and the

western slope of the Andes mountains that results in an energetic atmospheric flow every

afternoon (Rutllant et al., 2003). Under these premises the role of the regional atmospheric
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Figure 4.1: Shallow saline lake at Salar del Huasco as viewed by the normalized difference

water index (NDWI) from Copernicus Sentinel data 2019 processed by Sentinel Hub. This

index combines infrared and visible bands, where dark blue represents water and light green

the absence of water. The right-hand image shows the extent of the lake on November 18th

2018, during the field measurements shown in this work.

circulation and its interaction with surface processes is crucial to an understanding of the

E diurnal cycle.

The aim of this study is to describe and quantify the physical processes that control

the diurnal cycle of E in arid regions characterized by confined water environments and

the surfaces of their heterogeneous surroundings over the complex topography of the SDH.

More specifically, our main research question is: in the interplay between regional and

local scales, what is the role of the wind-induced turbulence in controlling the diurnal

cycle of E compared to Rn and V PD as the main drivers? An understanding of this

would help to improve representations of E in numerical models and potentially improve

the efficiency of water resources management in arid regions.

To unravel what processes and scales control E, we combine observations gathered

during a field experiment called E-DATA (Evaporation caused by Dry Air Transport

over the Atacama Desert) that took place in the SDH in November 2018. The analysis of

the observations is supported by fine-resolution numerical experiments using the Weather

Research and Forecasting (WRF) model. The originality of the designed field experiment

is that it integrates ground and airborne observations over heterogeneous surfaces to

quantify the moisture and energy budgets as well as the interaction between ABL and the

regional circulation. The modeling perspective includes multi-day numerical model runs

to quantify the regional flow patterns.
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This chapter is structured as follows. Section 4.2 presents the basic theoretical con-

cepts utilized in this study. Section 4.3 describes the methods employed and data gathered

in the field experiment and modeling. Section 4.4 presents the main results, describing

surface fluxes and their relationships and interactions with the environmental conditions

in local and regional perspectives. Section 4.5 summarizes the processes involved and

discusses the results in the context of other studies. Finally, the main conclusions and

future perspectives are presented.

4.2 Basic conceptual framework of evaporation

Environmental conditions in the Atacama Desert are characterized by abundant ra-

diation (incoming shortwave radiation, Si max > 1,000 W m−2), dry air (specific humidity,

q < 1 g kg−1), limited soil moisture (∼0 m3 m−3) and in some parts very low plant transpi-

ration. The main sources of E are the saline lakes in the endorheic (closed) basins, which

is controlled by the interplay of energy (radiation), wind (turbulent mixing) and V PD

between the confined open surface water and the atmosphere (McNaughton, 1976).

To analyze the relevance of the main processes related to evaporation in our measure-

ments, we employ the concept of the Penman equation for open-water evaporation (Pen-

man, 1948; Monteith, 1965) expressed in terms of energy, i.e., the latent heat flux (LvE).

This analysis aims to demonstrate the qualitative behavior of the Penman-Monteith steer-

ing variables to show which mechanisms and conditions are limiting E. The equation

reads.

LvE =

I︷ ︸︸ ︷
s

s+ γ
(Rn −G) +

II︷ ︸︸ ︷
ρacp
s+ γ

1

ra︸︷︷︸
turbulence

(es − e)︸ ︷︷ ︸
VPD

, (4.1)

where s is the slope of saturated vapour pressure curve, γ the psychrometric constant,

ρa is the dry air density and cp is the specific heat at constant pressure. We indicate terms

in Equation (4.1) that represent the two main processes that contribute to LvE. The term

I is the energy contribution (Garratt, 1992), which describes the energy available (Rn - G)

to evaporate water where Rn is the net radiation and G the ground heat flux. The term

II is the aerodynamic contribution, which combines the turbulence and water vapour

pressure deficit (V PD) contribution. Here, the first sub-term describes the efficiency of

turbulent mixing, where ra is the aerodynamic resistance defined as:

ra =
1

ku∗

[
ln
( z

z0,h

)
+ Ψ

(z0,h
L

)
−Ψ

( z
L

)]
, (4.2)

where k is the von Kárman constant (0.4), u∗ is the friction velocity, z is the height
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of measurements and z0,h is the roughness length for heat, Ψ is the integrated stability

function for heat in the entire atmospheric surface layer (Paulson, 1970) and L the Monin-

Obukhov length. Note that the usual Penman-Monteith equation term referring to the

stomatal resistance is omitted, due to the absence of vegetation in the study area. Last, the

second sub-term on the right-hand side of Equation 4.1, the V PD contribution, describes

the pressure-deficit of the water vapour (es−e) at the level measured (see Table 4.1).

The two terms in Equation 4.1 represent the main drivers for E. The energy contri-

bution (term I) is related to local-scale conditions prescribed by surface processes (section

4.4.1) while the aerodynamic contribution (term II) is related to both local and regional

scale interactions (sections 4.2 and 4.3). An important aspect of our research is to quan-

tify the relevance of non-local effects. Examples of non-local processes are the advection

of heat and moisture and the entrainment of air from above the ABL. Both transports

modify the local V PD values and thus influence the diurnal variability of E (de Bruin

et al., 1995). These non-local processes impact ABL development in the entrainment

zone, which also influences E rates (van Heerwaarden et al., 2009).

Finally, in order to distinguish local from non-local and regional contributions to the

changes in the potential temperature, θ and specific humidity, q across a boundary layer

with height, h, we make use of the mixed-layer approximation. Here, our aim is to de-

termine under which conditions the θ and q-budget follow the mixed-layer approximation

(Stull, 1988). In case the approximations are valid, we can use these equations to quantify

the contributions by using the observations. The mixed-layer equations read:

∂q

∂t
=
w′q′s − w′q′e

h
− U ∂q

∂x
(4.3)

and

∂θ

∂t
=
w′θ′s − w′θ′e

h
− U ∂θ

∂x
, (4.4)

where t is the time, w′q′ and w′θ′ are the kinematic moisture and heat fluxes, sub-

indices s and e are for surface and entrainment at the top of the boundary layer re-

spectively, U is the total wind speed and x the spatial direction aligned with the main

horizontal wind.

The first term of the right-hand side of equations 4.3 and 4.4 represents the local

and non-local contributions of the vertical fluxes that are distributed over the boundary

layer. In our modeling framework, the surface fluxes w′q′s and w′θ′s are parameterized

as a function of resistance and the gradients between the value at the surface and the

mixed-layer value (Vilà G. A. et al., 2015). The second term, represents the transport

of air with different properties coming from elsewhere, which we refer to as regional
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contributions. Typically, the regional contribution is estimated as a residual term from

locally measured fluxes and vertical profiles of θ and q (details in Section 2.4).

4.3 E-DATA experiment: observations and model-

ing

The E-DATA (Evaporation caused by Dry Air Transport over the Atacama Desert)

field experiment consisted of horizontally distributed SEB and meteorological (MET)

stations over the SDH saline lake and the heterogeneous surfaces that surround it, and

vertical atmospheric measurements (Suárez et al., 2020). The E-DATA experiment was

designed to analyse both local (∼1 km) and regional scales (∼100 km). The measurements

were complemented with a comprehensive 3D-regional modeling study with the WRF

atmospheric meso-scale model. In this section we will provide a site description (Section

4.3.1), descriptions of the surface observations (Section, 4.3.2), the profiling measurements

(Section 4.3.3) and the WRF modeling set-up (Section 4.3.4).

4.3.1 Site description and instrumentation setup

The E-DATA experiment was performed between 14th and 23rd November 2018 at

the SDH (20.1◦ S - 68.5◦ W, 3,790 m above sea level (asl)). This date is optimal to study

evaporation due to the total absence of precipitation and high mean temperatures. The

SDH is a closed basin of 1,417 km2 (55 km N-S and 35 km W-E) located ∼3.8 km up

and over ∼135 km from the Pacific Ocean. Note that at such altitude, the pressure level

is very low compared to sea level, ∼650 hPa. Figure 4.2a shows the location of the SDH

saline lake and E-DATA experiment in a vertical cross-section over the western slope of the

Andes mountains. Figure 4.2b shows an overview of the surface observation installation in

the vicinity of the SDH saline lake. Three SEB-stations were installed over representative

and homogeneous surfaces of the site: water, wet-salt, and desert. The first SEB-station

was installed above a shallow 15-cm deep lagoon (20.27◦ S - 68.88◦ W; 3,790 m asl), whose

surface covers 4 km N-S by 800 m W-E. The second SEB-station was located over a wet-

salt crust (20.28◦ S, 68.87◦ W; 3790 m asl), which is a wet soil composed of salt whose

surface is covered by a mostly dry crust of slime. The third SEB-station was installed in an

area representative of bare rocky-soil-like desert conditions (20.35◦ S, 68.90◦ W; 3,953 m

asl). Figure 4.2b also shows the profiling measurement points from where radiosonde and

an unmanned aerial vehicle (UAV) were launched: water and desert. The first launch site

was located on the western -shore of the lagoon (20.28◦ S - 68.88◦ W; 3,790 m asl) covering

water and wet-salt surfaces. The second point was located next to the desert SEB-station

(20.35◦ S - 68.90◦ W; 3,953 m asl), covering the desert surface that surrounds the SDH-

basin. A transect of four automatic MET-station deployed from 20.28◦ S - 68.90◦ W to
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Figure 4.2: Study site. (a) Vertical cross-section of western slope of the Andes, showing

the spatial scales involved in the field experiment and modeling. (b) Spatial distribution of

surface and vertical observations at SDH site during the E-DATA field experiment used in

this study (Contains modified Copernicus Sentinel data processed by Sentinel Hub). (c) WRF

outer domains D01 (27 km), D02 (9 km) and inner domains D03 (3 km), D04 (1 km). The

SDH saline lake is located at the center of the D04 and dotted line indicates the vertical

cross-section shown in Section 4.4.3.
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20.28◦ S - 68.97◦ W westward of the lagoon was utilized to characterize the advection.

Finally, we also made use of a standard meteorological station placed 2 km N from the

saline lake (Fig. 4.2b), that has been in continuous operation since 2015 by the Centro

de Estudios Avanzados en Zonas Aridas (CEAZA).

4.3.2 Surface observations

We deployed SEB-stations, complemented by additional meteorological measure-

ments, at each of the three main surface types (water, wet-salt, desert) together with a

transect of four MET-stations on the western slopes of the study site. Special attention

is paid to the measurement of variables that are related to the drivers of E: radiation,

turbulence and V PD. Table 4.1a shows the main variables and sensors utilized over each

surface type organized by sensor groups. Radiation measurements and sensors differed

between surfaces. The four-component radiation measurements were gathered for the wa-

ter surface, whereas at the desert and wet-salt surfaces only integrated Rn measurements

were available. The albedo was measured only at the water site, for the wet-salt it was

estimated using the net short-wave radiation and the incoming short-wave radiation mea-

sured in the lake. For the desert site we assumed the value 0.21, reported as a typical value

for dry sandy soils in Moene & Van Dam (2014). Additionally, the Rn of the desert SEB

station was too large so it was corrected by using incoming short-wave measurements from

the water SEB-station, and assuming an albedo of 0.21 (Moene & Van Dam, 2014). We

used the flux-software package EddyPro v 6.2.2 (Fratini & Mauder, 2014) from LI-COR

Biosciences Inc. (Lincoln, Nebraska, USA) to calculate the turbulent fluxes of latent heat

(LvE), sensible heat (H) and the friction velocity (u∗) at 10-min averaging intervals. All

standard data treatment and flux correction procedures were included, most notably axis

rotation with the planar-fit procedure (Wilczak et al., 2001), raw data screening including

spike removal (Vickers & Mahrt, 1997), interval linear detrending and low-pass filtering

correction (Massman, 2000). In addition, quality flags were determined based on Mauder

& Foken (2004). The measured ground heat flux (G) was corrected for heat storage above

the heat-flux plates by using the calorimetric method (Kimball & Jackson, 1975), and

the observations obtained from soil temperature probes buried at different depths (see

Table 4.1) in each surface type. Note that over a shallow water layer G is stored in both

the water and soil/sediment layers above the heat flux plates (de la Fuente & Meruane,

2017). We corrected for both components of the soil heat storage. Standard meteorolog-

ical variables such as air temperature (T ), relative humidity (RH), atmospheric pressure

(P ), wind speed (U) and wind direction (WD) were measured in the SEB-stations and at

a transect of standard meteorological stations. The details are shown in Table 4.1. The

uncertainty related to the energy balance closure at the SEB stations can be found in

Appendix B.
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Table 4.1: Main variables and sensors utilized during the E-DATA experiment, by sensor-

group and surfaces: water (W), wet-salt (WS) and desert (D). (a) Surface main variables: in-

coming shortwave radiation (Swin), outgoing shortwave radiation (Swout), incoming longwave

radiation (Lwin) and outgoing longwave radiation (Lwout), shortwave net radiation (Swnet),

longwave net radiation (Lwnet), net radiation (Rn), latent heat flux (LvE), sensible heat flux

(H), friction velocity (u∗), ground heat flux (G), soil temperature (Tsoil), air temperature (T ),

relative humidity (RH), wind speed (U), wind direction (WD) and pressure (P ). (b) Vertical

main variables.

Sensor-group Surface Main-variable height [m] Sensors

a

W Swin, Swout, Lwin, Lwout 1 CNR4 Net radiometer a

Radiation WS Rn 1.5 NR Lite Net radiometer a

D Rn: Swnet,Lwnet 1 CNR2 Net radiometer a

W LvE, H, u∗, z0 1

Eddy covariance fluxes WS LvE, H, u∗, z0 1.5 IRGASON b

D LvE, H, u∗, z0 2

W G, Tsoil -0.15;-0.10 to 0.2

Soil WS G, Tsoil -0.05;-0.04 to 0.1
T107 b, HFP01SC c,

HFP01 c

D G, Tsoil -0.05;-0.04 to 0.1

W T , RH, U , WD, P 2.5
107 T-prb b;05108-45-L

Windd;HPM155 T-RH prbe

Standard meteorology WS T , RH, U , WD, P 1.5
107 Temp. probe a,

IRGASON a

W T , RH, U , WD, P 2.5
107 Temp. probe a,

IRGASON a

b

Radiosonde profile W T ,RH,U ,WD,P 0-↑2,000 iMet-4 Radiosonde f

D T ,RH,U ,WD,P 0-↑2,000

UAV profile W T ,RH,P 0-500 iMet-XQ2 UAV f

D T ,RH,P 0-500
aKipp & Zonen, Delft, The Netherlands; bCampbell Sci., Logan, Utah, USA
cHukseflux, Delft, The Netherlands; dYoung Company, Traverse City, Michigan, US
eVaisala, Helsinki, Finland;f InterMet Systems inc. Grand Rapids, Michigan
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4.3.3 Airborne observations

We used two airborne instrument carriers: a radiosonde balloon and a UAV. These

were equipped with similar sensor packages that provided measurements of T , RH, U ,

WD and P for the radiosonde and T , RH and P for the UAV (details in Table 4.1b and in

Suárez et al. (2020). The radiosonde balloons were launched from two locations described

in Section 3.1. At both locations, we performed intensive campaigns on November 21st

over the water surface and November 22nd over the desert surface (Fig. 4.2b), where

we launched balloons at 09:00, 12:00, 15:00, 18:00, and 21:00 local time (LT). Balloons

typically reached an altitude of 10 km and drifted away horizontally up to a distance of

50 km northeastward of their launching sites. Vertical profiles of θ, q, U and WD were

obtained from the radiosonde to characterise and estimate the ABL height (h), using the

surface pressure level of the SDH (∼650 hPa). This height was estimated through the

maximum vertical gradient of θ (Sullivan et al., 1998). The UAV was flown simultaneously

from the same two locations as the balloon launches (described in 4.3.1) from the ground

to up to 500 m above the ground level (agl) from the surface on November 21st and 22nd

every 30 min from 09:00 to 12:00 LT. From these flights we obtain the vertical profiles

of θ to characterize the first 500 m agl of the ABL. UAV flights were, unfortunately, not

possible after 12:00 LT due to high winds.

4.3.4 WRF regional modeling

To complete the analysis of the E-DATA experiment, we reproduce the same period

using the Weather Research and Forecasting (WRF) model version 3.7 (Skamarock et al.,

2008). We aim to study the atmospheric circulation that is formed daily from the Pacific

Ocean to the Andes western slope. We follow the methodology suggested by Jiménez

et al. (2016), which consists of performing consecutive, short WRF runs initialized at

0 UTC and running for 48 h. The first 24 h of each run is used as a spin-up for the

physical parameterizations and the 24-48 h to represent the weather conditions of the

simulated day. Therefore, we only analyzed and evaluated the period 24-28 hours. This

methodology ensures that each simulated day starts with its real respective initial and

boundary conditions. Initial and boundary conditions are taken from ECMWF ERA-

INTERIM reanalysis data for 20◦S /68◦W with a 0.5◦ spatial resolution. By using this

dataset input, every six-hours there is an update of the tendencies due to the large-

scale forcing. Figure 4.2c shows the horizontal distribution of the four two-way nested

model domains, detail information can be found in Table 2.4, Section 2.4. The inner

domain (D04) includes all the measurements gathered in the E-DATA experiment. In the

vertical direction, we imposed 61 non-equidistant grid following an exponential shape that

maximizes the number of vertical levels in the boundary layer, i.e. 40 within the first 2000

m. Several physical processes such as radiation, surface and boundary layer, convection,

microphysics, and land surface model are parameterized in WRF, they are also detailed

in Table 2.4. A comprehensive model validation from both surface and vertical variables
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is presented in detail in Section 2.4.

4.4 Results and discussions

The comprehensive data-set of E-DATA enables us to study the main processes

governing open water evaporation in arid conditions. The main factors under analysis

are radiation, turbulent mixing and water vapour pressure deficit. In this section we

systematically study how the local and regional scales contribute to the diurnal variability

of E.

The results section is organized as follows. First, it shows the differences in E

depending on where the measurements were taken: over water, wet-salt and desert surfaces

(Section 4.4.1). Then, the main focus is on the results obtained at the water surface.

Additional local surface measurements and boundary layer profiles that help to define the

distinct E regimes are presented in Section 4.4.2. Finally, section 4.4.3 shows the WRF

modeling results that help us to understand the local measurements of E in the saline

lake by adding a regional perspective to the air flow.

4.4.1 Local measurements: surface energy balance

Figure 4.3 displays the average diurnal cycles of the SEB terms, i.e. net radiation

(Rn), ground (G), latent (LvE), and sensible (H) heat fluxes observed above water,

desert and wet-salt surfaces. All the sites are located within in a radius of 10 km. Typical

daytime values of the SEB terms are summarized in Table 4.2.

Our measurements show exceptionally high Rn levels over the water surface (∼950

W m−2), less for the desert surface (∼700 W m−2) and considerably less for the wet-

salt (∼500 W m−2). The Rn daily cycles follow a typical sinusoidal diurnal cycle with

the intermittent presence of high clouds (Fig. 4.3). In the absence of four-component

radiation measurements at the three sites we cannot provide a detailed breakdown of the

short and long-wave radiation components to Rn. Assuming that the incoming short-

and long-wave radiation terms are equal for all sites, and taking the near surface soil

temperature (<1 cm depth) as a proxy for the long-wave outgoing radiation we can see

the following (see also Table 4.2). Maximum incoming shortwave radiation is ∼1,250 W

m−2, which is close to the solar constant at the top of the atmosphere (∼1,360 W m−2)

probably due to the high altitude and dry conditions of the study site. At ∼250 W m−2

maximum long-wave incoming radiation is rather small, due to the thin atmosphere and

mostly cloud-free conditions. The albedo of the desert surface is closer to the albedo

of the water than the wet-salt (0.21 vs 0.12), but it is mainly the difference in surface

temperature (27 vs 22◦C) that leads to a larger long-wave outgoing radiation loss and thus

lower Rn. Compared to water, the wet-salt surface has a comparable surface temperature

(20 vs 22 ◦C), but it is the considerable difference in albedo (0.58 vs 0.12) that leads to
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Figure 4.3: Diurnal cycle of the surface energy balance (SEB) observed during the E-DATA

field experiment. Mean separated components are shown in colour lines and maxima and

minima by shadings. (a), (b) and (c) show the SEB over the water, wet-salt and desert

surfaces, respectively. Vertical dotted lines indicate the time of regime change. A photograph

of each SEB-station installed is shown at the right side of each graph.
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Table 4.2: Radiation and surface energy balance variables measured and inferred from com-

plementary measurements above water, wet-salt and desert surfaces during the E-DATA ex-

periment. Maximum mean values of incoming short- (Swin) and long-(Lwin)wave radiation,

albedo, surface temperature (Ts), Rn, G, LvE, H and daily mean of Bowen ratio.

Swin Lwin Albedo Ts Rn G LvE H Bowen ratio

[Wm−2] [Wm−2] [ - ] [◦C] [Wm−2] [Wm−2] [Wm−2] [Wm−2] [ - ]

Water 1,250 250 0.12 22 950 500 500 100 0.2

Wet-salt 1,250 250 0.58 20 500 400 50 200 4

Desert 1,250 250 0.21 27 750 200 5 500 100

a larger short-wave outgoing radiation loss and thus much lower Rn.

While Rn shows a clear sinusoidal diurnal cycle, the SEB heat fluxes show two

distinct regimes. The first occurs in the morning (07:00 - 12:00 LT) and is characterized

by very low values of LvE (< 30 W m−2), almost zero H, over the water surface for

instance. As a result, most of the radiative available energy is used to heat up the lake

water and underlying soil sediment (G ≈ Rn, with values up to 600 W m−2). The second

regime occurs in the afternoon to early evening (12:00 - 20:00 LT). It begins with a rapid

(2-hour) rise in LvE and to lesser extent also in H at the expense of G, which diminishes

in the afternoon to the point at which it becomes negative and provides additional energy,

in addition to the decreasing Rn, to the turbulent fluxes H and LvE. Focusing on E, its

behaviour is atypical for surfaces where water is plentiful and E is mainly driven by the

available energy (energy-limited system). Here, our analysis shows that in the morning E

is very small even though the levels of Rn are very high, which indicates that it is limited

either by turbulence or V PD (see Section 4.2). In turn, in the afternoon, the E-regime

changes to the typical Rn-limited type to the point at which it requires additional energy

from the soil (G becomes negative even before 15:00 LT).

On the wet-salt and desert surfaces, two similar surface flux regimes are observed,

indicating that this feature dominates the entire study site and is not only specific to the

water surface. However, there are interesting differences between the wet-salt and desert

surfaces with respect to the water surface. In the wet-salt surface all the heat fluxes are

much lower, reflecting the limited amount of Rn available (about half of that of water, as

shown in Table 4.2). Furthermore, the roles of H and LvE are reversed, i.e. it is H that

suddenly increases when the afternoon regime commences (water and wet-salt surfaces

Bowen ratio water of 0.2 and 4, respectively). The salt-crust reduces the soil evaporation

of the wet-salt surfaces, in addition to the salt lowering E in general (Kampf et al., 2005)

(Fig. 4.3b). In the desert, LvE is zero all day and Rn is balanced between G and H (Fig.

4.3c). The two regimes are clearly visible and show similarities to the wet-salt regime,

with the difference that in the morning regime G and H are similar while in the afternoon

regime H is dominant.
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In the next section we further analyse the mechanisms that explain the two-regime

behaviour in the local SEB fluxes and link them to a description of the local boundary-

layer profiles.

4.4.2 Local perspectives: from surface to atmospheric boundary layer

Figure 4.4a shows the mean daily cycle of wind speed (U) and direction (WD)

over the water surface. Over wet-salt and desert surfaces, a similar diurnal variability

is observed (Appendix B). The morning regime with low turbulent fluxes is related to

conditions of very low wind speed (U < 1 m s−1) and variable wind direction between

the S and SW. The afternoon regime with high turbulent fluxes is related to high wind

speeds (U > 10 m s−1) and a well-defined wind direction from the West. This wind

pattern is typical of this season and has been observed regularly in 2015, 2016, and 2017

as well.

Figure 4.4b shows that as a result of the low wind speed in the morning the aero-

dynamic resistance is very high (ra > 400 s m−1; turbulent kinetic energy, TKE ∼0 m2

s−2) and E in SDH can be regarded as turbulence-V PD-limited (see Equation 4.1). Note

that in absence of any wind the water surface is extremely smooth (de la Fuente & Meru-

ane, 2017; Suárez et al., 2020) and subsequently the surface roughness does not assist

in generating shear. Additionally, H over the water is nearly zero as well, meaning that

the high ra is the result of the absence of both shear and buoyancy-generated turbulence.

In contrast, for the desert surface, this occurs when the winds are equally low but the

temperature gradient is steep enough to sustain a mainly buoyancy-driven H of about 200

W m−2. In the afternoon, when the strong wind starts, ra drops dramatically and TKE

increases in the same manner (4 m2 s−2, see inset Fig. 4.4a), which results in the onset of

the fluxes, when the E regime goes from a turbulence-V PD-limited to a radiation-limited

E regime.

We now connect the gradients of temperature (linked to buoyancy forced turbulence)

and moisture (linked to the V PD) between the surface of the water and the atmosphere at

1 m height, as well as how these affect E. Figure 4.4c shows the daily cycle of near-surface

temperature (Ts), ∼1 m height air temperature (T ) and surface-1 m thermal gradient

(dT ), over the water surface. The early morning (03:00 - 07:00 LT) displays low values of

dT , where both air and water surface set below 0 ◦C and stay nearly -constants due to the

formation of water ice. In the late morning, Ts and T increase rapidly, and mild thermal

gradients corroborate the low H (Fig. 4.3a) and no buoyancy-generated turbulence. In

the afternoon, dT increases to about 7 ◦C and then falls in accordance with the available

radiation. Note that there is a lag between Ts and T peaks, where T decreases earlier

than Ts. This behaviour is explained by the effect of the wind and cold air advection,

which is stronger at 1 m than at the surface. The latter is corroborated by the H > 0 W

m−2 shown in Figure 4.3a from 12:00 LT.
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Figure 4.4: (a) Mean diurnal cycle of wind speed (U), turbulent kinetic energy (TKE),

and wind direction (WD) of a representative day (November 18th), (b) mean diurnal cycle of

aerodynamic resistance (ra), (c) air temperature (T ), surface temperature (Ts) and thermal

gradient (−dT ) and (d) air specific humidity (q), surface saturated specific humidity (qs) and

moisture gradient (−dq) observed over the water surface. Vertical dotted lines indicate the

time of turbulent regime change, blue dashed lines the sunrise-sunset, and shadings represent

maximum and minimum observations. Observations from November 15th-24th 2018.
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Figure 4.4d shows the daily cycle of saturated-specific humidity (qs), 1 m height

specific humidity (q) and the surface-1 m humidity gradient (dq), over the water surface.

In the morning, dq are small due to qs being constant according to Ts (ice on water). Note

that the gradient is taken between 1 m and z0h (very close to the surface). This does not

seem to warrant the system being labeled V PD-limited. However, the absolute q of the

IRGA (sensors in Table 4.1) is sensitive to calibration issues, therefore we hypothesize

that the gradient very close to the surface could have been smaller, to such a degree that

the lack of turbulence results in a thin, water-saturated layer that prevents the creation

of a gradient, and as a result leads to very small values E. During the late morning qs
increases according to Ts and q shows a sudden drop of about 1 g kg−1, just before the

change in the wind regime. Finally, during the afternoon, qs reaches its peak and then falls

according to Ts. Likewise, q increases by 2 g kg−1 revealing, together with T , an advection

of cold and slightly moister air into the study site. The advection of heat and moisture is

discussed below in the vertical profile measurements and WRF modeling results.

These surface gradients are very dependent on the diurnal evolution of the ABL.

Here, we present the vertical profiles at the water and desert surfaces as observed in

the morning (Fig. 4.5). During the morning in the desert, the vertical structure of

potential temperature, θ and specific humidity, q follows the evolution of a prototypical

dry convective ABL (Figures 4.5a and 4.5b). The morning starts (09:00 LT profile) with

a shallow unstable layer, corresponding to the unstable surface layer, followed by a stable

layer until 1000 m agl. Driven by the surface sensible heat flux (H = 100 W m−2), the

ABL rapidly develops into a deep, well-mixed ABL (12:00 LT profile) where the boundary

layer is capped by an inversion at h=1,800 m. The entrainment of dry, warm air from

above the ABL supports its growth to 12:00 LT. On the basis of the high warming observed

from 09:00 to 12:00 LT (Fig. 4.5a), we have estimated a non-local contribution of warm

air close to 140 W m−2.

Contrary to this, in the early morning over the water surface, we observe, for both

the θ and q profiles (Figures 4.5c and 4.5d, 09:00 LT profiles) a transition from a stable to

a close to well-mixed profile. The stable profile at 09:00 LT is quantified in 0.026 K m−1,

and starts to decrease its stability to 0.016 K m−1 at 10:00 LT, 0.00 1 K m−1 at 11:00 LT,

and reaching a well-mixed type profile at 12:00 LT (∂θ/∂t with >0.001 K m−1). From

11:00 to 12:00 LT the θ-profile shows an entire well-mixed boundary layer higher than 500

m, which is probably attributable to the desert convective ABL that is dominant on the

study site (Fig. 4.5a). In the absence of wind and significant heat fluxes in the morning,

the ABL is not driven by surface processes and weak, local (meso-scale) flows are likely to

be dominant. Figure 4.6 shows the time-series of a typical day of U , and T of a westward,

upslope transect of meteorological stations (see Figure 4.2). Here, in the early morning

(03:00 - 06:00 LT) a WNW flow is visible, in which cold air accumulates at the lowest

station. Figure 4.6 also shows that in the course of the morning the wind direction veers

180◦ to ESE. The night downslope and morning upslope circulations are indicative of a
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Figure 4.5: Morning vertical profiles of potential temperature (θ), and specific humidity (q)

over the desert surface (a and b) 20.35◦ S - 69.90◦ W at 3,931 m asl in November 22nd 2018,

and over water surface (c and d) 20.27◦ S - 68.88◦ W at 3,790 m asl on November 21st 2018.
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katabatic (early morning)-anabatic (late morning) circulation between the low-lying saline

lake and the surrounding mountain ridges. The anabatic circulation interacting with the

top of the boundary layer potentially exhibits return flow that leads to a compensated

subsidence over the lake (Whiteman et al., 2004), which would explain the eroding of the

stable ABL in the course of the morning (Fig. 4.5c), as well as the warming observed

in Figure 4.5a. In section 4.4.3 we return to the observational evidence by combining it

with the analysis of the WRF results in order to determine the diurnal variability of these

local circulations.

Figures 4.7a and 4.7b depict the wind profiles for the entire day as measured at the

desert site. These profiles are very similar to those measured over the water. We therefore

assume them as being representative of the entire study site. In the morning the winds

are weak (<2 m s−1 ) coming from different directions through the height, similarly to

the ones represented in Figure 4.4a. In the afternoon the westerly wind increases strongly

all across the boundary layer but is especially concentrated in a shallow jet near the

surface (between 0∼250 m) with maximum wind speeds of ∼15 m s−1 at z∼80 m. These

observations confirm that the surface winds are coupled to boundary-layer dynamics,

which in turn are determined by the regional circulation flows.

Figure 4.7c shows the evolution of the ABL depth as determined from the θ profiles

over the desert and water surface. After the strong convective growth in the morning

(∼530 m h−1), we observe that the boundary layer height decreases rapidly in the after-

noon, from 1600 m agl at 12:00 LT to 750 m agl at 17:00 LT over the water and from 1800

m agl to 650 m agl over the desert. We attribute this decrease to a change in the wind

regime, which allows the entrance of air masses with different temperature, moisture, and

stability (Figures 4.8a and 4.8b). The mixed ABL values at 15:00 LT are cooler (decrease

of ∼55 K) and moister (increase of 3 g kg−1) than those observed at 12:00 LT (Figures

4.5a and 4.5b). Although the advected air is moist, compared to the desert conditions (q

∼0.5 g kg−1), it is still characterized by a very low specific humidity (q ∼3 g kg−1) consid-

ering the above-water conditions (qs >15 g kg−1). Hence, these moisty air mass does not

significantly contribute to the E (see V PD subterm in Equation 4.1). Moreover, the ABL

during the afternoon at the desert site is characterized by a strong inversion capping at

∼500 m above ground, in which at 18:00 LT θ jumps, ∆4 K (Fig. 4.8a) and q jumps ∆q 2

g kg−1 (Fig. 4.8b). Likewise, the ABL formed in the afternoon (after regional flow arrival)

over the water presents a higher inversion capping that the desert (750 m agl), but lower

θ jumps, ∆1 K (Fig. 4.8c), and higher q jumps ∆q 3 g kg−1 (Fig. 4.8d). Returning to the

surface fluxes presented in Figure 4.3a, we can now identify two mechanisms that increase

H in the afternoon. The first is wind-enhanced turbulence, which increases the mixing

efficiency between the surface and the atmosphere. Second is advection of cool air that

increases the θ-gradient and the subsequent near-surface instability of the atmosphere.

Based on the turbulent heat fluxes (Fig. 4.3) and the ABL height (Fig. 4.7b), and using

the second term of equations (4.3) and (4.4) as a residual, we quantify in Table 4.3) the
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Figure 4.6: (a) Transect-averaged of wind direction (WD) and wind speed (U) the E-DATA

on November 21st, 2018. (b) The air temperature of the MET-station transect shown in Fig.

4.2b on November 21st, 2018.
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Figure 4.7: (a) Diurnal cycle of wind speed (U) and (b) wind direction (WD) vertical profiles

and (c) boundary layer height (h) over the desert (November, 22nd; 20.35◦ S - 69.90◦ W; 3931

m asl) and water (November, 21st; 20.27◦ S - 68.88◦ W; 3,790 m asl) surfaces determined by

radiosounding (RS) and WRF simulation.

local (surfaces fluxes), non-local (entrainment) and regional (advection) contributions to

the mixed-layer tendencies of θ and q between 15:00-18:00 LT. It is not surprising that

with LvE=0, the increase in humidity of 0.2 g kg−1h−1 is entirely accounted for by regional

advection (See computation details in Appendix D). Here the overall trend is relatively

small (+0.33 K h−1), given the relatively large H=400 W m−2 (17:00 LT), due to the

cool-air advection, which largely cancels the local heating.

Table 4.3: The local (surface fluxes), non-local (entrainment flux) and regional (advection)

contributions of ∂q/∂t and ∂θ/∂t (equations (4.3) and (4.4)) corresponds to the period be-

tween 15:00 and 18:00 LT. These contributions are therefore averaged over this period and

were taken above desert and water surfaces. Note that observations above the desert follow

satisfactorily the assumptions of the Mixed-layer equations (4.3) and (4.4). Total tendencies,

local and non-local contributions are based on SEB stations and radiosounding measurements,

whereas advective contributions are estimated as a residual of equations (4.3) and (4.4) (see

computation details in Appendix D).

h ∂q/∂t Local Non-local Regional ∂θ/∂t Local Non-local Regional

[m] [g kg−1 h −1] [g kg−1 h −1] [g kg−1 h −1] [g kg−1 h −1] [K h−1] [K h−1] [K h−1] [K h−1]

Desert 500 0.20 0.00 0.00 0.20 0.33 2.69 0.00 -2.36

Water 680 0.28 0.86 0.01 -0.59 0.33 0.66 -0.0006 -0.324

The afternoon profiles over water (Figs. 4.8c and 4.8d) show that on the arrival of

the afternoon wind regime, the stably stratified boundary layer up to 500 m present at

the end of the morning (Figure 4.5c and 4.5d) becomes progressively eroded. In contrast

to the eroding shallow mixed layer in the morning, in the afternoon, the destruction of

the existing boundary layer structure is driven by the surface processes. This process
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Figure 4.8: Afternoon vertical profiles of potential temperature (θ), and specific humidity

(q) over the desert surface (a and b) 20.35◦ S - 69.90◦ W at 3,931 m asl on November 22nd

2018, and over the water surface (c and d) 20.27◦ S - 68.88◦ W at 3,790 m asl on November

21st 2018.
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is explained by: a) enhanced mechanical turbulence from the strong winds of the near-

surface jet (Fig. 4.7a); b) higher surface temperature (Fig. 4.4c) by the wind-induced

mixing of the shallow water layer, and c) enhanced instability due to the cold air advection.

This results in a shallow unstable layer, ranging from 0 m to ∼150 m above the water

surface between 15:00 LT and 18:00 LT. These levels are similar to the depth of the jet

shown in Figure 4.7a. Regarding the moisture budget, the arrival of the wind flow in

the afternoon moistens the unstable layer, while wind shear mixes it, resulting in steadily

better-mixed q-profiles. At 21:00 LT an around 400 m-deep well-mixed boundary layer

has developed over the water surface. Considering the budgets of local, and non-local

versus regional contributions to the q and θ mix layer tendencies over the water surface

(Table 4.3), we quantify a major local q contribution of about 0.86 g kg−1h−1 between

15:00 and 18:00 LT, and a small non-local contribution of 0.0006 g kg h−1. This moisture

contribution exceeds the q-tendency observed, which can be only balanced by the negative

regional contribution (-0.59 g kg−1h−1). The negative regional contribution of q confirms

that even though the advected air is moist compared to the desert conditions, this is

still dry for the water surface conditions. The θ-tendency behaves similarly to that of

q, whose local contribution of heat is equivalent to double the tendency value, but it is

compensated for by cold regional flow (negative θ contribution).

4.4.3 Regional perspectives: modeling multi-scale mechanisms influencing E

at SDH

In the previous sections, the measurement results indicate that E in the SDH is

largely controlled by small-scale local circulations during the night and morning. This

E pattern changes in the afternoon by the formation and arrival of regional meso-scale

circulations. In order to better quantify how this circulation influences E at the SHD, we

analyse WRF model results of the atmospheric conditions surrounding the SDH, using

the regional-scale model WRF. We focus on two issues. The first concerns evaluating

whether our measurements are influenced by small flows from katabatic-anabatic effects

that dominate nighttime and morning boundary layer in the absence of strong local or

regional forcing. The second and more important one is the quantification of insights

into the mechanism that generates the strong winds in the afternoon and produce the

enhancement of E.

The local conditions that dominate the E in the SDH are analysed in Figure 4.9,

which depicts the wind flow and temperature in the study site at 07:00 LT calculated

with a grid resolution of 1 km, i.e. an effective resolution of approximately 3 km. The

circulation is characterized by a downward flow from the surrounding mountains (z >4,500

m asl) around the lowlands (z ≈3,800) where the saline lake is located, which tends to

accelerate over pronounced slopes and closely follows the shape of the terrain. However,

the lowest temperatures shown at the bottom of the valley in our observations (Fig. 4.6)

are less clearly recognizable in the model (Fig 4.9a), where low temperatures occur in
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Figure 4.9: E-DATA period-averaged wind flow WRF simulation of domain D04 at 1km-

resolution. (a) Surface U and T at 07:00 LT. (b) Surface U and T at 10:00 LT. (c) U and

vertical wind (W ) at 13:00 LT. The black dot represents the saline lake.
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the surroundings of the lake. This down-slope flow is responsible for the stratified layers

observed over the water surface at 09:00 LT (Fig. 4.5c). This katabatic flow progressively

decreases in the course of the morning whereas a transition from stable to well-mixed

layer occurs above the water from 09:00 to 12:00 LT (Fig. 4.5c). Here, we observe two

processes that are responsible for the local circulation and the low surface fluxes over the

water during the morning (Fig. 4.3a). The first , between 09:00 - 10:00 LT, is an anabatic

radial flow from the lake to its surroundings (Fig. 4.9b). The second one, a downward

flow produced by the interaction between the anabatic flow with the thermally driven

wind during the morning-afternoon transition. This flow shown in Figure 9c produces

a compensated subsidence (Whiteman et al., 2004) at the western margin of the SDH

valley, which explains the morning stratification over the lake shown in Figure 4.5c.

To characterise the recurrence of the wind pattern and its robustness at larger spatial

scales, Figure 4.10 shows averages over 10 days (E-DATA period) of zonal wind speed

(U), temperature (T ), and specific humidity (q) in the morning (10:00 LT) and afternoon

(16:00 LT) in a SW-NE vertical cross-section of the Andes mountains obtained by the

WRF model. In the morning we identify two main zones with clear U , T and q conditions.

The first corresponds to the coast (z < 1 km) over the ocean (70.3◦ W), where the marine

boundary layer (MBL) is characterized by low westerly winds of 2 m s−1 (Fig. 4.10a), a

thermal inversion capping at ∼1 km height (Fig. 4.10b) and a quite well-mixed MBL with

a moisture ranging between 7 and 10 g kg−1 (Fig. 4.10c). The second zone corresponds to

the western slope of the Andes (70.0◦ W to 68.5◦ W) above z > 1 km. This zone presents

a very low U (∼1 m s−1) that increases to 2 m s−1 at the surface up-slope, producing a

small local circulation in the SDH basin (see red square in Fig. 4.10a). Likewise, there is

a thermal contrast between the land and the top of the MBL (5 K) and incipient heating

in the surface (70.0 ◦ W) together with a vertical thermal stratification of the atmosphere

of 0.6 K per 100 m. Finally, low values of moisture are observed at middle altitude lands

(∼4 g kg−1), with a variation ∼ -1 g kg−1 per km ascended on the slope (Fig. 4.10c).

During the afternoon, the morning conditions rapidly intensify. The U increases at

the surface >10 m s−1) along the slope, with a steep variation in its vertical profile, i.e.,

the weakest zonal winds are between 2 and 4 km asl (∼1 m s−1). Above ∼4 km asl, typical

synoptic southwesterly winds are found with speeds around 5 m s−1 (Fig. 4.10d). The

thermal contrast between the MBL top and the inland desert surface increases up to 10 K

in the afternoon, in association with intense land warming. This strong wind circulation

is characterized by higher values of the specific humidity (4 - 6 g kg−1) from the top

MBL (z: 1-2 km and longitude 70.3◦ W) along the side of the Andes slope (Fig. 4.10f).

This strong advection follows two paths, one reaches the SDH and increase the specific

humidity from 1 to 3.5 g kg−1, and the other one returns back westward at ∼2 km asl.

Two additional mechanisms on the western slope of the Andes that enhance the surface

wind flow are also reproduced by the numerical experiment in WRF. The first mechanism

is an anabatic flow formed at the midlands (70.0◦ W) driven by the high sensible heat
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Figure 4.10: Vertical cross-section of diurnal atmospheric circulation on the Pacific Ocean

Andes western slope, simulated with WRF for the E-DATA diurnal-averaged along 21.5◦ S.

Black arrows represent U (zonal winds) and WD and the red square the SDH. (a), (b), and

(c) represent U , T and q, respectively, during the morning, and (d), (e) and (f) are the same

for the afternoon.
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fluxes, which corresponds to 73% of Rn. The second mechanism that is superimposed on

the anabatic flow is a surface flow acceleration along the slope, which we recognise as flow

channeling. This channeling is given by the shape of the topography and the subsidence

produced by the SE subtropical anticyclone (Rutllant et al., 2003) over the the SE Pacific

Ocean and the western slope of the Andes. The flow is then channeled down into the

SDH basin from the SW, producing local subsidence (Fig 4.9c). In summary, the origin

of the strong wind that controls the evaporation in the Salar del Huasco originates in the

regional daily atmospheric circulation from above the MBL to the Atacama Desert.

4.5 The role of atmospheric circulation on evapora-

tion

Analysis of the observations carried out during the E-DATA field experiment and

the WRF simulations enable us to propose a physically based explanation of the main

role played by the wind in the control of evaporation in the Salar del Huasco basin.

Figure 4.11: The regional and local circulation patterns that act between the Pacific Ocean

and the western slope of the Andes. H and L (black arrows) represent the synoptic high and

low pressures. A) corresponds to the regional zonal circulation from the top of MBL and

(B) corresponds to the zonal circulation within the MBL resulting from the coastal daytime

warming. Grey arrows (left) represent the regional zonal wind intensity. 1 (red arrows)

indicates the anabatic flow. 2 schematises the topographic channelling process. 3 (blue arrows)

shows the advection. Blue dotted line represents the formation of boundary layers, and cyan

arrows the E produced by turbulence (circular arrows).

The overall dynamic of the regional atmospheric circulation interacting with local-

scale processes described in the results is depicted in Figure 4.11. The regional circulation



100 Chapter 4: Local evaporation controlled by a regional circulation

is a result of a multitude of processes and mechanisms interacting at scales from about 100

km to 100 m close to SDH. The main dominant atmospheric circulation driver is the ther-

mal contrast between the above the MBL of the Pacific Ocean and the western slope of the

Andes. Two principal and independent atmospheric circulations are dominant at daytime

on the regional scale: (A) an thermally driven flow from the above the MBL (Rutllant

et al., 2003) and (B) a local sea breeze formed within the MBL that interacts with the

coastal mountains (Rutllant et al., 2003; Lobos-Roco et al., 2018). Two other phenomena

that occur on smaller spatial length scales reinforce this regional flow: anabatic flow (1)

and topographic channeling (2), which enhance the inland flow from above the-MBL (A)

when this reaches land. The interaction of these meso-scale (A and B) phenomena results

in (3) the horizontal advection of air masses driven by the surface winds. Part of this

advection transports cold and dry air into the Andes highlands basins, whereas the other

part returns back into the midlands forming a small cell (Rutllant et al., 2003). This

thermally driven flow interacts with the synoptic flow (4-5 km asl) when both arrive to

SDH. This multi-scale regional circulation influences the evaporation at SDH in two ways:

by producing mechanical turbulence and by transporting the cold and dry air above the

water surface. Both processes lead to an abrupt transition in the diurnal variability of

the evaporative pattern over open water: from being almost zero during the morning to

large evaporation from the noon.

This regional circulation has already been well studied. Rutllant & Ulriksen (1979)

and Rutllant et al. (2003) describe observations of the southwesterly atmospheric circu-

lation for summer and winter at 250 km S of the SDH, as a consequence of the diurnal

ocean-land thermal differences. This result corresponds to the circulation system (A) de-

picted in Figure 4.11. This same pattern as we found has been also reported in numerical

experiments performed in November 2008 by Rutllant et al. (2013) as well. Rutllant et al.

(2003) also suggested that the atmospheric circulation (B) in Figure 4.11 can be coupled

to the system A. This occurs when the marine subsidence inversion is weak, allowing for

the entrance of marine air masses to the desert. Our numerical experiment also shows

this interaction, from where the air that is advected towards the SDH starts ((3) in Fig.

4.11).

The values of q and T at the level of 1 km asl in our results agree with the vertical

profiles observed by Muñoz et al. (2011) for the Atacama coast, which are the same as we

observe arriving during the afternoon at SDH. However, further research must investigate

the origin of the moist and cold air mass that arrives at SDH, in order to accept or

discard the origin suggested by our results. Likewise, Falvey & Garreaud (2005) describe

the predominance of westerly winds from the free atmosphere towards the Andes western

slope ((A) in Fig. 4.11) during the summer at 500 km N of the SDH. The regional

atmospheric circulation for dry periods described by Falvey & Garreaud (2005) agrees

with our results for the dry season. Finally, the surface regional atmospheric circulation

was also found by Muñoz et al. (2018) in their analysis of surface wind measurements
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all around the Atacama Desert. Muñoz et al. (2018) reported predominant SW surface

wind speeds below 5 m s−1 during the morning, which intensify to 15 m s−1 during

the afternoon. These results agree with our observations (Fig. 4.4a) and our numerical

experiments (Figs. 4.10a and 4.10d).

With respect to the wind-related mechanisms that control evaporation, our research

extends to previous observational studies performed under similar environmental con-

ditions. The modeling results of de la Fuente & Niño (2010) show that Rn is mainly

balanced by LvE, which is driven by the afternoon wind during summer in Salar Punta

Negra (500 km S of the SDH). They also reported a similar LvE diurnal cycle, which is

close to 0 W m−2 in the morning and has a sudden enhancement in the afternoon caused

by changes in the pattern of winds (de la Fuente, 2014; de la Fuente & Meruane, 2017).

This result agrees with our description of morning-afternoon turbulent regimes shown in

Figure 4.3a, but also regarding the diurnal cycle of ra (Fig. 4.4b). In a different region,

the relationship between wind and LvE has been also observed by de de Bruin et al.

(2005) over a crop field surrounded by a desert area in Idaho, USA. de de Bruin et al.

(2005) observed that the advection of dry and warm air from the surrounding desert,

shows a negative H in the SEB, resulting in ratios of LvE/Rn > 1. However, our results

show a different pattern, since over the three different surfaces LvE/Rn is always lower

than 1 and H is positive (Fig. 4.3). On the other hand, Tanny et al. (2008) describe the

LvE diurnal cycle in a water reservoir in northern Israel. They estimated the evaporation

rates using several models, and validated their estimates by means of direct evaporation

measurements performed with an eddy covariance system. They concluded that a better

agreement between measured and estimated E occurs for models that represent better the

wind diurnal cycle compared to those that consider the wind contribution to be constant.

This agrees with our observations as shown in Figures 4.4a and 4.4b.

Our findings related to ABL dynamic show different results above the SDH com-

pared to classical interpretation of atmospheric boundary layers (Stull, 1988). However,

they compare well with previous studies performed in different environments. First, the

morning dynamic of the ABL described in section 4.3 has been also reported by White-

man et al. (2004) and Whiteman (1989) in closed mountain basins in the Alps, the Rocky

Mountains and Bush Creek Valley in the US. The authors show similar vertical profiles

in the saline lake during the morning at the bottom of the valley. Moreover, the same

dynamic of morning anabatic wind and the consequent compensated subsidence has been

observed via a conceptual model by Whiteman et al. (2004). Our results share some sim-

ilarities with those obtained by Batchvarova & Gryning (1998), describing changes in the

boundary layer due to the sea-land breeze advection conditions in Athens. Even when

geographical differences between these two locations exist, the profiles show the same

diurnal evolution of the thermal structure observed over the water surface at SDH (Fig.

4.8c and 4.8d). Likewise, the wind vertical profile reported by Batchvarova & Gryning

(1998) agrees with our observations (Fig. 4.7a). This wind profile characterized by a
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surface jet has also been observed by Raynor et al. (1979) in the Atlantic’s US coastal

ridge under summer sea-land breeze conditions.

This research might be extended to contribute to the understanding of the clima-

tology of the evaporation process. For instance, more work needs to be done to obtain

evaporation estimates over different seasons, such as the summer rainy season over the

desert, where synoptic and radiative conditions change completely. Similarly, more work

is needed to reduce the uncertainties in observations, for example by using a range of

different methods to integrate the surface heterogeneity. Additionally, WRF simulations

might enable us to design numerical experiments to improve our understanding of changes

in the regional circulation that can affect wind patterns and therefore evaporation in the

highlands. Our results demonstrate that there is significant variability in evaporation at

scales below 1 km, and the relevance of coupling regional circulations to micrometeoro-

logical experimental studies, thus helping to improve the representation of E in models,

and consequently, improving water management in arid regions.

4.6 Conclusions

We investigate the diurnal variability of evaporation in a saline lake at high altitude.

By combining surface and atmospheric high-resolution observations taken during the E-

DATA field experiment and high-resolution WRF modeling results, we have found that

the wind, governed by thermal and orographic differences on different spatial scales, is

the main driver of evaporation in the Salar del Huasco. The absence of turbulence (wind)

in the morning produces a high aerodynamic resistance that inhibits the transport of

moisture from a saturated surface layer over the water into the atmosphere. This occurs

when Rn is not a limiting process. During the afternoon the arrival of the regional flow

triggers turbulent kinetic energy (4 m2 s−2 after midday) driven by the shear. This

enhancement in the turbulent mixing is accompanied by the advection of cold and dry air

that enhance the evaporation.

More specifically, our results distinguished two regimes: (1) the morning local regime

dominated by high net radiation and ground heat flux, low wind speed (<2 m s−1), a low

surface-atmosphere moisture gradient (∼3 g kg−1) and an extremely low evaporation rate

(∼0 W m−2). During this regime, the principal limiting driver of evaporation is the

mechanical turbulence, in the absence of which the air at a saturated specific humidity

over the water is unable to mix with the dry atmosphere. Similarly, the available net

radiation is almost totally transferred to the soil, acting as a secondary factor in controlling

evaporation. (2) The afternoon regional regime dominated by surface fluxes of latent and

sensible heat flux, high wind speed (>10 m s−1), a very high surface-atmosphere moisture

gradient (∼10 g kg−1) and a sudden increase in evaporation over the water (500 W

m−2). This regime is no longer limited by wind (turbulence), instead, the decrease in net

radiation, in the transition to the evening, characterizes the limiting factor. Similar regime
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patterns are observed over wet-salt and desert surfaces. However, the most representative

and sensitive variable is the sensible heat flux. For this reason, we conclude that these

regimes are representative of the SDH basin and indicate the complexity of the land-

atmosphere interaction due to large variations on sub-daily scales and the sub-kilometer

surface heterogeneity.

The afternoon regional regime also has an impact on the development of the atmo-

spheric boundary layer, particularly under the afternoon regime. The vertical profiles

observations show the interruption of the convective boundary layer growth over the

desert. Over the water, an initial mixed layer about 180 m deep is formed in the early

morning by katabatic winds. This mixed layer dynamically evolves into a stable layer in

the late morning due to a local circulation that entrains warm air aloft, creating a stable

stratified layer with thermal gradients of 0.02 K m−1. The afternoon regional wind stops

this stabilisation and leads to the formation of an unstable layer driven by high levels of

mechanical turbulence production (u∗ ∼0.65 m s−1).

Our explanation relates the local evaporation with regional atmospheric circulations.

We found that the regional circulation is due to three interconnected atmospheric phe-

nomena occurring at different spatial scales: (i) at 4,000 m the above of the MBL of the

Pacific Ocean characterized by a strong flow towards the land (15 m s−1), (ii) an anabatic

circulation driven by the contrast land-ocean (10 K) and (iii) a channeling of the flow

occurring at 3,000 m. The concatenation of these three phenomena leads to the daily ap-

pearance of strong winds, which then enhances the mechanical turbulence and, therefore,

evaporation. Our findings indicate the need to combine complete local measurements

with regional modeling to understand the interactions of arid land conditions conditioned

by a cold ocean and complex land topography.
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Abstract

Fog in the Atacama Desert is a virtually untapped source of fresh water in the driest

place on Earth. Focusing on understanding the role played by marine stratocumulus (Sc)

in the development of land-fog, we analyse surface observations made along a steep tran-

sect at different heights. These observations are combined with numerical experiments

performed using the Weather Research and Forecasting Model (WRF). We find two main

diurnal regimes based on atmospheric thermal stability, both of which determine the for-

mation and dissipation of fog. These are (a) a well-mixed regime characterized by low

gradients of potential temperature and specific humidity, low diurnal variability, and pres-

ence of Sc cloud-fog. (b) A stratified regime characterized by high gradients of potential

temperature and specific humidity, high diurnal variability, but no Sc clouds nor presence

of fog. By using the parcel method, initialised with surface observations, we characterize

the Sc cloud of nine typical fog events, estimating a mean cloud depth of 566 m between

740 m (±150 m) and 1,307 m (±30 m). Fog observations at ground level agree with these

cloud-base and cloud-top estimates, showing a liquid water mixing ratio of Sc cloud-fog

in the range 0.3 - 0.7 g kg−1. The study reveals that the advection of marine Sc cloud and

the stability of the boundary layer are key processes in the formation and dissipation of

fog. Sc cloud advection over land is modulated by upwind and driven by topography and

local circulation. We conclude that a realistic characterization of Sc cloud-fog is possible

by combining limited surface observations and numerical experiments.
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5.1 Introduction

Fog in arid regions is regarded as one of the few viable freshwater resources, playing

a key role in ameliorating water scarcity (Klemm et al., 2012). In the Atacama Desert,

water scarcity produces tensions between industry, civil society, and the environment,

all of which are dependent on the limited water resources available to develop (Oyarzún

& Oyarzún, 2011). Water is needed for human consumption, but also for energy and

food production, the fundamental basis of development (Schewe et al., 2014). The high

hydrological potential of the fog harvesting in the Atacama Desert is due both to the

interaction between the marine Sc cloud with the abrupt orography, and to its proximity

to major population centres such as Antofagasta, Arica and Iquique (Schemenauer &

Cereceda, 1994b). Due to these two characteristics, the fog is one of the most viable

freshwater resources to be tapped.

The Atacama Desert is believed to be the driest place on Earth, characterized by

rainfall of 0.1 mm per decade and large daily temperature variations between 5◦ C and 30◦

C (Weischet, 1975). However, the high humidity at the coast provided by the proximity

of the Pacific Ocean contrasts with the extreme aridity of the desert itself (Cereceda

et al., 1991, 2000). Like other deserts, the Atacama Desert lies on the west face of the

continent and owes its extreme aridity to three main processes (Weischet, 1975): (1)

downward vertical air masses leading to subsidence motions caused by the Hadley cell,

(2) cold-water upwelling led by the Humboldt current, and (3) the steep topography of

both the Andes and the coastal mountain ranges, which prevent the humidity from being

transported from the Amazon and the Pacific Ocean. Above the ocean, the first two

processes also enhance the formation of a Sc cloud deck that covers a large portion of the

Subtropical Southeast Pacific (SSEP) around 14◦ - 30◦ S (Cereceda et al., 1999). These

clouds are transported by the wind until they collide with the steep topography of the

mountain ranges (Fig. 5.1). The coast of the Atacama Desert is characterized by high

humidity and low thermal oscillations (Cereceda et al., 2008a). Due to the humidity

input from the Pacific Ocean, fog persists between 650 m and 1200 m above sea level (asl)

(Cereceda et al., 2002).

The coastal region of the desert lies between 18.5◦ and 23.5◦ S, around 70◦ W and

within 20 km of the shore (Fig. 5.2). The fog has been largely studied in terms of climate,

ecosystems, and water production. del Ŕıo et al. (2018), describe the interannual fog

variability and its relationship with macroclimatic phenomena. The spatial and temporal

distribution of Sc clouds (Osses et al., 2005; Faŕıas et al., 2005; Cereceda et al., 2008a)

and the relict vegetation in the so-called fog oases (Cereceda et al., 1991, 2000; Muñoz-

Schick et al., 2001) has also been widely described. Regarding the potential freshwater

uses, by using standard fog collectors (Schemenauer & Cereceda, 1994a) researchers have

measured annual means of fog collected between 1.1 and 7 L m−2 collector per day in

the range of 850 m and 1,100 m asl (Cereceda et al., 2008a). However, the quantity
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and quality of their observations were limited (Cereceda et al., 2008b), mainly due to

the lack of meteorological stations and the low frequency of the measurements. For

this reason, we still lack an in-depth understanding of the processes that control fog

formation, maintenance and dissipation (Cereceda et al., 2008b), particularly with respect

to the physical characterization and quantification of the fog and its relation with the

marine Sc cloud. Here, we take a fresh look at the fog phenomenon, from a physical and

meteorological perspective. By combining surface observations collected at three different

meteorological stations in a transect and regional modeling results, we aim to answer

the question: what is the physical influence of the marine Sc cloud in the formation,

maintenance and dissipation of the land-fog in the Atacama Desert?

The combination of different sources of surface observations with regional modeling

results aims for first time to compensate for the lack of high-quality measurements. The

surface observations, which included meteorological stations, satellite images and fog col-

lection measurements, were analysed together with the WRF model. This combination

of sources enabled us to characterize the vertical and horizontal scales of the marine Sc

cloud and its influence on the land-fog system (MS-LF) in their seasonal and diurnal

variability.

5.2 Key physical processes under study

The fog in the Atacama Desert is a complex system of interactions between atmo-

sphere and land that range from local to synoptic length scales. The marine Sc cloud

deck formed at SSEP covers length scales of 1,000 km from 14◦ to 30◦S. However, the fog

produced by the Sc cloud at land just occurs on a length scale of 10 km or less. Our view

of the processes of the MS-LF in the Atacama Desert is sketched in Figure 5.1.

The marine Sc cloud deck is a synoptic phenomenon formed as a result of the in-

teraction of two main fluxes over the ocean; surface heat fluxes and subsidence. The

left side of Figure 1 depicts the synoptic scale processes. The upward heat and moisture

fluxes move from the ocean surface to the top of the atmospheric boundary layer (ABL),

where they mix well, condense and form clouds (Bretherton & Park, 2009). This wet and

well-mixed air parcel is blocked by the inversion capping caused by the downward flux of

dry air (Weischet, 1975), which in turn is due to the subsidence that the Hadley cell pro-

duces in subtropical latitudes (Chang, 1995). Here, as a result of the instability created

by the longwave radiative cooling at the cloud top, dry air entrains into the cloud layer,

producing an exchange between the ABL and the free troposphere (Duynkerke et al.,

1995). The Sc cloud deck is transported by the horizontal wind from the south-southwest

(S-SW) towards the coastal mountain range of the Atacama Desert. This phenomenon

takes place mainly between 18◦ and 26◦ S (Cereceda et al., 2000, 2008a).

The horizontal wind transports the Sc cloud deck towards the land where, we hy-
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Figure 5.1: Physical processes associated with marine Sc clouds and the land-fog system

(MS-LF).

pothesize, it is affected by the buoyancy produced by the land surface heat fluxes that

forces the cloud base to rise, leading to the thinning of the cloud deck. We also suggest

that the high and steep topography of the coastal Atacama Desert produces an uplifting

of the cloud layer, which covers the land until it gradually dissipates inland. These pro-

cesses occur on a reduced length scale of between 10 km and 50 km. The contact between

the Sc cloud deck and the topography is known as fog in the Atacama Desert (Cereceda

et al., 2000) (Fig. 5.1). Cereceda et al. (2002), described a general classification for this

fog in the Atacama Desert, based on its origin; orographic, advective and radiation fog.

This classification is based on its spatial distribution, its effect on the ecosystems and the

amount of fog collected. The two first characteristics are formed in the coastal region of

the Atacama Desert. The orographic fog is produced by the humid air parcel transported

by the wind, which rises due to the presence of the high topography, condensing adia-

batically and thus leading to fog formation (Cereceda et al., 2000). The advective fog is

produced by the Sc cloud deck above the ocean once it arrives on land (Cereceda et al.,

2008a). When it encounters the orography, clouds at ground level are formed, thus the

fog (Klemm et al., 2012).

We focus our research on the advective fog, which has been reported by Cereceda

et al. (2002) and Cereceda et al. (2008a) as the most frequently observed fog in the

research area. We then propose a new classification, based on the stability of the ABL,

which takes potential temperature and specific humidity as classification criteria.
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5.3 Methods

5.3.1 Surface observations

Surface observations of air temperature, pressure, relative humidity, wind speed and

wind direction and fog collection were analyzed to characterize the evolution of the ABL.

The observations made at a resolution of one hour were collected from three meteorological

stations located at 40 m asl, 1,090 m asl and 1,219 m asl, and fog observations from stations

at 1,090 m asl and 1,219 m asl within 20 km of the coast. The fog measurements are

taken by a standard fog collector (SFC), which consists of a frame of 1.0 m−2 of double

polypropylene raschel mesh with a 35% shading coefficient (Schemenauer & Cereceda,

1994a). The units are liters of water per square metre (L m−2), which is equivalent to a

depth of water of 1 mm over 1 m2 of the collector surface. The time unit depends on the

data resolution; in our research we use an hourly resolution.

Figure 5.2a shows the contrast between the sea, characterized by a Sc cloud deck,

and the land, characterized by a steep topography where fog develops intermittently near

the coastline. Figure 5.2b shows the spatial distribution of the meteorological stations

and Figure 5.2c a schematic cross-section of their vertical distribution.

The meteorological station located at 40 m asl belongs to the Chilean Civil Aviation

Authority (DGAC), at Diego Aracena airport. The stations at 1,090 m asl and 1,219

m asl belong to the Pontifical Catholic University of Chile and Heidelberg University

respectively. We focus on the data analysis in 2015, since most of the stations were

continuously collecting data starting that year.

Nine representative days of fog events were selected for autumn, winter and spring on

the basis of fog collection, seasonality and the quantity and quality of the observations.

We calculated the potential temperature (θ) and specific humidity (q), using pressure

observed at 40 m asl as a reference. This means that we calculate the changes of a parcel

at 1,090 and 1,219 m a.s.l which is forced to descend to 40 m asl (p0). This enabled us to

determine whether the air masses at 40 m have similar characteristics to those of the air

masses at 1,090 m and 1,219 m. On the basis of these selection criteria, we determined

the difference in the conserved variables between the highest level (1,219 m) and the

reference level (40 m). Then, we define the following regimes for the nine cases (days)

under study:

∂θ

∂z
≈ ∆θ

∆z


< 3.10 · 10−3 K m−1 Well −mixed

> 3.10 · 10−3 K m−1 Stratified

(5.1)
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Figure 5.2: Research area; (a) Atacama Desert location MODIS image on July 21st, 2015 and

outer WRF model domain. (b) Spatial distribution of surface observations and inner WRF

model domains. (c) Schematic cross-section of the vertical distribution of surface observations.

∂q

∂z
≈ ∆q

∆z


< 1.60 · 10−3 g kg−1 m−1 Well −mixed

> 1.60 · 10−3 g kg−1 m−1 Stratified

(5.2)

5.3.2 Cloud characteristics

The cloud characteristics are determined by estimating the cloud base (CB) and

the liquid water mixing ratio (ql) of the cloud by the parcel method, and the cloud top

(CT) through a combination of remote-sensing procedures. The cloud characteristics were

inferred only for the well-mixed regime days because the θ is conserved until the lifting

condensation level (LCL) and q is conserved along the ABL.

To determine the CB, we utilised the parcel method (Wetzel, 1990), which assumes

that an air parcel is lifted from the surface without mixing during the ascension following

the dry adiabatic until the LCL. The parcel method enables us to infer the vertical profile

of ABL in terms of potential temperature (θ), specific humidity (q) and adiabatic water

liquid mixing ratio (qla) via surface observations. These thermodynamic variables enable

us to calculate the height at which the air condenses (LCL), where specific humidity
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equals the saturated specific humidity (q = qsat). As Sc clouds form within the ABL, we

assume the LCL to be the same as the CB. In our observations surface pressure at 40 m

asl is used instead of 1,000 hPa as a pressure reference level for all calculations, employing

the parcel method with this reference level for 1,090 m, and 1,219 m. Thus, we did the

following: (a) we calculated the changes in an air parcel ascending from 40 m by using

θ, p and q of the station at 40 m asl and (b) we calculated the changes in an air parcel

ascending from 40 m by using θ and q of the stations at 1,090 and 1,219 m asl

The ql was estimated by using simple criteria as ql = qs - q, if qs ≥ q, obtaining

a first rough estimate. In order to obtain more realistic values of ql we developed a

simple parameter m to take into account the mixing of air into the parcel method. This

parameter is inspired by the method used by Wetzel & Boone (1995). The mixing rate

parameter m, which ranges from 0 to 1, represents the amount of air in the environment

that is entrained into the parcel along with the rise of the parcel from the surface to the

top of the mixed layer. For m = 0, there is no air entrained and the parcel conserves

its original θ from the surface. For m = 1, the air in the parcel is identical to that of

the mixed layer when it reaches the top of the mixed layer. We assume that m does

not change throughout the mixed layer, so that the contribution of entrained air to the

parcel properties for m 6= 0 is linear with height. We also assume that the mixing rate is

independent of time, height and properties of parcel and environment and is identical for

temperature and moisture.

Using these assumptions and the variables presented, the potential temperature and

specific humidity of the parcel at a height z read:

θp(z) = (1−m z

zLCL
)θs +m

z

zLCL
θML (5.3)

qp(z) = (1−m z

zLCL
)qs +m

z

zLCL
qML (5.4)

The variables representing the state of the parcel are potential temperature θp and

specific humidity qp. Additional variables used by the parameterization are the height

of the parcel z, the height of the lifting condensation level zLCL, the liquid potential

temperature and total specific humidity of the mixed layer θML, qML and at the surface

θS, qs, and the (constant) mixing rate parameter m.

Finally, the cloud top (CT) is determined by combining the MODIS cloud cover

fraction (CC) and Aster-GDEM digital elevation model. We calculated the mean elevation

where the Sc cloud deck collides with the coastal cliffs. We base our calculations on two

criteria. The first is that 100% CC needs to overlap a steep slope (>25◦), because over

flat slopes the cloud can be several metres over the land surface and does not necessarily

touch it. The second criterion is that mean elevation must be above 1,219 m because at

this altitude we have the highest fog observations. The values of CT obtained correspond
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to one measure per day and this study assumes them to be constant throughout the

day.

5.3.3 Model setup

The observational analysis is complemented by a numerical experiment performed

by the Weather Research and Forecasting Model (WRF) to present the Sc cloud influ-

encing the land. The days selected for the modeling were July 21st and 28th, 2015, which

were characterized by well-mixed and stratified conditions, respectively. We used initial

boundary-layer conditions of ECMWF for -21/-70 (lat/long) with a time resolution of six

hours. Figures 5.2a and 5.2b show the horizontal resolution and domains. Sixty levels

are set, including 42 in the first 2000 m. We corrected the sea surface temperature (SST)

by +1.5 K in accordance with NOAA observations. The main parameterizations utilized

were; for boundary layer physics, the UW boundary layer scheme from CAM5 proposed

by Bretherton & Park (2009) and for convection physics the modified Tiedtke scheme

proposed by Zhang et al. (2011).

5.4 Atmospheric boundary layer regimes

We identify two regimes, based on the analysis of nine fog events observed in 2015

at MS-FL zone. The first regime characterizes six days under a well-mixed thermal and

moist layer. The second regime, describes three days under a stratified thermal and moist

layer condition. These regimes are strongly associated with the formation, maintenance

and dissipation of Sc cloud-fog.

Table 5.1 summarises the classification and quantification of surface observations for

both ABL regimes. It first classifies the regimes according to date and seasonality and then

quantifies the stability parameters between the lowest and highest observational stations

(40 m - 1,219 m) as the gradient of potential temperature (∂θ/∂z), the same gradient, but

filtering the diurnal variability (∂θ/∂z no diurnal) and the gradient of specific humidity

(∂q/∂z). Table 5.1 also includes measurements of wind speed and direction measured at

10 m at 40 m asl (ws-40, wd-40), total fog collected (fogt) and hours of thermal diurnal

variability (diurnal-var). Finally, calculations of the cloud base (CB) and cloud top (CT)

heights, obtained via the parcel method, are shown.

The well-mixed regime differs from the stratified regime by having low differences

in the diurnal ∂θ/∂z and the non-diurnal ∂θ/∂z (Table 5.1). For the well-mixed regime,

the diurnal variability time of the θ is shorter than 12 hrs (Diurnal-var). Likewise, the

(∂q/∂z) in well-mixed regimes is lower than in the stratified regimes, exhibiting peaks

below 1 · 10−4 g kg−1 m−1. The mean daily wind comes from S-SW for the nine days

analysed, which shows that the marine Sc cloud moves inland under both regimes. They

do not display differences in wind speed between regimes, but the wind-speed is higher in
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Table 5.1: Surface observations and inferred Sc cloud characterization for the well-mixed

(WM) and stratified (ST) regimes. The regimes are described by the dates of the observations

(Day); season autumn (A), winter (W) and spring (S); the potential temperature gradient

between the highest and lowest stations (∂θ/∂z); the potential temperature gradient after

filtering out the diurnal variation (∂θ/∂z no diurnal); the specific humidity gradients between

the highest and the lowest stations (∂q/∂z); wind speed and direction measured at 10 m at

40 m asl; total fog collection per day (fogt); hours of diurnal variability; cloud base (CB) and

cloud top (CT).

Day Regime Season ∂θ/∂z
∂θ/∂z

non− diur. ∂q/∂z
ws

40m

wd

40m
fogt

Diur.

var
CB CT

[K m−1] [K m−1] [g kg−1m−1] [m s−1] [◦N] [L m−2] [hrs] [m] [m]

18-04-15 WM A 3.45 · 10−3 2.02 · 10−3 1.78 · 10−4 5.63 211 7.3 9.5 886.3 1,285

29-04-15 WM A 5.27 · 10−3 3.10 · 10−3 4.58 · 10−4 6.17 166 1.1 12 860.5 1,273

21-07-15 WM W 2.36 · 10−3 1.84 · 10−3 4.41 · 10−4 6.29 249 13.5 6 784.1 1,366

08-08-15 WM W 2.41 · 10−3 1.87 · 10−3 9.75 · 10−4 6.83 199 4.1 7 651.5 1,308

17-09-15 WM W 3.21 · 10−3 1.68 · 10−3 7.72 · 10−4 9.23 202 7.1 10 667.9 1,320

08-10-15 WM S 3.22 · 10−3 2.18 · 10−3 7.89 · 10−4 9.46 202 6.6 10 593.7 1,292

27-07-15 ST W 1.21 · 10−2 1.09 · 10−2 3.45 · 10−3 6.79 180 5.6 20 – –

28-07-15 ST W 9.74 · 10−3 6.19 · 10−3 2.82 · 10−3 5.29 212 7.4 14 – –

20-10-15 ST S 1.08 · 10−2 9.41 · 10−3 1.65 · 10−3 9.25 188 – 20 – –

spring than in autumn-winter (Table 5.1). The days analysed do not display important

differences in the amount of fog collected. Both wind direction and fog collected values

are similar to data reported by Cereceda et al. (2008a), for the same seasons (SW winds

and 7 L m−2 per day). Finally, the CB and CT are shown only for days dominated by a

well-mixed regime, presenting a cloud depth average of 566 m.

In order to characterise both regimes in greater depth, we now focus on two repre-

sentative fog events. Figures 5.3a and 5.3b show the diurnal observations of θ and q at

heights 40 m, 1,090 m and 1,219 m, on July 21st, 2015 as a representative example of the

well-mixed regime. Likewise, Figures 5.4a and 5.4b show the same diurnal observations,

but for a typical stratified regime on July 28th, 2015.

5.4.1 Well-mixed regime

The well-mixed regime is characterized mainly by low gradients of potential temper-

ature and moisture within the ABL (Fig. 5.3a and 5.3b). The daily evolution of θ shows

a collapse of the three curves of the observational stations during the night-morning and

evening, 0:00 to 12:00 and 18:00 to 00:00 local time (LT). The θ between the lowest and

highest station differs by less than 2 K (daily gradient between 1.84 · 10−3 and 2.36 ·
10−3 K m−1; Table 5.1). Under these conditions, we assume that conserved variables are

independent of height, following the well-mixed conditions of the marine Sc cloud. The

well-mixed properties are only interrupted by the diurnal variability of inland measure-

ments (1,090 m and 1,219 m) between 12:00 and 18:00 LT.
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The q evidences almost no diurnal variation for the three stations (Fig. 5.3b). It

also shows a small daily mean difference in moisture of 0.52 g kg−1 in the whole ABL

height (moisture gradient of 4.41 · 10−4 g kg−1 m−1, table 5.1). The specific humidity is

not affected by diurnal variability according to our criteria, which shows that a mixing of

the entire ABL takes place throughout the day. The fog was observed in the afternoon,

evening and night on July 21st, 2015, including peaks above 2 L m−2 and a total amount

of 13.4 L m−2. Collected fog-water on the six days classified as well-mixed regimes were

similar to those reported by Cereceda et al. (2008a) (annual means of 7 L m−2 per day).

Fog collection was always observed when the ABL is well-mixed in θ and q, for example,

before 12:00 and after 18:00 LT in Figure 5.3a. Related to the regimes described, daily

mean wind direction is S-SW of 249 ◦N, which shows the horizontal transport of oceanic

air masses inland (Fig. 5.2a and Fig. 5.10). Wind-speeds ranged around 6 m s−1 and

were mostly stable under this regime.

Marine air masses thus influence the land fog system under well-mixed conditions.

This influence is clear in the observations made close to the ocean at 40 m asl, which

has a lower diurnal variation than observations made inland, for example at 1,090 m and

1,219 m (Fig. 5.3a and 5.3b). This has two main reasons. First, observations were made

in a transition zone (MS-LF), which lies between the marine boundary layer (MBL),

which is characterized by the Sc cloud presence, and the continental boundary layer

(CBL), characterized by arid conditions. Secondly, as Sc cloud drives under well-mixed

conditions above the ocean (Duynkerke et al., 1995), we relate well-mixed regimes to the

advective fog phenomenon reported by Cereceda et al. (2002). However, our findings

also demonstrate that well-mixed regimes are related to orographic fog (Cereceda et al.,

2002). The latter is due to the collapse of the curves shown in Figures 5.3a and 5.3b,

which suggests lifting of the same air parcel as it faced a steep slope. In this case, the air

parcel contains the same θ and q at three levels. These findings are further corroborated

by the Sc cloud characterization and the WRF numerical experiment.

5.4.2 Stratified regime

Unlike well-mixed regimes, the stratified regime is characterized by large gradients

in potential temperature and moisture. As Figure 5.4a shows, ∂θ/∂z reaches 9.74 · 10−3

K m−1 (Table 5.1) around midday. This means a difference in 11.5 K between the lowest

and highest observational station. In common with most marine places, the station at 40

m asl does not show a diurnal variation, but the stations at 1,090 m and 1,219 m display

a large diurnal variability reaching the highest θ of 310 K around midday.

This regime also exhibits large differences in moisture within the ABL (Fig. 5.4b).

The station at 40 m shows the highest q of around 9 g kg−1 from 00:00 to 11:00 LT,

while the stations at 1,090 m and 1,219 m q decrease at a rate of 4.2 · 10−3 g kg−1 m−1.

However, from midday (12:00 LT) onwards, q is similar at all three observational stations.
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Figure 5.3: Hourly average for (a) θ and (b) q for the well-mixed day of July 21st, 2015.

Values represented for stations located at 40 m (solid line), 1,090 m (dashed line), and 1,219

m (dotted line). The sum of fog collected at these three levels (fogt) is represented by black

dots. Sunrise and sunset are shown by grey vertical lines.

Fog collection is observed mainly during the night and evening (00:00 to 09:00 LT and

from 20:00 LT). These diurnal measurements are similar to the fog collected under days

dominated by well-mixed regime, but with lower peaks. The wind direction blows from

SW (212 ◦N), which shows irrespective of the regime involved, oceanic air masses are

transported inland (Fig. 5.10). Wind-speed increases under stratified regimes from 6 to

10 m s−1.

The stratified conditions are explained by the CBL’s stronger control of the MS-LF.

On the one hand, the measurements at 40 m reveal typical marine conditions that vary

only slightly, while those made at 1,090 m and 1,219 m, which additionally lie 20 km

inland, display greater variations in θ and q at night and morning. This large variation

is evidence of a typical nocturnal stable layer (Stull, 1988), which is stratified in both

temperature and moisture. The latter process is enhanced by the radiative cooling that

takes place at night, due to the increases in subsidence and katabatic winds (Fig. 5.10a).

Thus, typical desert conditions (CBL) influence the MS-LF more than the MBL does

during the night, which explains the stratification and dissipation of clouds and fog.

Even during a day dominated by stratified conditions, which dissipates clouds, fog

could still be observed at night between 00:00 and 06:00 LT (Fig. 5.4). We have two

hypotheses to explain this: the first is that when fog forms at high levels (1,090 m and

1,219 m), there are small differences in θ and q around 06:00 LT. However, they still

present large differences with respect to the lowest level (40 m) (Fig. 5.4a and 5.4b). This

means that only the highest layer of the ABL is well-mixed. We hypothesise that under

these conditions, a thin cloud is advected by the wind inland (Cereceda et al., 2002), but

it is decoupled from the bottom of the ABL. Our second hypothesis is that the residual

turbulence of the previous day enhances mixing during the night at the top of the ABL.
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Thus, after the convection mixes the ABL, a residual layer might have continued to be

turbulent at night (Stull, 1988). This could keep the ABL well-mixed and enhance Sc

cloud formation at MS-LF, leading to fog on land.

To summarise: on the one hand, the well-mixed conditions are closely related to the

advection of marine Sc clouds over the land, which leads to the formation and maintenance

of fog over the land. On the other hand, under stratified conditions, Sc clouds and fog

dissipate. Even though the regimes suggested characterize an entire day, both regimes

might occur in the course of a day. For example, we observe a stratified regime around

15:00 LT on July 21st, 2015 day that is dominated by a well-mixed regime. Likewise, we

observe a well-mixed regime after 20:00 LT on July 28th, 2015 day that is dominated by

a stratified. The regimes are further studied in the following sections by means of the

parcel method of analysis and the WRF numerical experiments.

Figure 5.4: Hourly average for (a) θ and (b) q for the stratified day July 28st, 2015. Values

for stations placed at 40 m (solid line), 1,090 m (dashed line), and 1,219 m (dotted line).

Sunrise and sunset are shown by grey vertical lines. The sum of fog collected at these three

levels (fogt) is represented by black dots. Sunrise and sunset are shown by grey vertical lines.

5.5 MS-LF physical characterization

This section describes the cloud characteristics of well-mixed regimes in terms of

cloud base (CB), cloud top (CT) and liquid water mixing ratio (ql). We used surface

observations made at the steep slope to validate the parcel method. These found no

significant differences between the two approaches (p ≤ 0.05). The following sections

describe our findings regarding MS-LF characteristics, by means of an analysis of our

surface observations.
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5.5.1 Sc cloud-fog depth characteristics

Six days with a well-mixed regime in autumn, winter and spring were analysed (Table

5.1). Figure 5.5a shows a six-day-averaged CB of 740 m with a variability of 150 m, a

CT of 1307 with a variability of 30 m and a mean cloud depth of around 566 m, above

the observation station at 40 m asl Figure 5.5a reveals a diurnal variability during the

day, which affects the cloud depth. The Sc cloud is stable at night until 10:00 LT, when

surface heat flux increase. This produces a reduction in cloud depth until 20:00 LT, when

the CB lowers again, increasing the cloud depth.

The variability in cloud depth is partly explained by the interplay between the fol-

lowing processes. First, during the day, surface sensible and latent heat fluxes become

dominant. Large values of the sensible heat flux combined with orographic effects lead to

uplifting of the CB. This explains the diurnal variability in the CB, where heat surface

fluxes are higher over the inland stations than stations close to the ocean. Furthermore,

above the CT, the long wave radiative cooling lead to cloud top turbulence that entrains

warm and dry air. This yields to thin the Sc cloud layer (Duynkerke et al., 1995). Un-

fortunately, these patterns are not identifiable from our observational data, but they are

analysed via a modeling approach at the end of this section and in section six of this

chapter. Secondly, the subsidence is the process related to the limited variability in the

CT (± 30 m). Although the Pacific Anticyclone located over the research area during the

summer moves NW during the winter, it is always mainly located over the SSEP, which

means that small changes in seasonal subsidence produce small changes in CT.

To complete the analysis and describe the relationship between Sc and our cloud-fog

observations in greater depth, we describe the diurnal variability of a marine Sc cloud

under well-mixed conditions. Three CB values have been estimated from the observation

stations located at 40 m asl (solid line), 1,090 m asl (dashed line), and 1,219 m asl (dotted

line) (Figure 5.5b). We set the reference pressure at 40 m asl Figure 5.5b shows the diurnal

variability in the cloud characteristics on July 21st, 2015. Our findings provide evidence

that Sc cloud is always deeper close to the ocean than further inland. We observe this

throughout the day, where the cloud layer estimated over station at 40 m asl is at least

hundred metres thicker than the cloud estimated at 1,090 m and 1,219 m. Two processes

explain this spatial distribution. First, the surface heat fluxes, which produce a thinning

of the marine Sc cloud when it arrives into the land. The second process is the uplifting

motion of the Sc cloud when it reaches the mountains, as topography forces the cloud to

rise. Our CT estimations based on the surface observations are restricted to determine

which process governs this pattern. However, the modeling results shown in Figure 5.6

enable us to observe reductions in the cloud depth from the ocean (solid line) to the land

(solid colour), which we interpret as a thinning.

Figure 5.5b shows that the altitude at which fog is observed coincides with the cloud

layer inferred by observations. For example, fog observed at 1,219 m asl (dots) lies within
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Figure 5.5: Six-day averaged cloud depth, calculated from the reference station (40 m) for

2015. (b) Diurnal variability of cloud depth over surface observations at 40 m, 1,090 m and

1,219 m, calculated from the reference station (40 m) for July 21st, 2015. Fog observation

altitude is represented by dots and diamonds.
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the estimated cloud layer from 1,219 m asl (between the dotted line and the dashed

line of CT). The latter can be interpreted as a validation of our calculations of cloud

depth because the fog observations are located inside the cloud layer estimated by surface

observations. During the night and early morning (00:00 - 10:00 LT), the Sc cloud depth

remains constant and fog is only observed at the highest level (1,219 m). This is closely

coupled with well-mixed regimes and marine advection. On the other hand, at midday

(12:00 to 18:00 LT) the cloud depth diminishes above the 40 m and 1,090 m stations,

and at the 1,219 m station. The CB reaches the CT, resulting in dissipation of clouds.

This coincides with no fog observed at 15:00 LT either, where we find a stratification of

θ, and therefore a stratified regime (Fig. 5.3, 15:00 LT). Finally, at night (from 22:00

LT), the cloud layer grows because the heating from surface stops and fog is observed at

the 1,090 m and 1,219 m stations, both of which were inside their estimated cloud layers

(Fig. 5.5b).

To test the reability of our estimates of the Sc cloud characteristics retrieved from

surface observation, we led the same situation using WRF. Figure 5.6 shows the cloud

layer modeled above two points on the study area. The first is over the sea approximately

50 km from the shore (Marine Sc layer). The second one is at the site of the 40 m station

(Land Sc layer). The Sc cloud layer inferred from surface observations is shown as well

(dotted line).

The estimated CB agrees well with the one modeled by WRF. The modeled cloud

over the land shows differences in CB of around 78 m in the night-morning (00:00 to

10:00 LT) period, with daily means of 140 m. Likewise, modeled cloud over the sea

shows differences around 46 m and 70 m in the night-morning phase and daily means,

respectively. The CB lies at 800 m in the morning and rises during the afternoon to around

900 m, but it diminishes differently from evening to night. The diurnal CT variability

reaches its lowest level during the night and rises again during the morning, stabilising

during the day and increasing again in the evening. It ranges from 900 to 1,200 m, being

several metres lower than the CT estimated from remote-sensing observations.

The model shows broken clouds over the land at midday and afternoon (10:00 -16:00

LT), which coincide with the intermittent fog collection observed (Fig. 5.5b). Further-

more, over the sea the Sc cloud continues to thin from its CB and CT at midday and

during the afternoon. The model confirms the diurnal thinning and break of the cloud

layer over both land and sea (Figures 5.3, 5.4 and 5.5b). On the one hand, we observe the

presence of the well-mixed regime during the night-morning phase and the change to a

stratified regime from 11:00 LT to 16:00 LT. On the other hand, we confirm the thinning

process of the Sc clouds as they move from sea to land (Fig. 5.5b). Figure 5.6 always

shows a thinner cloud over the land (solid colour) than over the sea (solid line). Cereceda

et al. (2008a) also observed a CB and CT between 700 m and 1,200 m, but also broken

clouds in the MS-LF zone in July 2002.
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Figure 5.6: Sc cloud layer modeled above a marine (solid line) and land (solid colour) WRF

grid point, on July 21st, 2015. The inferred Sc cloud layer is also shown (dotted line).

In summary, the diurnal variability of the marine Sc cloud is produced by a complex

set of interactions between the MBL and CBL, understood as the interaction of marine

Sc clouds with topography (MS-LF). The upward and downward heat fluxes lead these

variabilities, resulting in changes in the cloud depth, liquid water mixing ratio (ql) and

consequently in fog observed.

5.5.2 Cloud liquid water mixing ratio ql

In order to complete the characterization of the Sc cloud layer, we quantified the

liquid water mixing ratio of cloud and fog. Figure 5.7 shows the vertical profile of adiabatic

liquid water mixing ratio (qla), liquid water mixing ratio mixed with the environment (qlm)

and the liquid water mixing ratio obtained by WRF (qlw), for different times on July 21st,

2015. The qla, is inferred by the parcel method without taking into account mixing with

the environment during the uplifting. Thus, the ql follows the wet adiabatic inside the

cloud. The qlm is converted from qla by using a correction factor m = 1, which considers

a maximum mixing with the environment during the uplifting process. Fog observations

are also depicted as heights.
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Figure 5.7: Vertical profile of adiabatic liquid water mixing ratio (qla), liquid water mixing

ratio considering mixing with environment (qlm) and liquid water mixing ratio given by WRF

(qlw). For morning, afternoon and night at July 21st, 2015. Fog is shown by dots and cloud

layer is shown as solid color.

In the morning at around 09:00 LT, qlw and qla coincide in the CB, presenting LCLs

at 792 m and 772 m, respectively. However, qlm sets the LCL at 935 m, due to the dry

air that the mixed layer incorporates into the air parcel during the rise. The morning

values of qlw are around 0.3 g kg−1. For qlm the amount of water reaches 1 g kg−1 at the

estimated CT. The qla is clearly overestimated because it does not consider the mixing

during the lifting. The values reported by (Duynkerke et al., 1995) are around 0.3 - 0.5 g

kg−1. Therefore, qlw agrees better than qlm and qla. Finally, the amount of fog collected

in L m−2 has the same distribution at different altitudes as qlm. For example, inside the

cloud layer, we observe an increase of ql with height, and more fog is observed at the

highest station (1,219 m).

At 15:00 LT, on the one hand, the model estimates very low values of ql (< 0.3 g

kg−1), which agrees with our observations of the amount of fog (0 L m−2). This drop

in liquid water mixing ratio coincides with the observed breaks in the Sc cloud and the

dissipation of the fog, related to the stratified regimes which are shown in Figures 5.3,

5.5b and 5.6. On the other hand, both qlm and qla show values over 1 g kg−1 or even

almost 2 g kg−1. Here, qlm is much higher than qla, which can be explained in terms of

two processes. First, the mixed layer is more humid than the surface layer (Figure 5.3b).

Then, during the rising of the air parcel, q increases with height. The second process is

an uplifting of well-mixed parcel air, driven by the topography, where the same parcel
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is forced to rise by the topography while maintaining the same cloud water conditions.

However, under stratified conditions, such as those shown at 15:00 LT (Fig. 5.7), the

parcel method gives unrealistic estimates. Therefore, we maintain our analysis of the

simulated values of qlw.

Finally, at 22:00 LT, qlw and qlm increase similarly, setting the LCLs at 878 m and

849 m, respectively. Both qlw and qlm coincide in the core of the cloud at around 950

m. At the same time, fog also increases with height from 0.3 L m−2 to 1 L m−2. The

amounts of water mixing ratio are around 0.4 g kg−1 in the model and 0.7 g kg−1 in qlm.

We observed a reduction in qlw from 1130 m, but not in qlm. This is explained by the

fact that the WRF model includes dry entrainment from the free troposphere, while qlm
does not. These increases in water mixing ratio and fog coincide with the presence of a

well-mixed regime (Fig. 5.3).

In conclusion, the mean values of qlw and qlm agree with the amounts of liquid water

mixing ratio reported by Duynkerke et al. (1995), Stevens et al. (2003), Garreaud &

Muñoz (2004) and Hogan et al. (2005), in their works on marine Sc clouds. From Figure

5.7 we conclude fog collection is closely related to threshold values of ql that Sc cloud and

therefore fog contain. This is because their values increase in similar patterns than qlw
does. However, the values of ql must be higher than 0.3 g kg−1 to be observed by the

collectors. Finally, the use of the mixing factor m = 1 suggests a more realistic liquid

water mixing ratio of Sc cloud and fog. However, other processes such as air entrainment

from the free troposphere and microphysics of cloud also need to be considered.

5.6 Vertical and horizontal Sc cloud-fog variabil-

ity

To support our analysis, we simulated the vertical MS-LF variability and its spatial

distribution by means of a numerical experiment in WRF. The experiment reveals a

complex interplay between the marine Sc cloud and local factors such as topography,

local circulation, and synoptic conditions. These interactions enhance the mixing of the

ABL by local land-sea circulation and marine Sc cloud advection, which explains the

formation and maintenance of fog. The same set of interactions also produces the thermal

stratification that dissipates the fog.

5.6.1 Vertical Sc cloud-fog variability

Figure 5.8 shows a West-East cross-section of the Atacama Desert coastal zone,

depicting the liquid water mixing ratio qlw, potential temperature and specific humidity

at 09:00, 15:00 and 22:00 LT on July 21st, 2015 (well-mixed case). The surface observations

are placed above the topography and the figure also includes a diurnal distribution of fog

observations (Fig. 5.8d). The experiment models a MBL developed from the ocean surface
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to 900-1250 m asl This has a well-defined structure of well-mixed θ and q conditions that

reveal the presence of the turbulence that drives Sc cloud formation. The MBL is blocked

by topography, which acts as a barrier that prevents marine conditions from having a

significant influence farther inland. This influence reaches only as far as 20 km inland

and 1250 m height (Fig. 5.1).

Figure 5.8: (a), (b) and (c), Cross-section of liquid water mixing ratio, qlw (grey scale),

potential temperature θ (solid line) and specific humidity q (dashed line) by WRF on July

21st, 2015. The observation stations are shown over the digital elevation model. (d), fog

observations on July 21st, 2015 at different altitudes.

At 09:00 LT (Fig. 5.8a), the experiment shows the formation of a thin layer of qlw,

which represents the marine Sc cloud. This spans a range of altitudes from 850-900 m

to around 1200 m. The values of qlw are within the range of 0.2 to 0.5 g kg−1, with

maximum collections of about 0.7 g kg−1. As figure 5.7 shows, qlw, possesses a vertical

structure that increases with altitude and has its highest values of qlw, close to the top of

the boundary layer. The experiment shows vertical moisture fluxes (2 ·10−3 g kg−1 m−1),

lifting from the ocean to the cloud at longitude -70.6 as Figure 5.8a shows. The marine

Sc cloud tends to break down before colliding with the topography, sinking slightly just

before arriving on land due to katabatic winds. This breakdown is accompanied by a drop

in specific humidity and an increase in θ stratification, due by dry air entraining from the

free troposphere at approximately -70.1 longitude and an altitude of 800 m. Here, at the

top of the Sc, shortwave radiation partially offsets the longwave radiative cooling. This

process, as well as the entrainment of dry air, contributes to thinning and dissipating the

Sc cloud. However, the surface fluxes compensate for and maintain the cloud as shown by
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the well-mixed condition of θ and q shown in observations Figs. 5.3a and 5.8b (09:00 LT),

but also in the simulation illustrated in Fig. 5.8a. Fog observations on land show amounts

of only around 0.3 L m−2 collected at 1,219 m (black circle). However, the simulation

does not show clouds forming at that height in the morning, instead placing them several

metres below. During the morning we find a clearly well-mixed ABL (θ and q), which

coincides with the regime illustrated in Figure 5.3. The value of θ measured at 09:00 by

the stations located at 1,090 m and 1,219 m is 292 K, which satisfactorily matches with

the values derived by the experiment. The q measured by the land meteorological stations

also fits well with the model, with values within the range of 7 - 7.5 g kg−1.

Figure 5.9: (a), (b) and (c), Cross-section of liquid water mixing ratio, qlw (grey scale),

potential temperature θ (solid line) and specific humidity q (dashed line) by WRF on July

28th, 2015. The observation stations are shown over the digital elevation model. (d), fog

observations on July 28th, 2015 at different altitudes.

During the afternoon, at 15:00 LT (Fig. 5.8b) experiment shows a stratification of

θ and q between the altitudes of 800-1200 m, which promotes Sc cloud-fog dissipation.

Regarding the latter value, the observations (Fig. 5.3) show a ∂θ/∂z of about 6 ·10−3 K

m−1 (Table 5.1), which fits well with the experimental observations. The q evidences a

strong uplift of humid air at the slope facing the ocean (anabatic winds) that emerges

from the better-mixed lower layers of the ABL and the ocean. However, the thermal

stratification itself remains at the slope, dissipating the Sc cloud and the fog. During

the afternoon, we observe changes in cloud deck, which dissipates because of the rise of

dry air entrainment and shortwave radiation at the top of the cloud. These processes

enhance the thinning and dissipation of clouds mixing with the dryer air, showing a
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vertical stratification of θ. This stratification is present both in the observations shown

in Figs. 3a at 15:00 LT, but also in the simulation (Fig. 5.8b). Figure 5.8d does not show

any observations of fog at 15:00 LT, which agrees with the experiment.

Finally, at 22:00 LT (Figure 5.8c), the simulation once again reveals the development

of a well-mixed ABL, which reaches a height of 1,200 m. We observe the formation of a

more robust cloud layer (qlw) at the top of the boundary layer, which is thicker than the

cloud layer that formed during the morning, but also with higher values of liquid water

(0.5 to 0.7 g kg−1). These values of qlw satisfactorily agree well with the large amounts of

fog observed at the top of the boundary layer, which reach values as high as 0.5 to 2.1 L

m−2. The cloud formation above the stations contains from 0.2 to 0.4 g kg−1 and matches

the fog observations (Figure 5.8). Both θ and q show a predominant well-mixed regime

that extends to a height of 1,250 m. Likewise, vertical upward fluxes of humid air from

the ocean penetrate the cloud layer, providing evidence of the well-mixed process. At

night, the breakdown of the cloud also takes place before it arrives at the mountains, but

with a weaker downward flux of dry air than in the morning. Finally, the thick marine

ABL influence the land above 1,250 m and Eastward of longitude 70 °W.

Figure 5.9 shows the same West-East cross-section of figure 5.8, but for the stratified

regime case on July 28th, 2015 (Fig. 5.4). The figure includes the surface observations

above the topography and a diurnal distribution of fog observations (Fig. 5.9d). The

experiment models a shallow MBL developed from the ocean surface to 700-900 m asl

at the night-morning and to 500 m asl during the afternoon. This has a well-defined

stratified structure of θ and q, conditions that reveal the presence of a stable layer that

drives Sc cloud dissipation. The shallow MBL produces a null influence inland due to the

topography and its shallow formation (Fig. 5.9).

In summary, the numerical experiment agrees with our surface observations in terms

of θ, q, and the relation qlw-fog, for both well-mixed and stratified cases. Also, the

experiment confirms the relationship between the well-mixed regime and Sc cloud-fog

formation and maintenance, as well as the stratified regime with Sc cloud-fog dissipation.

Our findings also corroborate our initial hypothesis regarding the influence exerted by the

MBL over land during fog events (well-mixed dominant regime) and the influence of the

CBL over land during fogless events (stratified conditions).

5.6.2 Synoptic conditions of Sc cloud-fog spatial distribution

Figure 5.10 shows the spatial distribution of wind-speed and direction and cloud

water mixing ratio of the MS-LF in the WRF experiment on July 21st, 2015 at 09:00,

15:00 and 22:00 LT. The figure shows a horizontal plane of the Atacama coastal desert,

with the Pacific Ocean on the West and the continent on the East. The liquid water path,

LWP [kg m−2] of the first 150 m from the surface, is represented as fog, but also as a Sc

cloud in the range 0-1,500 m (greyscale). We decided to quantify Sc cloud-fog by using
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Figure 5.10: Sc cloud-fog, wind speed-direction and surface-level pressure spatial distribution

according to the WRF model on July 21st, 2015. Sc cloud-fog water mixing ratio is represented

as liquid water path, LWP (grey scale), for the first 150 m and the first 1,500 m. Both variables

are plotted at 09:00 LT (a), 15:00 LT (b) and 22:00 LT (c). Meteorological stations are also

shown.

the LWP because it includes a sum of a ql vertical column, expressed as a surface value

m−2. The wind speed and direction also represent the regional circulation. Finally, the

pressure [hPa] at surface level is shown, for both land and sea.

The topography influences the atmospheric local circulation by acting as a physical

barrier to the synoptic winds that blow from S-SW. This is shown in Figure 5.10 as a ridge

of surface-level pressure close to the coast. Moreover, due to the diurnal land convection,

pressure decrease of about 1 hPa enhances the marine advection into the land.

At about 09:00 LT, katabatic winds from the land to the ocean predominate as they

descend the steep slope. At the same time, at 1,500 m synoptic winds blow from the ocean

to the land, which advects clouds with LWP above 50 kg m−2. The returned circulation

enhances the mixing process, as Figure 5.10a illustrates, and raising the ABL height

(Figure 5.8a). As the figure shows, patches of fog form over the land, with values around
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10 - 15 kg m−2. However, these values do not match our surface observations (Figure

5.8d), where fog is scarcely observed at 1,219 m (0.3 L m−2). Nevertheless, patches of

Sc clouds form at altitudes of 150-1,500 m above the 40 m station, as the estimations

retrieved by our observations suggest (Figure 5.5b). We conclude that well-mixed regime

in the morning is produced and reinforced by the land-sea local circulation.

During the afternoon, at around 15:00 LT, surface-level pressure drops over land

(1,015 to 1,014 hPa), increasing the advection of marine air masses from the S-SW and at

speeds of around 10 m s−1. These anabatic winds face the slope and lead to an uplift of

moisture, which is transported inland as Figure 5.8b shows, while θ remains stratified. At

1,500 m, winds with similar speeds, but from the west are blocked by the mountain barrier.

Thermal stratification and moisture advection can also be seen in our observations (Figure

5.3), where at around 15:00 LT, θ displays larger differences than q. We conclude that

this process explains Sc cloud-fog dissipation. In validation of our findings, no patches of

fog are shown either by the model at the stations nor in our observations, although some

Sc cloud patches were observed over the sea and below 1,500 m.

At night, around 22:00 LT, the surface level pressure rises by around 2 hPa, due

to the cooling effect over land and to subsidence (Figure 5.10c), partially inhibiting the

inland advection of the marine air masses. Therefore, winds at surface level are deflected

from SW to the NW due to topography barrier. The circulation at 1,500 m (843 hPa),

is still characterized by SW winds, which pass over the mountain, although their speed

drops from 10 to 5 m s−1. The θ and q profiles are well-mixed, due to a combination of

effects: (a) local returned circulation, (b) marine Sc cloud advection over land and (c)

pressure rise. The mixing produces fog at several places around the mountains, which

agree with fog observations (Fig. 5.8d). The model is capable of predicting the presence

of fog at stations 1,219 m (black circle) and 1,090 m (black diamond) with values in the

range 15 - 40 kg m−2. At 1,500 m, we find a strong advection of marine Sc cloud from

SW, with values above 50 kg m−2, which also agrees with observations in which Sc clouds

form above all the stations (Fig. 5.5b). The Sc cloud area covered by the numerical

experiment agrees with reported Sc cloud satellite observations made by Cereceda et al.

(2008a) for July 2002.

In summary, we confirm that fog is produced and maintained under a well-mixed

regime, in which local circulation, topography, and subsidence all play key roles. This

phenomenon occurs in the morning and evening-night (09:00 and 22:00 LT), when ad-

vection of marine Sc air masses facilitates fog formation. During the afternoon (15:00

LT), changes in synoptic conditions and therefore local circulation produce a thermal

stratification that dissipates clouds.
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5.7 Conclusions

We studied the interaction between marine Sc clouds and land fog by combining

surface observations and high-resolution numerical experiments in the Weather Research

and Forecasting Model (WRF). Our findings show that this interaction involves either a

well-mixed condition or a thermal stratification on the ABL, which forms or dissipates Sc

cloud-fog.

The well-mixed regime is characterized by low gradients of potential temperature (<

3.10 · 10−3 K m−1) and specific humidity (< 1.60 · 10−3 g kg−1 m−1). These well-mixed

conditions, which are driven mainly by the marine Sc cloud deck, have a small diurnal

variability. During the morning hours, the influence of marine Sc cloud advection and

the katabatic winds that fall from the slopes enhance the well-mixed condition near the

coast. Around midday, increases in surface heat fluxes lead to larger gradients in poten-

tial temperature, but enhance the moisture being uplifted through the slope. At night,

synoptic winds and Sc cloud advection are blocked by the topography and inversion cap-

ping, resulting in a returned local circulation, which reinforces the well-mixed condition.

The predominance of the well-mixed regime correlates with fog observations, which are

measured in the morning and evening-night.

In contrast, the stratified regime is characterized by high gradients of potential tem-

perature (> 3.10 · 10−3 K m−1) and specific humidity (> 1.60 · 10−3 g kg−1 m−1). This

regime is affected by the diurnal variability, which displays the largest changes on diur-

nal gradients around midday. In the morning of days dominated by stratified regimes,

the gradients in the upper levels of the ABL are low often, which produces fog. How-

ever, around midday, the surface heat fluxes increase inland, resulting in an uplifting

of small amounts of moisture (lower than 0.3 g kg−1), but also a strong stratification

of potential temperature (differences until 19 K). The thermal stratification corresponds

with fogless observations, produced mainly between 12:00 and 20:00 LT. We can therefore

conclude that the stratified regime leads to optimal conditions for the dissipation of Sc

cloud-fog.

Our results confirm the usefulness of surface observations analysed by means of a

simple parcel method to obtain a first estimate of cloud characteristics such as cloud

depth, liquid water mixing ratio and their association with fog over land. Together with

the analysis of WRF results, this has enabled us to provide an explanation of the role

played by marine Sc cloud in fog formation, and of the land processes involved.
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Abstract

Estimating lake evaporation is a challenge due to both practical considerations and

theoretical assumptions embedded in indirect methods. For the first time, we evaluated

measurements from an optical microwave scintillometer (OMS) system over an open water

body under arid conditions. The OMS is a line-of-sight remote sensing technique that

can be used to measure the sensible- and latent heat fluxes over horizontal areas with

path lengths ranging from 0.5-10 km. We installed an OMS at a saline lake surrounded

by a wet-salt crust in the Salar del Huasco, a heterogeneous desert landscape in the

Atacama Desert. As a reference, we used Eddy Covariance systems installed over the two

main surfaces in the OMS footprint. We performed a footprint analysis to reconstruct

the surface contribution to the OMS measured fluxes (80% water and 20% wet-salt).

Furthermore, we investigated the applicability of the Monin-Obukhov Similarity Theory

(MOST) which was needed to infer fluxes from the OMS-derived structure parameters to

the fluxes. The OMS structure parameters and MOST are compromised due to the effects

of the surface heterogeneity and the non-local processes induced by regional circulation.

We mitigated these effects locally by fitting MOST coefficients to the site conditions.

The adjusted MOST coefficients lowered by a factor of 1.64 compared to using standard

MOST coefficients. For H and LvE, we obtained zero-intercept linear regressions with

correlations, R2, of 0.92 and 0.96, respectively. We conclude that advances in MOST are

needed to successfully apply the OMS method in landscapes characterized by complex

heterogeneity such as the Salar del Huasco.
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6.1 Introduction

In deserts, water is confined to specific areas such as saline lakes, rivers, wetlands,

and salt flats, all of which act as highly localized evaporative pathways (Rosen, 1994).

For example, the mountain regions of the Atacama Desert (Altiplano) are formed by

consecutive endorheic basins. These basins catch precipitation which then enters the

hydrological system. From this system, the water wells up at specific sites and produces

relatively small shallow lakes surrounded by extended salt-flats (Uribe et al., 2015). In this

water-limited environment, evaporation is highly relevant since it represents the principal

cause of water loss in the basins.

In arid regions, measuring evaporation over small saline lakes is particularly compli-

cated for three main reasons. First is the surface heterogeneity, with strong contrasting

surface fluxes (Suárez et al., 2020), requiring the necessity of a footprint analysis to in-

terpret the measured evaporation. Second, the atmospheric boundary layer dynamics

and their influence on the surface fluxes are affected by non-local effects such as entrain-

ment and advection of heat, moisture, and momentum (Lobos-Roco et al., 2021b). Last,

measuring evaporation over open waters always represents a challenge since installing in-

struments in water is technically difficult (Tanny et al., 2008; Nordbo et al., 2011).

To estimate evaporation, various direct and indirect methods with different theoret-

ical assumptions and footprints were used and depend on the spatial scale of the subject

under investigation (Abtew & Melesse, 2012; Shuttleworth, 2008). Within this context,

we evaluated the applicability of an Optical Microwave Scintillometer (OMS) to estimate

open water evaporation in arid regions. A scintillometer consists of a transmitter and a

receiver. The transmitter emits a light beam towards the receiver, which measures the

intensity of the fluctuations (the scintillation effect) caused by the turbulent transport of

sensible heat and moisture crossing the instrument’s path. The OMS combines two scin-

tillometers with different wavelengths: the Large Aperture Scintillometer (LAS) operates

an optical light-beam, while the MicroWave Scintillometer (MWS) operates a microwave

beam (Green et al., 2001; Kohsiek & Herben, 1983). The optical beam is primarily sensi-

tive to temperature fluctuations induced by the sensible heat flux, whereas the microwave

beam is sensitive to both heat and water vapor (Hill et al., 1980).

The OMS presents several advantages related to its large footprint (10 to 100 km2)

and its capacity to integrate heterogeneous landscapes (Lagouarde et al., 2002). The OMS

is specifically convenient for measuring evaporation over open water since the transmitter

and receiver can be installed on opposite shores, concentrating the central part of the

instrument’s footprint over the water body. However, the OMS method also presents

disadvantages in the flux calculation due to its dependency on the Monin-Obukhov Sim-

ilarity Theory (MOST, Monin & Obukhov (1954)) and its underlying assumptions, such

as horizontal homogeneity and the non-influence of outer scale processes. This theory
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connects turbulence-related quantities to turbulent fluxes through standard formulations

determined empirically in field experiments and assumed to be universally applicable.

This assumption is questionable when non-local contributions to the exchange process

intervene (Kooijmans & Hartogensis, 2016; Li et al., 2012).

The Altiplano of the Atacama Desert region presents interesting conditions to eval-

uate the strengths and weaknesses of the OMS method. We performed a 10-day field

experiment called E-DATA (Chapter 2), which was aimed at understanding the processes

that control the evaporation of the saline lake in the Salar del Huasco (SDH) in the Alti-

plano of the Atacama Desert (Suárez et al., 2020; Lobos-Roco et al., 2021b). Part of the

E-DATA experiment included the critical evaluation of the OMS method to determine

open water evaporation in a heterogeneous setting. To this end, we installed an OMS

over the saline lake along with a small network of three Eddy Covariance systems, includ-

ing one in the water body, covering the heterogeneous surfaces in the SDH to serve as a

reference.

Within this framework, we addressed the following research question: how accurate

are the evaporation measurements performed by an OMS over an open water body under

arid and windy atmospheric conditions? To answer this question, we integrated into our

analysis: (1) the dynamic surface and atmospheric boundary-layer conditions, and (2) the

evaluation of the MOST functions used to derive the surface fluxes and the impacts of

both footprints and MOST function on the measurement of surface fluxes.

6.2 Methodology

This section begins with an overview of the measurement principles of the OMS

and the EC systems, followed by descriptions of the calculation steps required to obtain

surface fluxes from the OMS and EC measurements. Lastly, we describe the model used

for calculating the OMS and EC footprints.

6.2.1 OMS versus EC method

Figure 6.1 provides an overview of some key aspects of the OMS and EC methods.

Figure 6.1a summarizes the processing chain of the OMS to obtain surface fluxes from the

OMS light intensity fluctuations, expressed as the variance of logarithm of the intensity

fluctuations, σ2
ln(I). The OMS beams experience fluctuations in the intensity of the light

due to the eddies that cross them. The statistic that captures the intensity of these

fluctuations, σ2
ln(I), is related to the structure parameter of the refractive index, C2

n (step

I in Fig. 6.1a), which is a spatial statistic that quantifies the turbulence intensity. The

turbulent eddies that mainly contribute to the scintillation effect are of one typical size,

i.e., the aperture diameter, D (= 0.15 m) for the LAS and the Fresnel length-scale,

F =
√
λL, for the MWS, where λ (= 1.8mm) is the wavelength and L is the scintillometer
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path length (0.5 < L < 10 km). Typical values for F are 1–3 m. These eddy sizes typically

correspond to the spectral inertial sub-range (Kolmogorov, 1941). The LAS is mainly

sensitive to temperature fluctuations, whereas the MWS is sensitive to both temperature

and humidity fluctuations brought about by the transport of turbulent eddies. Combining

the measurements from both scintillometers allows to solve the temperature and humidity

fluctuations in terms of the structure parameters of temperature and humidity, C2
T and C2

q

(step II in Fig. 6.1a). These structure parameters, along with additional measurements

of wind speed, U , and an estimate of the roughness length, z0, are related to the fluxes

of H and LvE following Monin-Obukhov similarity formulations (step III in Fig. 6.1a).

In Section 6.2.2 and 6.2.3, we make the processing steps more explicit.

Figure 6.1: Flowchart of the steps used to calculate the sensible (H) and latent heat (LvE)

fluxes using the Optical-Microwave Scintillation method (a) and Eddy Covariance method

(b). The large arrows depict how the turbulent eddies are advected from their source area

(footprint) to the scintillometer and EC sensor paths. A picture of every instrument is depicted

next to the schemes.

Figure 6.1b highlights the main differences of the Eddy-Covariance (EC) method in

determining surface fluxes with respect to the OMS method: 1) Fluxes are calculated

directly (i.e., do not rely on MOST) from the time-series of high-frequency measurements

of the 3D wind vector (u, v, w), air temperature (T ) and water vapor (q) as the covariance
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of the vertical wind speed, w, and T for the sensible heat flux (H ∼ w′T ′), with for the

latent flux (LvE ∼ w′q′) and with for the momentum flux (τ ∼ w′u′). In contrast to the

scintillometer that only considers a limited range of inertial-range eddy-sizes around one

dominant eddy-scale in the flux estimate, the EC method integrates all eddy-sizes that

contribute to the flux transport. The EC footprint, i.e., the source area of the turbulent

eddies measured, is typically smaller than the scintillometer as it samples turbulent eddies

at one point rather than over a path.

6.2.2 OMS fluxes

In the following section, we will explain the three processing steps of the OMS

outlined in Figure 1a. The first processing step relates the raw scintillation statistic,

σ2
ln(I) [-], to C2

n [m−2/3] for the optical and microwave scintillometer (step I in Fig. 6.1a).

This relationship, which assumes that the OMS is only sensitive to eddies in the inertial

sub-range, is expressed through wave propagation theory in a turbulent medium (Tatarski,

1961) from which it follows that:

C2
n,opt = CoptD

7/3
optL

−3σ2
ln(I), (6.1)

C2
n,mw = CmwF

7/3
mwL

−3σ2
ln(I). (6.2)

Where Fmw corresponds to the Fresnel length-scale (F =
√
λL), Dopt is the optical

scintillometer aperture diameter (0.15 m), and Copt (0.907) and Cmw (3.425) are coeffi-

cients determined for each experimental setup and rely on the ratio between F and D

(e.g (Ward et al., 2015)).

The second processing step determines the structure parameters of temperature,

C2
T [K2 m−2/3], and water vapor, C2

q [(kg kg−1)2 m−2/3] (step II in Fig. 6.1a), where the

wavelength-dependent structure parameter of the refractive index (C2
n,λ), can be expressed

as follows (Hill, 1997):

C2
n,λ = A2

T,λ

C2
T

T 2
+ A2

q,λ

C2
q

q2
+ 2AT,λAq,λ

CT q

Tq
(6.3)

where AT,λ and Aq,λ are dimensionless coefficients that depend on wavelength, pres-

sure, temperature, and specific humidity (Ward et al., 2013). Two versions of Equation 6.3

can be defined, i.e., one for the LAS (λ=880 nm) and one for the MWS (λ=1.8 mm).

Equation 6.3, however, contains three unknown variables (C2
T , C2

q and Cq
T ), so a third

expression is needed to solve the equations. Here, two approaches can be followed. The

first one is a method introduced by Lüdi et al. (2005), which uses the covariance between
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the LAS and MWS intensity fluctuations. This defines a cross structure parameter of the

refractive index between the two wavelengths used, Cn,opt,mw. Thus, a third expression

of Equation 6.3 is provided, which allows us to solve the three unknowns. The method

provided by Lüdi et al. (2005) is quite sensitive to errors in the correlation measurement.

Therefore, we used the second method, elaborated by Hill (1997). This method prescribes

a value for rTq, the correlation coefficient between temperature and humidity, which is

related to C2
T and C2

q . The advantage of the Hill method is that the calculations are more

robust, i.e., less sensitive to measurement errors, but good representative values for rTq
must be known a priori (Stoffer, 2018). Following the Hill-method, the solution for C2

T

and C2
q from Equation 6.3 is given by:

C2
T =

[
A2
q,mwC

2
n,opt + A2

q,optC
2
n,mw + 2Aq,optAT,mwrTq

√
C2
n,optC

2
n,mw

] T 2

γ2
(6.4)

C2
q =

[
A2
T,mwC

2
n,opt + A2

T,optC
2
n,mw + 2AT,optAT,mwrTq

√
C2
n,optC

2
n,mw

] q2
γ2

(6.5)

where, γ=A2
T,mwA

2
q,opt − A2

T,optA
2
q,mw.

The third and last processing step is to connect C2
T and C2

q to the surface fluxes in

the framework of MOST (step III in Fig. 6.1a), which states that turbulence variables

can be made dimensionless using MOST scaling variables as a function of the stability

parameter z/Lob:

fC2
T
(z/Lob) =

z2/3C2
T

θ2∗
, (6.6)

fC2
q
(z/Lob) =

z2/3C2
q

q2∗
, (6.7)

where θ∗ and q∗ are turbulent scaling variables for temperature and specific humidity

and z/Lob is a dimensionless stability parameter where is the measurement height and Lob
the Obukhov length. fC2

T
and fC2

q
are empirical functions that have the following base

shape for unstable conditions (Wyngaard et al., 1971):

fC2
X

= c1(1− c2
z

Lob
)−2/3, (6.8)

where X stands for T or q. c1 and c2 are coefficients that depend on stability and

are considered universal when the standard assumptions for MOST of homogeneous and
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isotropic turbulence are met. However, no unanimity exists on the universality of fC2
T

and

fC2
q

coefficients (Beyrich et al., 2012), which indicates that MOST assumptions are often

violated. Kooijmans & Hartogensis (2016) provided an overview of the and coefficients and

reported in the literature and they proposed their own values based on eleven data field

experiments performed with the same instrumentation and with uniform data processing

(see Table 6.2).

To determine the sensible heat flux, defined in the MOST framework as H =

−ρcpu∗θ∗, where ρ is the air density, cp the specific heat capacity at constant pressure, u∗
the friction velocity. Here, θ∗ is solved iteratively from Equation 6.7 in conjunction with

expressions for the friction velocity u∗ taken from standard flux profile relationships and

the definition of the Obukhov length, Lob given by respectively

u∗ =
kU

ln( zU
z0

)−Ψm( z
Lob

) + Ψm( z0
Lob

)
, (6.9)

and

Lob =
Tu2∗
kgθ∗

, (6.10)

where k is the von Karman constant (taken as 0.4), U the wind speed measured at

z, z0 the surface roughness length, Ψm are stability correction functions (Businger et al.,

1971; Dyer, 1967), T is the air temperature, and g the gravity acceleration. Once u∗ and

Lob are solved as part of the sensible heat flux calculation, we can solve q∗ directly from

Equation 6.7 and from there on, the latent heat flux follows from its definition in the

MOST framework (LvE = ρLvu∗q∗).

The OMS data were processed from raw data to fluxes, according to the steps out-

lined in Figure 6.1a. The raw 1 kHz intensity signals were filtered using a high pass

filter (31 s for the LAS and 71 s for the MWS for low crosswind conditions and 10 s and

20 s for high crosswind conditions, respectively) to avoid the contribution of absorption

fluctuations to the scintillation statistic, σ2
ln(I). Structure parameters of T and q were cal-

culated according to the methodology proposed by Hill (1997) where we assumed, based

on the EC measurements, the values of rTq were +0.7 for the day and +0.3 for the night.

rTq=+0.7 is a typical daytime value reflecting the strong correlation between T and q

fluctuations as they are mostly being transported by the same turbulent eddies. The pos-

itive rTq values for the night-time are a-typical, which is caused by small, but positive H

and LvE during the nighttime. Additionally, we used AT and Aq coefficients (Ward et al.,

2015) evaluated with data from a Vaisala WXT520 all-weather sensor which was supplied

with the Radiometer Physics (RPG) MWS. We use the internal data acquisition system

of the RPG-MWS to record the raw OMS (LAS and MWS) data. The data processing
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was made using our own code in Matlab and Python scripts, following the steps depicted

in this section. Fluxes were computed using the MOST functions for unstable conditions

defined by Kooijmans & Hartogensis (2016), but also using site-fitted MOST functions

presented in the results section. z0 was solved from the wind flux-profile relations (Eq. 6.9)

with prescribed u∗ from the EC systems. The OMS fluxes were calculated at a temporal

resolution of 10-min.

6.2.3 EC fluxes

EC data were processed using the flux-software package EddyPro v 6.2.2 (Fratini &

Mauder, 2014) from LI-COR Biosciences Inc. (Lincoln, Nebraska, USA) to obtain the

turbulent fluxes of latent and sensible heat, and the momentum at a temporal resolu-

tion of 10-min. All necessary standard data treatment and flux correction procedures

were included, such as axis rotation with the planar-fit procedure (Wilczak et al., 2001),

raw data screening including spike removal (Vickers & Mahrt, 1997), interval linear de-

trending, and low-pass filtering correction (Massman, 2000). Structure parameters from

EC data were estimated using the structure-function equation (Hartogensis, 2006): C2
X

= (x(r1)− x(r2))/r
2/3
1,2 with x = q or T . The spatial separation r1,2 was approximated

through the wind speed and time step (U∆t) using nominal values of 0.5 m and 1 m.

An average C2
X for the two separation distances was used in this analysis. For a more

detailed explanation of the Eddy Covariance instrumentation and data processing, see

Suárez et al. (2020) and Lobos-Roco et al. (2021b).

6.2.4 OMS and EC footprints

To quantify the source area that determines the measurements over heterogeneous

surfaces, a footprint model is a useful tool (Meijninger et al., 2002a). In simple words,

it represents the ’field view’ of an instrument defined by an upwind area as a function

of measurement height (Schuepp et al., 1990), the current wind regime, surface fluxes

and characteristics (Leclerc & Foken, 2014). Footprints are especially relevant when

measurements are performed below the so-called blending height (Wieringa, 1976). The

footprints are calculated using the advection-diffusion model proposed by (Horst & Weil,

1992) which was derived for a point measurement such as the EC method. To extend this

to a scintillometer path footprint, the path between transmitter and receiver is discretized

in N steps, where the point footprint at each location, xi, is convoluted with the path

weighting function (Hartogensis et al., 2003) of the LAS and MWS (Meijninger et al.,

2002a) resulting in a representative source or footprint area (Spath):

Spath =
N∑
i=1

Wpath(xi)Spoint(xi, y, z, z0,
z

Lob
, U, σv) (6.11)

where Spoint represents the point-source function (Neftel et al., 2008) as a function of:
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the horizontal positions xi and y, the measurement height, z, the Monin-Obukhov dimen-

sionless stability parameter, z/Lob, the wind speed, U , and σv as the standard deviation

of the lateral wind speed component that is used to model the Gaussian lateral spread.

Finally, the footprints have been truncated to a 95 % cumulative contribution.

6.3 Site and data description

This section describes the E-DATA experiment where our OMS and EC data were

gathered. Moreover, we provide a detailed description of the atmospheric and surface

conditions observed during the E-DATA experiment expressed by the boundary layer

development, wind regime, surface heterogeneity, footprints, and roughness length.

6.3.1 E-DATA experiment

The data used in this study was gathered during the E-DATA experiment (Suárez

et al., 2020; Lobos-Roco et al., 2021b) performed at the saline lake of SDH (20.2 °S,

68.8 °W, 3,790 m ALS) in the Altiplano of the Atacama Desert from 13 to 24 November

2018. The Salar del Huasco is representative of a typical natural hydrological system

of the Altiplano region of Chile, characterized by a closed basin surrounded by complex

topography of volcanic origin (Fig. 6.2a). Its hydrological functioning is given by the

balance between occasional convective showers in the summer and a long dry season

during the rest of the year (de la Fuente et al., 2021). Even so, these basins sustain

permanent wetlands and feed the saline lake continuously with water through seepage from

a complex hydrogeological system, making SDH one of the few pathways of evaporation

in the region.

E-DATA was designed to study the evaporation in arid environments at local and

regional scales over heterogeneous surfaces (Suárez et al., 2020). Part of the experiment

was to collect data with an OMS installed over a ∼15-cm deep saline lake in the middle

of the salt-flat (see Fig. 6.2b). The OMS was in operation from 13 to 24 November 2018.

Measurements from most of these days were non-reliable for two main reasons. Firstly,

we experienced problems with the beam alignment between the transmitter and receiver

due to the strong wind speed combined with the soft, unstable wet-salt and mud surface.

Secondly, there were technical problems with the storage of the raw data. The internal

computer of the RPG-MWS was not powerful enough to store the raw data at 1kHz,

which resulted in missed samples. Therefore, we used the data of one representative day

(15 November 2018) to analyze the OMS method, as it was one of the few days with

good quality measurements. This is a restriction but, as reported by Suárez et al. (2020)

and Lobos-Roco et al. (2021b), all days in the campaign showed very similar behavior in

surface fluxes (See Fig. 6.5). Therefore, we are confident that what we learned from our

one golden day is representative of a typical day in late spring in our study area.



6.3 Site and data description 141

Figure 6.2: tudy area. (a) Salar del Huasco basin and saline lake. (b) Installation of the

OMS and EC systems. Orange circles represent the OMS receiver (RX) and transmitter (TX),

solid black line the OMS path and yellow circles the EC systems. Windrose indicates wind

speed and direction of 15 November 2018.

Table 1 and Figure 6.2b show the specific details of the OMS and EC systems in-

stalled. The OMS path length between the transmitter (Tx: 20.283°S, 68.870°W) and

receiver (Rx: 20.280°S, 68.880 °W) was 1,070 m. We intended to place the OMS trans-

mitter and receiver close to the shoreline ensuring an all-water footprint. In the end, we

chose to install the OMS some distance from the shorelines where there was a somewhat

higher and firmer waterlogged wet-salt. In all, the OMS path covered 300 m of wet-salt

and 770 m of water. The path crossed the saline lake from the NW to SE, offset North-

ward by 45 degrees with respect to the main wind speed (Fig. 6.2b). The transmitter

and receiver were placed at 1.8 m above the wet-salt, which was 0.5 m higher than the

water surface, resulting in an OMS beam height of 2.3 m above the water. It is note-

worthy to mention that the MWS beam size in the middle of the path, marked by the

Fresnel length, reached 1.4 m. We believe that the days with bad MWS data are possibly

explained by misalignment of the instrument resulting in nonphysical, high σ2
ln(I) values

due to ground reflections of the MWS beam. In addition, Eddy-Covariance (EC) systems

were installed over the lake (20.277°S, 68.882°W) and over a wet-salt surface (20.283°S,

68.875°W). Finally, to connect the analysis of the surface fluxes with the ABL dynamics,
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Table 6.1: Sensors and variables measured by the OMS and EC in the E-DATA experiment:

large aperture scintillometer (LAS), microwave scintillometer (MWS), structure parameter of

temperature (C2
T ) and humidity (C2

q ), sensible heat flux (H), latent heat flux (LvE), friction

velocity (u∗), air temperature (T ), ∼5 cm temperature (Ts), relative humidity (RH), air pres-

sure (p), parallel wind component (u), lateral wind component (v), vertical wind component

(w), specific humidity (q), potential temperature (θ), incoming shortwave (Sw↓), outgoing

shortwave (Sw↑), incoming longwave (Lw↓), outgoing longwave (Lw↑) radiation and net radi-

ation (Rn).

Instrument Sensor
Variable

measured

Variable

estimated
height (m)

Measurement

freq.
Manufacturer

LAS C2
T H 2.1 Kipp & Zonen

OMS MWS C2
q LvE 2.1 1-min RPG

WXT520
T , RH, p,

u, v
u∗ 2.7 Vaisala

ECwater IRGASON
u, v, w,

T , Ts, q
H, LvE, 1 10-min Campbell Scientific

CNR4
Sw↓,Sw↑,

Lw↓,Lw↑
Rn 1 10-min Kipp & Zonen

ECwet−salt IRGASON
u, v, w,

T , Ts, q
H, LvE, 1.5 10-min Campbell Scientific

NR-Lite2 Rn - 1.5 10-min Kipp & Zonen

Radiosonde iMet-4
T , RH,

p, u, v
θ, q 0-2000 3-hours InterMet System Inc.

radiosondes were launched on 19 November 2018, at 09:00, 12:00, 15:00 and 18:00 LT

from the lake surroundings (20.35°S - 68.90°W; 3,953 m above sea level). The radiosondes

were launched for measuring vertical profiles of potential temperature (θ) and specific

humidity (q) within the first 2 km from the surface.

6.3.2 E-DATA atmospheric and surface conditions

This subsection describes the atmospheric and surface conditions observed during

the E-DATA experiment to provide a context for interpreting the scintillometer flux mea-

surements. We will focus on two aspects. First, we will focus on the non-local processes

associated with the regional atmospheric circulation that affect the atmospheric bound-

ary layer development through advection and entrainment. Second, we will focus on the

surface heterogeneity between water and wet-salt in terms of near-surface temperature,

net radiation, surface fluxes, roughness length, and how these areas are represented in the

OMS footprint.

Atmospheric boundary layer

The non-local processes that define the land-atmosphere exchange in the Salar del

Huasco are governed by a regional circulation pattern between the wet, cool and low-
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elevation Pacific Ocean and the dry, hot and high elevation of the Atacama Altiplano

where the Salar del Huasco is located. This circulation is responsible for the two well-

marked wind regimes observed over the entire Salar basin during the experiment (Fig.

6.3). The first wind regime corresponds to the relatively calm conditions that occur in

the morning (06:00 to 12:00 LT) and is characterized by low wind speeds (<2 m s−1).

During this regime, there is not a prevalent wind direction. The second wind regime

corresponds to strong turbulent conditions that occur from noon onward (12:00 to 21:00

LT), which are characterized by high wind speeds (>10 m s−1). During this regime, there

is a predominant Westerly wind direction (250°-290°). The nature of this well-defined

circulation has been analyzed in detail using observations and regional scale modelling

studies (Lobos-Roco et al., 2021b; Suárez et al., 2020; Muñoz et al., 2018; Rutllant et al.,

2003).

Figure 6.3: Diurnal relationship between wind speed (U) and wind direction (WD) obtained

by EC over water and wet-salt surfaces.

Figure 6.4 shows the diurnal evolution of the potential temperature, θ (upper panels)
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and the specific humidity, q (lower panels) vertical profiles within the ABL. These profiles

show a thermally stable ABL at 09:00 LT, which rapidly develops to 1,800 m at 12:00

LT, becoming ∼15 K warmer with respect to the morning. The morning boundary layer

development is dominated by the surface- and entrainment fluxes leading to a reduction

of the inversion layer jump to ∼1 K. The rapid boundary layer growth is interrupted after

midday, where the ABL decays abruptly to 500 m. The decrease in the ABL height is

associated with the advection of relatively cold air from the Pacific Ocean to the study

area by a regionally driven wind-regime introduced in Figure 6.3 (see also Lobos-Roco

et al. (2021b) and Suárez et al. (2020)).

Figure 6.4: Atmospheric boundary layer conditions measured during E-DATA on 19 Novem-

ber 2018. Upper panels: Diurnal cycle of the potential temperature radiosounding profiles.

Bottom panels: Diurnal cycle of specific humidity radiosounding profiles.

A similar pattern is observed for moisture in the bottom panels of Figure 6.4. Here,

a layer with a negative humidity gradient grows fast in the morning until it is interrupted

in the early afternoon by the regional flow. The moisture profile shows that the air in the

shallow boundary layer caused by the regional flow is relatively moister, i.e., we observe

an increase of the specific humidity from <1 g kg−1 to 3.5 g kg−1.

Surface heterogeneity

To demonstrate the level of surface heterogeneity of the area covered by the OMS

and EC measurements, we show time series of near-surface temperature, net radiation

(Rn), and turbulent surface fluxes measured at the EC stations over the water and wet-

salt surfaces (Fig. 6.5). In general terms, during the day, the near-surface (∼5 cm height)

temperature is lower for the water surface (see Fig. 6.5b), so less longwave outgoing radi-

ation will be lost to the atmosphere. In addition, a considerably higher albedo is observed

over the wet-salt (0.58) compared to the water surface (0.12) (Lobos-Roco et al., 2021b).
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As a result of the differences in surface temperature and albedo during the afternoon,

much more radiation energy is available at the water’s surface, which shows maximum

values of ∼900 W m−2 compared to the maximum values of ∼500 W m−2 over the wet-

salt surface. These remarkable differences in Rn have repercussions in the partitioning of

the sensible and latent heat fluxes. Figure 6.5a and b also show the surface fluxes of latent

heat (LvE) and sensible heat (H) over wet-salt and water averaged along the E-DATA

period. The first characteristic observed is the day-to-day low variability (shades) in the

surface fluxes, evidence that the same diurnal cycle occurs every day. Even though both

surfaces are water-saturated, their flux characteristics are completely different. To begin

with, the fluxes over the wet-salt are smaller by a factor of ∼3 compared to the water

surface given the much-reduced amount of net radiation available. In addition, H > LvE

for the wet-salt, whereas LvE > H for the water surface. This is remarkable since the

wet salt crust is waterlogged. The hyper salt concentrations, however, impede the water

escaping from the surface (e.g., Salhotra et al. (1985); Oroud (1999)). As a result, most

of the energy is dedicated to heating the air. We recognized that two aspects are equal

for both surfaces. The first aspect is the sudden increase of fluxes at 12:00 LT aligned

with the arrival of the strong winds that break the virtually absent turbulent mixing seen

in the morning (Lobos-Roco et al., 2021b). The second is the fact that is positive during

both the day and night, meaning that the atmosphere is unstable even during nighttime

conditions. Lobos-Roco et al. (2021b) argues that the unstable nighttime condition is

related to a katabatic flow that drains cold air from the surrounding mounting ridges into

the Salar. However, it also might be related to the high heat capacity of the surface,

causing heating of near-surface air further into the night.

6.3.3 Footprint analysis

The source area or footprint is highly dependent on the wind regime (Figure 6.3).

Figure 6.6a-d shows the footprints for both scintillometers (LAS and MWS) and the EC

systems (water and wet-salt) at two representative times of each wind regime (09:00 LT

and 16:00 LT, respectively). The footprints have been truncated to a 95% cumulative con-

tribution. Both scintillometer and EC footprints are considerably smaller in the morning

compared to the afternoon due the different wind and related flux regimes. Their orien-

tation changes according to the wind direction. Under all conditions, the EC footprints

cover only a small portion of the surface above which they are installed (Table 6.1). The

scintillometer footprints, on the other hand, always cover a mix of both water and wet-

salt. On average, about 2/3 of the LAS and MWS footprints are covered by water and

1/3 wet-salt. The difference in the path weighting function means that the LAS footprints

are more weighted towards the center of the path (Evans et al., 2012) and therefore, cover

a slightly larger area of water compared to the MWS footprints.

This systematic difference can also be seen in Figure 6.6e which expresses the time

dependent footprint proportions covering water and wet-salt for the two scintillometers
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Figure 6.5: Diurnal-averaged time series of near-surface (∼5cm) temperature, net radiation

and turbulent fluxes over the wet-salt (a) and water (b) surfaces during the E-DATA period.

The picture behind exemplifies the wet-salt and water surface during the experiment.

on 15 November 2018. Driven by the wind regimes, we observe two distributions of

footprints. During daytime when the winds are generally from the West and they become

strong during the afternoon, the distribution is roughly 80% water and 20% wet-salt. In

the evening and night, the contributions of both surfaces to the scintillometer footprints

are much more variable depending on the wind direction with contributions from water

varying between 50%- 80% and wet-salt between 20% - 50%. The diurnal cycle of the OMS

water/wet-salt footprint proportion is only relevant when surface fluxes observed over both

water and wet-salt surfaces are significantly different (Fig. 6.6e). The strong difference

in flux regimes between the two surfaces demonstrates the importance of constructing a

footprint-weighted composite of the EC fluxes when comparing them with those of the

scintillometers.

Roughness length

For the OMS flux calculations, an accurate estimate of z0, is crucial given the fact

the measurements were conducted close to the surface (∼2 m height) and the afternoon

winds were strong. Under these conditions, mechanically generated turbulence is a key

process in determining the fluxes (see Eqs. 6.7, 6.10). The wet-salt and water surfaces

are very smooth, and an appropriate z0-estimate is, therefore, not trivial. We solved

z0 from the wind flux profile relation (Eq. 6.9) using the estimates of U , u∗ and from

the EC stations of water and wet-salt. The results, presented in Figure 6.7, show that

for low wind speeds, z0 is ill-defined and for high wind speeds, its value converges to a
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Figure 6.6: Footprints of the LAS and EC (a, c) and of the MWS and EC (b, d) over the

water and wet-salt surfaces for representative hours of wind regimes on 15 November 2018.

Colors (given without scale) represent the percentage contribution of that area to the total

footprint. The wind roses characterize the wind regimes for the same day between 7:00-12:00

LT (a, b) and 12:00-20:00 LT (c, d). The background image is a georeferenced mosaic based on

a drone flight on 18 November 2018. e) Diurnal cycle of LAS and MWS percentage footprint

contributions from the water (solid lines) and wet-salt surface (dotted lines).
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value indicated by the solid lines (Mahrt et al., 2001). On average, the water surface is

smoother with z0 = 4 · 10−5 m against z0 = 2 · 10−4 m for the wet-salt surface. The

shallow water becomes choppy in the afternoon, but this is not intense enough to cause

z0 to be a function of wind speed (Charnock, 1955). A weighted value considering the

typical afternoon footprints over these two surfaces yields a value of z0 1.5 · 10−4 m that

we used in the flux calculations.

Figure 6.7: Relationship between roughness length (z0) and wind speed over (a) water surface

and (b) wet-salt surface. Wind speed data are taken from the Eddy Covariance systems. The

solid lines express the values to which z0 converges for high wind speeds.

6.4 Results and discussion

6.4.1 MOST functions

To assess the representativity of MOST for the special conditions in the Salar del

Huasco, Figure 6.8 shows the C2
T and C2

q dimensionless groups (Eqs. 6.6 and 6.7) as a

function of z/Lob for EC-based structure parameters (Fig. 6.8a, b) and OMS structure

parameters (Fig. 6.8c, d) together with standard Kooijmans & Hartogensis (2016) and

site-fitted MOST functions. The EC-based structure parameters are composed values

from the wet-salt and water EC systems and reflect data from the entire ten days E-

DATA experiment, whereas the OMS structure parameters only include data from 15

November 2018. The data points in Figure 6.8 were filtered by excluding values for which

|H| < 5 W m−2. In addition, in Figure 6.8a-b the C2
T and C2

q dimensionless groups

were filtered based on a 25% confidence interval. The structure parameters from the EC

systems along with the EC-flux derived variables, θ∗, q∗ and Lob are weighted by the

OMS water/wet-salt footprint proportions (wfp subscript). The data points are marked

by the wind regime, where not surprisingly, the points associated with the strong wind

conditions are on the neutral side of the −z/Lob range.
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Figure 6.8: Dimensionless C2
T and C2

q groups versus stability parameter (z/Lob). (a, b)

C2
T and C2

q dimensionless group using parameters from EC water and wet-salt weighted by

the OMS footprint (wfp) during the E-DATA period. (c, d) C2
T and C2

q dimensionless group

using structure parameters measured by the OMS and the remaining parameters from EC

water and wet-salt weighted by the OMS footprint (wfp) during 15 November 2018. MOST

functions proposed by Kooijmans & Hartogensis (2016) and the proposed ones in this study

are shown in solid and dashed lines, respectively. The experimental data points are marked

by their wind regime (windy >4 m s−1 between 13:00-20:40 LT and calm <4 m s−1 between

23:40-13:00 LT).
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Figure 6.8a shows that standard MOST functions slightly overestimate the C2
T data

points during the windy regime, but data is well represented during the calm wind condi-

tions. Likewise, Figure 6.8b shows that standard MOST functions represent both windy

and calm regimes well for the C2
T dimensionless group data points. Figures 6.8c and d

show that for C2
T , the standard MOST functions of Kooijmans & Hartogensis (2016) cover

the experimental data points reasonably well. However, for C2
q , the experimental data

points are far above both, the standard MOST function, and the EC data points (Fig

6.8b). Assuming that there are no instrumental issues related to these EC-OMS C2
q differ-

ences, we identified a key aspect that plays a role here. The OMS and EC measure below

the blending height. As the EC footprints are entirely above water and wet-salt surfaces

(Fig. 6.6), no interaction between their respective internal boundary layers affects the

measurements. However, in the case of OMS, 2/3 of the footprint is covered by water

and 1/3 by wet-salt, with an order of magnitude difference of LvE flux regime (Fig. 6.5).

This high contrast contributes to having strong humidity fluctuations within the internal

boundary layers at the transition between the two surfaces, elevating the measured C2
q

by the OMS. For C2
T (Fig. 6.8c), higher values are observed for the OMS as compared

to the EC. However, the difference is less pronounced since the contrast between H flux

surfaces is less as well. Note that both EC and OMS are under a setting governed by

a regional advection and entrainment of air not originating from the Salar (Lobos-Roco

et al., 2021b). Such regional circulation contributes to 40% of the total diurnal moisture

budget above the water surface and this phenomenon might cause additional humidity

fluctuations. However, our data do not show evidence of this since we observe high dif-

ferences between the C2
q of EC and OMS, where the same conditions are supposed to

affect both instruments. It is also under these conditions of no horizontal homogeneity

and regional advection that MOST fails.

To mitigate these effects, we adopted a practical approach to eye-fit alternative

MOST relations that inherently consider the enhanced structure parameters. Our mo-

tivation to use an eye-fit rather than a statistical approach, like the one performed by

Kooijmans & Hartogensis (2016), is that we only have a single day of measurements

available, whereas other methods require significant amounts of data. We did this for C2
q ,

whereas for C2
T , we use the coefficients determined by Kooijmans & Hartogensis (2016).

The proposed line is depicted in Figure 8d and the coefficients that define it are given in

Table 6.2.

6.4.2 Impact of footprint and MOST on surface fluxes

In this section, we demonstrate that it is essential to consider the impacts of the

footprint and MOST functions when comparing the performance of the OMS in a complex

environment like the Salar del Huasco.

Figure 6.9 shows the diurnal cycle of surface fluxes measured by EC over water and
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Table 6.2: Kooijmans & Hartogensis (2016) MOST function coefficients for unstable condi-

tions (base function in Eq. 6.8). Between brackets the site-adapted coefficients for Salar del

Huasco study case, 15 November 2018 (Fig. 6.8d).

MOST functions c1 c2
fC2

T
5.6 6.5

fC2
q

4.5 (12) 7.3 (7)

wet-salt surfaces as well as the diurnal cycle combining both EC system fluxes, but weight-

ing them using the OMS-footprint (ECwfp) presented in Figure 6.6e. ECwfp resembles

most of the EC fluxes over water (80%) than wet-salt (20% wet-salt) during daytime.

Given the high flux contrast between wet-salt and water, the 20% wet-salt seen in the

OMS footprint significantly influences the composed fluxes. This is the case for LvE,

where during daytime, it is ∼75 W m−2 over wet-salt versus ∼550 W m−2 over water, the

ECwfp LvE is ∼100 W m−2 lower than that of the water surface. For the sensible heat

flux (Fig. 6.9c), the absolute values of the fluxes are lower and the contrast between the

two surfaces is less extreme resulting in an ECwfp H that is only ∼10 W m−2 higher than

that of the water surface. The orthogonal regression (Figs. 6.9b, d) between EC water,

wet-salt, and wfp show a similar message: the quantification of the differences in LvE

and H of water and wet-salt with respect to ECwfp.

When performing scintillometer measurements over heterogenous terrain under the

blending height (Wieringa, 1976), the structure parameters of the individual surfaces

within the footprint will be sensed by the instrument (Meijninger et al., 2002a). In

our study, the OMS was installed close to the surface (2.3 m), and it is safe to assume

we were below the blending height (Meijninger et al., 2002a). Due to the non-linear

relationship between structure parameters and surface fluxes, there will be a difference

between the EC flux weighted by the OMS footprint (ECwfp), and the EC flux calculated

using structure parameters weighted by the OMS footprint (ECC2
X ,wfp

) (Lagouarde et al.,

2002; Meijninger et al., 2006). The latter more accurately simulates the way of measuring

the OMS. To quantify the difference between the two approaches, we constructed the

OMS footprint-weighted indirect EC flux estimate through C2
X (ECC2

X ,wfp
) following these

steps: (1) applied an inverse MOST procedure using standard MOST function coefficients

(Kooijmans & Hartogensis, 2016), where we obtained C2
T and C2

q for the EC fluxes over

water and wet-salt; (2) applied the OMS-weighted footprint factors to construct simulated

OMS-path-weighted structure parameters; and finally (3) calculated the fluxes based on

the path averaged structure parameter values.

Figure 6.10 shows the difference between the two approaches described above. The

big contrast in C2
q between water and wet-salt, connected to their contrast in LvE (see

Fig. 6.5a, b) and the non-linear relationship between C2
q and LvE, cause a difference
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Figure 6.9: Diurnal cycle of surface fluxes (a, c) and orthogonal regression (b, d) between

EC over water and wet-salt and an OMS-footprint composed EC flux (ECwfp) for November

15, 2018. m indicates the regression slope, grey color refers to wet-salt and black to water.

Triangles, circles and crosses are set to differentiate the data source.

of ∼15% between ECwfp and ECC2
X ,wfp

. So, this is a significant factor to consider when

validating OMS derived fluxes with a footprint composite of EC fluxes. For the sensible

heat fluxes, the difference is negligible which is related to the much smaller fluxes with

less contrast between the two surfaces (see Fig. 6.5).

Next, we will look at the difference in OMS derived fluxes with standard MOST

functions (Eq. 6.8) taken from Kooijmans & Hartogensis (2016) and site-fitted MOST

functions as determined in Figure 6.8 and Table 6.2. Figure 6.11 shows an overestimation

of LvE (factor of 1.64) if standard MOST functions are used. This is a clear indication

that MOST assumptions are violated in the Salar del Huasco basin. In part, this has

to do with the surface heterogeneity, noting that we measured below the blending height

and measurements were thus sensitive to the non-MOST turbulence behavior at the tran-

sition between the two contrasting surfaces in the OMS footprint. In addition, regional

advection of dry air has a strong influence on the local humidity (Lobos-Roco et al.,

2021b). Consequently, the relationship between the measured humidity fluctuations and

local fluxes do not follow the standard relationships.
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Figure 6.10: Relationships of latent- (a) and sensible (b) heat fluxes between OMS-footprint

weighted, direct EC flux estimates (ECwfp) and indirect EC flux estimates through C2
X

(ECC2
X ,wfp

).

Figure 6.12 brings together the results presented so far, i.e., OMS fluxes based on site-

fitted MOST functions (OMSsite−fitted−MOST ), and ECwfp and ECC2
X ,wfp

fluxes that serve

as references. In general, we observe a reasonable agreement. The orthogonal regressions

in Figures 6.12b and 6.12d are based on ECC2
X ,wfp

as this more closely resembles the OMS

flux estimate given the fact that we measured below the blending height. After all the

careful and guided treatment of the data, we arrive at zero-intercept linear regression

with slope coefficients of 0.95 and 1.07 and correlation coefficients, R2, of 0.92 and 0.96

for LvE and H, respectively.

In the consecutive presentation of the results from Figures 6.9 to 6.12, we have paid

more attention to the impacts of the footprint and MOST functions during the daytime

on the absolute values of the fluxes. Here, the differences seen in the LvE fluxes were most

noteworthy for both the footprint and MOST functions. By comparing the daily averaged

fluxes, the picture is slightly different. Here, the daily averaged impact of ECwfp and the

fluxes over water are, on average, about ∼6 W m−2 for both H and LvE, resulting in a

difference of 22% for H and 4.5% for LvE. The impact that MOST function coefficients

have on surface fluxes is significantly higher as compared to the footprint impact. Daily

averaged fluxes calculated using standard MOST functions are 34% higher for LvE as

compared to the latent heat flux based on the site-fitted MOST relations.
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Figure 6.11: Diurnal cycle (a) and orthogonal regression (b, d) of latent heat flux from OMS

data calculated with standard- and site-fitted MOST functions. m indicates the regression

slope.

6.5 Conclusions

This paper studies the capability of an Optical-Microwave Scintillometer (OMS)

to measure evaporation over a saline lake in a heterogeneous setting in the Atacama

Desert. Our research question, “how accurate can the measurements of an OMS over

an open water body be under arid conditions?”, was inspired by the possibility of the

OMS to be installed at the borders of an open water body. We conclude that the OMS is

capable to measure open water evaporation without the need to install instrumentation

in the water. However, care must be taken to not include (unwillingly) surrounding areas

with contrasting flux regimes in the OMS footprint. We argue that with measurements

below the blending height an enhanced level of temperature- and humidity fluctuations

is observed. This is due to the passage of the scintillometer beam though the internal

boundary layer that defines the transition between the different surfaces. As a result,

Monin-Obukhov Similarity Theory (MOST) relations, needed to infer the sensible- and

latent heat fluxes from the measured structure parameters of temperature and humidity,

can potentially fail. The OMS dependence on the Monin-Obukhov Similarity Theory,

which relies on the assumption of locally driven, undisturbed turbulence is a weakness

that requires further study.

For our study focusing on a saline lake in the Salar del Huasco, the OMS deployment

proved to be challenging due to the unstable ground near the water edge. We therefore

extended the path such that the instrument transmitter and receiver were installed on

stable ground with a waterlogged salt surface. The resulting scintillometer setup was

defined by an installation height of 2.3 m (i.e. can be considered below the blending height)

and a path-length of 1,070 m covering a mixed footprint of open water and a waterlogged

salt surface with a daytime footprint coverage of ∼80% and ∼20% respectively. Relevant
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Figure 6.12: Diurnal cycle of surface fluxes (a, c) and orthogonal regression (b, d) between

the OMS with site-fitted MOST functions and OMS-footprint weighted, direct EC flux es-

timates (ECwfp) and indirect EC flux estimates through C2
X (ECC2

X ,wfp
). m indicates the

regression slope, grey color refers to wet-salt and black to water. Triangles, circles and crosses

are set to differentiate the data source.

in our evaluation and as a, we installed an Eddy Covariance (EC) system over the open-

water and one over the wet-salt surface. Even though both surfaces in the footprint

were water saturated, they were strongly heterogeneous in their flux regimes due to their

different evaporation properties. In short, the amount of available energy was much less

over the wet-salt surface compared to the water surface (maximum Rn values of 900

W m−2 over water versus 500 W m−2 over the wet salt) due to the larger albedo and

lower surface temperature. The salt also impeded evaporation leading to H > LvE in

contrast to the water surface where LvE > H. The large contrast in fluxes was especially

visible in LvE values (maximum values of 75 W m−2 over wet-salt versus 550 W m−2 over

water). For H values, the contrast was also notable but much less pronounced (maximum

values of 200 W −2 over wet-salt versus 100 W m−2 over water). In addition to the local

heterogeneity, the fluxes were governed by a regional wind-driven turbulence regime with

a low-wind, low flux regime during the night and morning and strong-wind, high flux

regime during the afternoon.
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The mixed footprint setup including a transition between the heterogeneous surfaces

marked by disturbed turbulence made that our evaluation of the OMS fluxes against

those measured by EC focused on the following three points. In our evaluation of the

OMS fluxes against those measured by EC we addressed the heterogenous setting of the

OMS measurements by critically evaluating the MOST functions, estimating an OMS

footprint composing EC flux and discussing the regional scale driven turbulence regime.

Concerning these three issues our main findings are:

First, we evaluated the Monin-Obukhov Similarity Theory (MOST) functions used

to infer the OMS measured structure parameters to fluxes. We did this for both the

scintillometer as well as the EC data derived structure parameters for temperature, C2
T ,

and humidity, C2
q . Here, we found that for C2

T , our data correspond well to the standard

MOST functions as determined by Kooijmans & Hartogensis (2016) which was based on

many experiments. For C2
q however, we observe much higher OMS values than those

based on the EC data. We attribute this to the aforementioned internal boundary layer

disturbances at the transition between the surfaces. The OMS C2
T values are also some-

what higher than those from the EC data, but the difference is limited as the sensible

heat flux contrast between the two surfaces is much less than that for C2
q . To compensate

for the elevated OMS C2
q values, we adopted a practical approach by using site-adapted

MOST coefficients. We should note that our approach to adjust C2
q MOST functions

to account for disturbances at the transition of the two heterogeneous surfaces assumes

that the instrument was otherwise performing well. This was ensured by strict filtering

the available data. In the end, we only used one day of data as the other days showed

unphysically high scintillation intensities, likely due to a minor misalignment that might

have caused surface reflections of the beam. Also, we strictly high pass filtered the raw 1

kHz data to exclude potential absorption fluctuations. Here, we adopted filter constants

depending on the wind regimes.

Second, following the approach by (Meijninger et al., 2002a) for scintillometer mea-

surements performed below the blending height, we validated the OMS against a composed

flux consisting of OMS-footprint weighted EC fluxes over the two surfaces. In addition,

we considered the non-linear relationship between structure parameters and surface fluxes

in the footprint analysis that lead to an increase in EC composed LvE of 15%. All things

combined, we reach a zero-intercept linear regression with an R2 of 0.92 and a slope of 0.95

when comparing the evaporation of the OMS against the OMS footprint composed EC

estimates. We should note that the impact of the OMS site-adapted MOST coefficients

on LvE yielded a 34% reduction of the fluxes.

Third, we also discussed the influence of the regionally driven wind-regime that

controls the boundary layer development and turbulent mixing and is responsible for the

advection and entrainment of dry air to the study area. These aspects influence both the

EC and OMS measurements. Judging by the differences in structure parameters derived
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from the OMS and EC and how these influence the dimensionless MOST relations, it

seems that the local MOST functions, in either the water or the wet-salt, are not really

affected by these non-local disturbances.

Finally, the weakness of the OMS method is its dependence on the Monin-Obukhov

Similarity Theory, which relies on the assumption of locally driven fluxes. This assumption

is often violated in (semi-)arid regions where strong spatial contrasts in the temperature

and humidity lead to temperature and humidity fluctuations that are driven by non-local

processes such as regional circulations and internal boundary layers. Our approach was

to introduce site-fitted MOST functions. We do not see this as a general solution but

merely as a way to quantify the impact of the MOST violation. This is a challenge that

we must overcome for the OMS to be used as a standard method for evaporation over

open water bodies.





Chapter 7

Conclusions and Outlook
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7.1 Conclusions

This thesis aimed to answer the overarching question: What are the physical

mechanisms that drive evaporation in the Atacama Desert at multiple spatio-temporal

scales? To address this, we broke the question down into four specific research questions.

We have answered these questions in the following sections.

Chapter 3

What processes are involved in sub-diurnal, seasonal,

and interannual open water evaporation variability?

We investigated the multi-temporal variability of actual evaporation from sub-diurnal

to climatological scales in a high-altitude saline lake ecosystem in the Atacama Desert.

Our findings revealed that evaporation from the saline lake of Salar del Huasco is con-

trolled by different processes depending on the time scale. Firstly, at the sub-diurnal scale,

the wind regime (aerodynamic contribution driven by wind shear) is the main driver of

evaporation. The wind speed acts as a physical mechanism that is able to mix the sat-

urated air above the water surface with the dry air of the surface layer. The absence

of wind yields very low values of turbulence that act as a limiting factor of the surface

turbulent fluxes. Secondly, at the seasonal scale, the principal driver is radiation (net

available energy), which is characterized by significant seasonal variations. For example,

maximum radiation rates are reached during spring (October, November and December),

minimum ones during winter (July, August and September), and a high variability is

observed during summer (January, February and March). Consequently, these radiative

variations result in seasonal variation of evaporation. In analyzing the main contribution

to the evaporation by using the Penman equation, we found the following: the radiative

contribution is 73% of the seasonal changes in evaporation, during the periods in which

radiation plays a principal role. Likewise, our analysis suggests that seasonal evapora-

tion (related to seasonal radiation variability) is the principal driver of the decreases of

lake water surface (R2 = 0.92). In addition, our results show that seasonality of mois-

ture transport at a synoptic scale correlates with seasonal variation of local evaporation.

Thirdly, at an interannual scale, the ENSO phenomenon modulates evaporation mainly

during summers, a phenomenon that also affects precipitation rates. We found that warm

and cool ENSO phases are associated with higher evaporation and precipitation rates, re-

spectively. Our results show that warm ENSO phases (El Niño) increase evaporation

rates by 15%, whereas cool phases (La Niña) decrease it by 4%.
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Chapter 4

In the interplay between regional and local scales, what is the role

of the wind-induced turbulence in controlling the diurnal cycle of evaporation

as compared to radiation and vapor pressure deficit?

We answered this question by investigating the diurnal variability of the physical

processes that drive evaporation at the saline lake from regional to local spatial scales.

Special attention was paid to the processes at a regional-scale and to the physical con-

ditions that trigger them. Firstly, our findings show that the wind, governed by thermal

and orographic differences on different spatial scales, is the main driver of evaporation

in the Salar del Huasco. Here, and elaborating more in depth with respect to the re-

sults found at Chapter 3, we identify two main regimes. (1) The local morning regime

is dominated by high net radiation and ground heat flux, low wind speed (< 2 m s−1),

a surface-atmosphere moisture gradient (∼3 g kg−1), and an extremely low latent heat

flux (∼0 W m−2). During this regime, the principal limiting driver of evaporation is

mechanical turbulence. Here, the absence of wind and low sensible heat flux, trigger to

a stratification of the boundary layer. (2) The regional afternoon regime is dominated

by high surface fluxes compared to the morning, where high wind speed (> 10 m s−1),

triggered by regional circulations, a very high surface-atmosphere moisture gradient (∼10

g kg−1), and a sudden increase in latent heat flux over the water (∼500 W m−2) was

found. The same surface fluxes diurnal variability was found over all surfaces. Here, the

decrease in net radiation in the transition to the evening becomes the limiting factor.

Secondly, the regional afternoon regime also impacts the development of the atmospheric

boundary layer (ABL), where vertical thermal profiles capped the convective boundary

layer growth (up to 1,800 m) over the desert and water. This interruption is characterized

by the entrance of air masses with different properties, resulting in a shallow (400 m),

cooler, and relatively moist well-mixed boundary layer towards the evening. Finally, we

provided an explanation of the origin of the wind in the afternoon regime. By system-

atically performing numerical experiments, we found that the regional circulation results

from three interconnected atmospheric phenomena occurring at different spatial scales:

(i) at approximately 1,200 m asl the top of the marine boundary layer (MBL) is charac-

terized by a strong flow towards the land (15 m s−1), (ii) an anabatic circulation driven

by the contrast land-ocean (10 K) and (iii) channelling of the flow occurring at 3,000 m

due to the topography, more specifically the wind movement through an Andes moun-

tain pass. The concatenation of these three phenomena leads to the daily appearance of

strong winds, which then enhances the mechanical turbulence and, thus, evaporation in

the afternoon.
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Chapter 5

What is the influence of the marine stratocumulus cloud in the formation,

maintenance, and dissipation of the land-fog system in the Atacama Desert?

We approached this question by studying the interaction between marine stratocu-

mulus (Sc) clouds and the coastal mountains of the Atacama Desert. More specifically,

special attention was paid to the influence of the MBL on the land-fog system and the

inland moisture transport. Our findings, based on discontinues profile observation of

station located at the coastal cliffs, show that this interaction involves either a well-mixed

regime or a thermal stratification of the MBL, which forms or dissipates Sc cloud-fog.

The well-mixed regime is characterized by low gradients of potential temperature (<

3.10 · 10−3 K m−1) and specific humidity (< 1.60 · 10−3 g kg−1 m−1). These well-mixed

conditions, driven mainly by the marine Sc cloud deck, have a small diurnal variability.

The predominance of the well-mixed regime correlates with the presence of fog quantified

by observations (∼1.5 L hour−1), which were measured in the morning and evening-night.

The stratified regime is characterized by high gradients of potential temperature (> 3.10

· 10−3 K m−1) and specific humidity (> 1.60 · 10−3 g kg−1 m−1). In contrast to the other

regime, this stable regime is affected by diurnal variability, which displays significant

changes on diurnal gradients around midday. The thermal stratification corresponds

with fogless observations. These clear conditions were mainly observed between 12:00

and 20:00 LT. Therefore, we can conclude that the stratified regime leads to optimal

conditions for the dissipation of Sc cloud-fog. The thermodynamic classification of the

MBL, and its interaction with the coastal mountains of the Atacama Desert, enable to

explain the role of marine Sc clouds in fog formation and inland moisture transport. Both

phenomena contribute to decreases the MBL temperature, increasing the ocean-land

thermal contrast that drives the regional flow affecting the Altiplano region’s evaporation,

as discussed in Chapter 4.

Chapter 6

How accurate are the evaporation measurements performed by an OMS

over an open water body under arid and windy atmospheric conditions?

We addressed this question by studying the capability of an Optical-Microwave

Scintillometer (OMS) to measure evaporation over a saline lake in a heterogeneous setting

in the Atacama Desert. We paid special attention to the very localized conditions like

surface heterogeneity (surface energy balance, albedo, roughness length, and footprint)
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and ABL dynamics. In evaluating the OMS fluxes against those measured by the

eddy-covariance (EC), we critically evaluated the Monin-Obukhov Similarity Theory

(MOST) functions to determine its validity under heterogeneous surface conditions. To

this end, we estimated an OMS footprint composing EC flux and discussing the regional

scale driven turbulence regime. Considering these three issues, we reached several

conclusions. Firstly, we found that for the structure parameter of temperature (C2
T ), our

data corresponded well to the standard MOST functions as determined by Kooijmans

and Hartogensis (2016). For the structure parameter of humidity (C2
q ), however, we

observed much higher OMS values compared to the EC data. We attributed this to

the formation of an internal boundary layer disturbance at the transition between the

surfaces. To account for the effects of this internal boundary layer in our observations,

we adopted a practical approach by using site-adapted MOST coefficients. Secondly,

we validated the OMS against a composed flux consisting of OMS footprint-weighted

EC fluxes over the water and wet salt surfaces, considering the non-linear relationship

between structure parameters and surface fluxes in the footprint analysis. All things

combined, we reached a zero-intercept linear regression (R2 of 0.92) between evaporation

measured by the OMS and composed EC fluxes, where the impact of the site-adapted

MOST coefficients yielded a 34% reduction in evaporation fluxes. Thirdly, we discussed

the influence of the regionally driven wind regime that controls the boundary layer

development and turbulent mixing (Chapter 4). These aspects influenced both the EC

and OMS measurements. However, it seems that the local MOST functions, in either

the water or the wet salt, were not affected by these non-local disturbances. Finally, we

concluded that the OMS instrument is able to measure open water evaporation without

the need of installing instrumentation in the water. In doing these observations, it is

important to take care in not including (unwillingly) surrounding areas with contrasting

flux regimes in the OMS footprint. Despite this, the OMS dependence on the MOST,

which relies on the assumption of locally driven, undisturbed turbulence, is a weakness

that requires further study.

Concluding words

As an overarching conclusion, this thesis improves our understanding of the physical

processes that govern evaporation in the Atacama Desert, both from multi-temporal and

-spatial perspectives.

From larger to smaller temporal scales, evaporation is controlled by different pro-

cesses that modulate, regulate or control it. On an interannual scale, local evaporation of

the Salar del Huasco is modulated by the ENSO global-scale phenomenon, which sets the

climatic conditions that enhance or decrease evaporation. One condition occurs during

the warm ENSO phases (El Niño), where evaporation anomalies increase by 15%, and

during cool ENSO phases (La Niña), evaporation anomalies decrease by 4%. The mod-
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ulation that ENSO produces on evaporation is only present during the summer, when

ENSO effects on climate conditions are significant. On a seasonal scale, radiation con-

tributes to 73% of the total evaporation, whereas the aerodynamic component constitutes

27%. This regulation that radiation exerts on evaporation is based on its seasonal vari-

ability. For example, evaporation rates and radiation are at its minimum during winter

and maximum during late spring. Likewise, both variables show high scattering during

summer as a result of the cloudy and rainy seasons. On a sub-diurnal temporal scale, local

evaporation is mainly controlled by wind-driven mechanical turbulence. The absence of

wind speed during the morning represents the principal limiting factor because, without

wind (shear) and in the presence of low sensible heat flux (buoyancy), no physical mecha-

nisms exist to transport the saturated air from the wet surfaces into the dry atmosphere.

During the afternoon, the arrival of a strong flow triggers evaporation, which decreases

accordingly with decreases in net radiation that represent the limiting factor at the end

of the day.

Evaporation on a sub-diurnal scale is also governed by different physical processes

that interact at different spatial scales. At local scales, the surface heterogeneity controls

the amount of energy available to produce surface fluxes and the soil moisture available

to evaporate. For example, high net radiation is found at the water surface because of

its lower albedo compared to the wet-salt surface, resulting in higher evaporation fluxes.

Likewise, higher evaporation fluxes are observed over wet-salt surfaces than over the desert

surfaces, due to higher soil moisture availability. These surface conditions interact with

the main driver of evaporation, the wind speed. At a very localized scale, this interaction

triggers the formation of internal boundary layers over the heterogeneous surfaces, which

contribute to the development of the ABL above the so-called blending height. However,

this interaction remains unclear and needs further research. Surface conditions control

the ABL development during the morning and non-local processes during the afternoon.

During the morning, the ABL shows a convective growth over the desert and the lake,

reaching approximately 1,800 m above the ground. This growth is interrupted at noon by

the arrival of a regional-scale flow, which brings in cooler and relatively moister air masses

compared to those present at the Salar del Huasco. This advection results in a shallow and

well-mixed ABL towards the evening. Finally, on a larger-scale perspective, the regional

flow that interrupts the ABL convective growth and impulses the local evaporation over

wet surfaces during the afternoon results from the thermal contrast between the Pacific

Ocean and the Atacama Desert. This thermal contrast, which increases up to 10 K during

the afternoon, produces a strong land-sea breeze from above the MBL towards the Andes.

An anabatic flow enhances the land-sea breeze at the piedmont of the Andes, where

simultaneously, the shape of the topography channels the breeze. This breeze, driven by

the ocean, brings to the Salar del Huasco air masses with different temperatures, humidity,

and momentum that enhance evaporation in the Altiplano region.
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7.2 Outlook

With our results, based on systematic surface and airborne observations and comple-

mented by numerical simulations with a high resolution around the observational site, we

were able to identify, characterize and quantify the complex physical processes that control

evaporation at multi-spatiotemporal scales. However, the scientific challenge of quanti-

fying the water resources in arid regions relies on accurately representing these physical

processes in hydrometeorological models. For this purpose, further research must address

the temporal variability of evaporation from different surfaces located in different areas

of the Altiplano, the seasonality of the regional-scale flow, the interaction between wet

surfaces and the surface layer, the representativity of our findings in the Salar del Huasco

in similar environments, and the role of evaporation on the water balance.

The findings on the temporal variability of open water evaporation from sub-diurnal

to climatic scales at the saline lake of the Salar del advances our understanding of how

long-term processes affect our water resources. However, open waters are not the most

extended evaporation pathways in the Atacama Desert. Therefore, expanding our under-

standing of long-term evaporation variability over other surfaces like wet-salt, dry-salt,

wetlands, and sparse vegetation over shallow groundwater is crucial for quantifying wa-

ter loss at the basin-scale. In this regard, we still need to learn about the role of salt

chemistry as a limiting factor on the evaporation of such surfaces, as well as the stomata

resistance of such water-stressed plants that compose the so-called bofedales (wetlands of

the Altiplano region).

Regarding larger spatial scales (>100 km), the description, quantification, and sim-

ulation of the ocean-land regional flow that controls the sub-diurnal evaporation in the

Altiplano region analysed in this thesis contribute to connecting the non-local processes

with the local evaporation. However, further research must be carried out in order to

understand the regional flow’s seasonal variability. It is essential to bridge this knowl-

edge gap by more effectively quantifying the relationship between this variability and the

MBL, which controls the thermal contrast that produces such flow. Special attention

must be paid to how synoptic-scale systems, more specifically high-pressure systems, like

the formation of the stratocumulus cloud deck over the ocean affect this regional flow.

Likewise, it is crucial to comprehend the synoptic-scale summer flow, which controls the

rainy season and affects evaporation. Moving to more local scales, during this thesis, we

used observations to describe the ABL dynamic and its interaction with heterogeneous

surfaces. Nonetheless, there is still a lot to learn here, for example, the ABL interaction

with non-local phenomena such as entrainment, gravity waves, and rainstorms and the

formation of dust devils and their impact on evaporation. In so doing, we will be able

to find better parameterizations of these phenomena to be implemented on larger-scale

weather and climate models. Likewise, we need to improve our understanding of the

interaction of heterogeneous surfaces with the regional advection and the consequent for-
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mation of internal boundary layers at a very localized scale. Finally, it is worth exploring

the exchange between the atmosphere and the groundwater, which is one of the least

understood flows of the water balance.

Our findings in the Salar del Huasco allow us to better understand most of the scales

and processes involved in the evaporation in such a place. Even though the Salar del

Huasco is one of the smallest basins (∼1,400 km2) in the Altiplano region that presents

significant features for studying evaporation, the representativity of our findings must

be corroborated in basins with different spatial scales, topography, and location. For

example, in catchments like Salar de Uyuni, with an area of ∼60,000 km2 and a salt

surface of ∼10,000 km2, the roles of the surface, the ABL, and regional flow might impact

the evaporation budget differently not only because of its differing spatial scale but also

due to the topography and the fact that it is located farther from the ocean. Likewise, in

high-altitude lakes such as the Titikaka lake (∼8,000 km2) and Poopo lake (∼3,000 km2),

each of which has greater depth and thus a different albedo, the surface energy balance

might play a more relevant role than larger-scale atmospheric flows.

Finally, further research should be done on the adaptation of evaporation budget

methods, like the Penman equation, to the specific physical conditions of the desert,

such as surface heterogeneity conditions, non-local processes, and regional advection in-

fluences. These adaptations would allow us to measure using an evaporation-budget

method adapted to arid regions that could be implemented through parameterizations

in larger-scale hydrometeorological models. In addition, more evaporation observations

and experiments in different environments are needed, especially in salt flats with di-

verse chemical compositions, in wetlands, over snow cover, etc, promoting constant and

long-term weather monitoring. All this with the aim of quantifying accurately the wa-

ter balance, and therefore, contributing to improve water resource management in arid

regions.
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Appendix A: Site-adapted Penman Equation

Here, we introduce the radiative and aerodynamic contributions to the Penman

(1948) equation. We also provide a physical meaning to the two coefficients used in the

modified Penman equation: the coefficient to compensate for the absence of surface energy

balance closure (cEBNC) and the coefficient to account for the ice conditions (cice) above

the saline lake of Salar del Huasco. The modified Penman equation reads as:

LvE =

Radiative︷ ︸︸ ︷
cice

s

s+ γ
cEBNC(Rn −G) +

Aerodynamic︷ ︸︸ ︷
ρacp
s+ γ

1

ra
(es − e), (8.1)

where s [Pa K−1] is the slope of the saturated vapor pressure curve, γ [Pa K−1] is the

psychrometric constant, Rn [W m−2] is the net radiation, G [W m−2] is the ground heat

flux, ρ [kg m−3] is the dry air density, cp [J K−1 kg−1] is the air’s specific heat at constant

pressure, ra [s m−1] is the aerodynamic resistance, es [Pa] is the saturated vapor pressure,

Ta [K] is the air temperature, and e [Pa] is the vapor pressure at a measured level. Below,

we detail the calculation and justification of each term in equation 8.1.

A1 Radiative contribution

The radiative contribution to the latent heat determined from Equation 8.1 depends

on the available energy, i.e., Rn – G. Net radiation, Rn, is estimated as:

Rn = Swin − Swout + Lwin − Lwout = (1− α)Swin + Lwin − Lwout (8.2)

where Swin [W m−2] is the incoming shortwave radiation, which is provided by the

ERA5 dataset (Hersbach et al., 2020); Swout [W m−2] is the outgoing shortwave radiation;

α = 0.13 [-] is the albedo, obtained during the E-DATA field campaign (Suárez et al.,

2020; Lobos-Roco et al., 2021b); Lwin [W m−2] is the incoming longwave radiation; and

Lwout [W m−2] is the outgoing longwave radiation.

The Lwin, which includes the cloud influence, is calculated using the model suggested

by Sugita & Brutsaert (1993). This model corrects the clear-sky incoming longwave

radiation (Lwin,cs) calculated with the Stefan Bolztmann law, in the following way:

Lwin = Lwin,cs(1 + c1c
c2
f ) = σεT 4

a (1 + c1c
c2
f ) (8.3)

where σ is the Stefan Boltzmann constant (5.67 · 10−8 W m−2 K−4); ε=0.68 is the air

emissivity, which is derived from E-DATA measurements, and Ta is the air temperature at

2-m height, obtained from ERA5 downscaled data; and are empirical constants (Sugita &

Brutsaert, 1993); and cf is the cloud factor proposed by Crawford & Duchon (1999):
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cf = 1− Swin
0.9cs

(8.4)

Here, cs corresponds to the extraterrestrial incoming shortwave radiation multiplied

by 0.9 to get the percentage of radiation that reaches the surface at ∼4,000 m asl empir-

ically determined during the E-DATA experiment.

The Lwout is calculated using the methodology suggested by Holtslag & Van Ulden

(1983):

Lwout ≡ σT 4
a c3Rn,ini (8.5)

where c3 = 0.02 is an empirical coefficient, and Rn,ini corresponds to an initial value

of net radiation, estimated as 0.76Swin, according to E-DATA observations (Suárez et al.,

2020). Then, Rn,ini is solved iteratively using the following expression:

Rn,ini = (1− α)Swin + Lwin − Lwout (8.6)

One iteration consists of solving Equation 8.5 using Rn,it. The value of Lwout is then

used in Equation 8.6 for solving Rn,it. Finally, this new value of Rn,it is used again in

Equation 8.6. After ten iterations, Lwout values do not change significantly.

The ground heat flux, G, which is required to estimate the available energy, is de-

termined as a function of net radiation as:

G = c4Rn (8.7)

where c4 = 0.25 corresponds to an empirical coefficient based on the Rn/G ratio

observed during the E-DATA experiment for Swin > 50 W m−2.

Figure 8.1 shows an orthogonal regression estimated through this model and Rn-obs

observed over the saline lake, which validates the net radiation estimated by the model

(see equation 8.2).

A2 Aerodynamic contribution

To calculate the aerodynamic term (equation 8.1), we use Ta, specific humidity,

q, and wind speed at 2 m, U , from the ERA5 downscaled dataset (Chapter 3). We

parametrize the aerodynamic resistance term, ra, by prescribing values for the two wind

regimes observed by Lobos-Roco et al. (2021b). Figure 8.2 shows the prescribed values for

ra , being ra= 60 s m−1 for U > 3 m s−1 (windy regime during the afternoon) and ra= 250

s m−1 for U < 3 m s−1 (calm regime during the morning). This prescription is given by the
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Figure 8.1: Orthogonal regression between Rn observed in the E-DATA field campaign and

that modeled using equation 8.1.

rapid change of ra in the transition of the two diurnal wind regimes, where these values are

representative. It is important to stress two aspects that justify this prescription. Firstly,

there are no significant changes in the aerodynamic contribution term of Equation 8.1

when ra > 200 s m−1. For this reason, we decide to use a wind regime averaged value.

Secondly, the main idea behind estimating evaporation through Equation 8.1 is to use

standard meteorological data readily available in a simple way.

The saturated vapor pressure, es, which is also required in the aerodynamic con-

tribution term, is approximated using the August–Roche–Magnus equation (Moene &

Van Dam, 2014):

esat(Tak) = 611exp[
a(Tak − 273.15)

−b+ Tak
] (8.8)

where Tak [K] is the absolute air temperature obtained from the ERA5 downscaled

data, and a and b are 17.625 and -30.03, respectively.
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Figure 8.2: Diurnal averaged aerodynamic resistance observed above the water surface during

the E-DATA, and the black lines are the prescribed values under calm and windy regimes.

A3 Energy balance non-closure coefficient

Since the Penman equation assumes a perfect energy balance closure, and the E-

DATA field data show a significant energy imbalance (Suárez et al., 2020), we introduce

the energy balance non-closure coefficient, cEBNC . Hence, this coefficient corrects the

available energy to improve the energy balance closure. We observe two different non-

closure balances that depend on the wind regime (Fig. 8.3). Therefore, we set cEBNC =

0.3 for U < 0.3 m s−1 (calm regime during the morning) and cEBNC = 0.7 for U > 3 m

s−1 (windy regime during the afternoon).

A4 Ice coefficient

Ice formation significantly restricts evaporation because it isolates the water from

the atmosphere below a thin ice cover. Then, in the absence of wind, the available energy

is used first to melt the ice before water evaporation occurs. Vergara-Alvarado (2017)

demonstrated that a ∼3-5 cm thick ice cover in the Salar del Huasco saline lake reduced

the turbulent fluxes to zero by creating an isolating layer between the water surface and

the atmosphere. Thus, neglecting ice formation leads to an overestimation of the latent

heat flux. A complete ice model requires the derivation of heat transfer fluxes or an

elaborated parameterization using variables and parameters that usually are not available
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Figure 8.3: Surface energy balance observed at the water surface during the E-DATA under

calm and windy regimes.

in standard meteorological datasets (Echeverŕıa et al., 2020). For this reason, we use an

ice coefficient, cice, which ranges between 0 and 1, that is related to the number of hours

under freezing conditions. We assumed that ice melting occurs when air temperatures

are below 270 K. Table 8.1 shows the categorization of the freezing hours (FH) and the

corresponding cice. Figure 8.4 shows the effect that the ice coefficient has in estimating

latent heat flux during freezing days together with a time series of the freezing hours

during the E-DATA.

Table 8.1: Categorization of freezing hours and the ice coefficient.

Freezing hours (FH) Ice coefficient cice
8 > FH 0.30

4 < FH < 8 for day 0.40

4 < FH < 8 for night 0.78

FH < 4 1.0
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Figure 8.4: (a) The effect of the ice coefficient into the site-adapted Penman evaporation

estimates. (b) Degree hours and air temperature time series.
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Appendix B: Uncertainty of E-DATA observations

In this section we briefly address the uncertainties related to surface and airborne

measurements performed during the E-DATA field experiment and the WRF modeling

results. Complementary information can be found in Suárez et al. (2020).

B1 Surface observations

The Eddy Covariance (EC) method is regarded as the most reliable method to mea-

sure LvE and H fluxes. However, energy balance non-closure (Eder et al., 2014; Mauder

et al., 2007) is found everywhere. Our results show imbalances of the SEB that range

between 15 and 30% (Suárez et al., 2020), which agrees with several field experiments

performed in the last decades (Eder et al., 2014). In addition, some instrumental issues

might contribute to measurement uncertainties related to the following three reasons: (1)

to obtain Rn over the desert and wet-salt surfaces we used a less accurate sensor that did

not measure all four radiation components, as opposed to that used at the water surface.

For that reason, Rn over the desert was corrected (see section 4.3.1) due to the unrealistic

values we obtained. However, Rn measurements might still mean an overestimation of the

wet-salt surfaces, which would contribute to energy balance closure problems; (2), G was

measured using soil flux plates buried 5 cm from the air-surface interface (desert, water,

and wet-salt surfaces). Consequently, G must be corrected to account for heat storage in

the soil or in the water body. The different surfaces complicated the installation of the

soil sensors, which might underestimate G, which is an important component of the SEB

at the SDH (de la Fuente & Meruane, 2017); (3) The exchange processes on larger scales

might have a significant influence on the energy balance, due to the landscape hetero-

geneity (Foken, 2008). Advection and entrainment phenomena might add uncertainty to

the SEB balance. However, our measurements limit us to evaluated them properly, and

they are beyond the scope of this study.

B2 Airborne observations

The uncertainty of the airborne measurements is related to the sensors carried by

the radiosonde and UAV, the measurement footprints and to the disturbance the UAV’s

propellers might have caused to the sensor. Firstly, the sensors carried by the radiosonde

and UAV were different models from the same manufacturer (Table 2.1), which might have

led to differences in the observations. Secondly, the flight path (measurement footprint)

followed by the two instruments was not exactly the same, in that the radiosonde flew at

a height of around 10 km and up to 50 km NE of the launch site, while the UAV flew

at an altitude of only 500 m from the launch site, with no horizontal travel. This means

that different measurements of the vertical air column were made, which contributed to

the uncertainty. Finally, to avoid the UAV’s propellers disturbing the sensor during the

take-off, we only use the profiles obtained during UAV landing, i.e. from 500 m to ground



175

level. Nevertheless, during the landing, the propellers also might affect, although to a

lesser extent, the sensor readings.

Appendix C: Desert and wet-salt wind, temperature,

and moisture conditions

Similar to Figure 4.4 in Chapter 4, Figures 8.5 and 8.6 of this appendix show the

mean diurnal cycle of wind speed and direction, aerodynamic resistance, thermal and

moisture gradients between the surface and the measurement level for desert and wet-salt

surfaces. These figures support the homogeneous wind conditions (a, b) in the SDH-basin

and contextualize the heterogeneous thermal (c) and moisture (d) gradients between the

surface and the measurement height.

Appendix D: Calculations of contributions to ten-

dency term ∂q/∂t and ∂θ/∂t in Table 4.3

According to Equations 4.3 and 4.4, the tendency terms ∂q/∂t or ∂θ/∂t shown in

Table 4.3 represent the change of potential temperature and specific humidity within the

boundary layer during a specified time period. These tendencies are calculated as the

average of well-mixed values of θ and q taken by the radiosoundings launched at 15:00

and 18:00 LT. For instance, over the desert site, Figure 4.8a indicates a θ difference of

∼1 K between 15:00 and 18:00 LT, i.e. a tendency term is 0.33 K per hour. The local

contribution corresponds to the turbulent fluxes, w′q′s (LvE) and w′θ′s (H) in the right-

hand side of equations 4.3 and 4.4. This contribution is calculated using the averages

surface fluxes (Fig. 4.3) and the averaged boundary layer height (Fig. 4.8) over the

same time period. For example, for the desert site we measured ∼0 W m−2 of latent

heat flux between 15:00 and 18:00 LT at a height of 500 m. The non-local contribution

corresponds to the entrainment flux, w′q′e and w′θ′e in the right-hand side of equations

4.3 and 4.4. This is calculated by using the vertical velocity obtained from the boundary

layer growth and time (∆h/∆t), and the change in the maximum vertical gradient, ∆q

or ∆θ between the same time period. Following the example of the desert, between 15:00

and 18:00 LT (∆h/∆t) presents a small change and ∆q has almost no change, then no

entrainment contribution was considered. Finally, the regional contribution corresponding

to the larger-scale circulation quantifies the mean horizontal wind and the horizontal

gradient of θ and q. This is the second term of the right-hand side of equations 4.3 and

4.4. In the absence of observations of the horizontal gradients and aiming to characterize

the contribution using exclusively the observations gathered in E-DATA, the regional

advection is estimated as a residual of each equation. Following the example above, at the

desert surface between 15:00 and 18:00 LT there is no turbulent fluxes neither entrainment
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Figure 8.5: (a) Mean diurnal cycle of wind speed (U) and wind direction (WD) of a repre-

sentative day (November 18th), (b) mean diurnal cycle of aerodynamic resistance (ra), (c) air

temperature (T ), surface temperature (Ts) and thermal gradient (−dT ) and (d) air specific

humidity (q), surface saturated specific humidity (qs) and moisture gradient (−dq) observed

over the desert surface. Vertical dotted lines indicate time of turbulent regime change and

shadings represent maximum and minimum observations. Observations from November 15th-

24th 2018.



177

Figure 8.6: (a) Mean diurnal cycle of wind speed (U) and wind direction (WD) of a repre-

sentative day (November 18th), (b) mean diurnal cycle of aerodynamic resistance (ra), (c) air

temperature (T ), surface temperature (Ts) and thermal gradient (−dT ) and (d) air specific

humidity (q), surface saturated specific humidity (qs) and moisture gradient (−dq) observed

over the wet-salt surface. Vertical dotted lines indicate time of turbulent regime change

and shadings represent maximum and minimum observations. Observations from November

15th-24th 2018.
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fluxes to ∂q/∂t because the latent heat flux is ∼0 W m−2 and ∆q is constant. However, the

tendency term is 0.2 g kg−1 per hour. This means that according to the budget equation

(4.4), the only way to have a positive tendency of moisture is through the larger-scale

advection.
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Hidráulica y Ambiental, Pontificia Universidad Católica de Chile and Dirección General
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elling evaporation processes in soils from the huasco salt flat basin, chile. Hydrological

Processes , 30 , 4704–4719.

Hersbach, H., Bell, B., Berrisford, P., Hirahara, S., Horányi, A., Muñoz-Sabater, J.,
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Lobos-Roco, F., Hartogensis, O., Vilà, J., Fuente, A. d. l., & Suarez, F. (2020). Dataset

of local evaporation controlled by regional atmospheric circulation in the altiplano of

the atacama desert, .
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F., Alfaro, F. & Siegmund, A. (2021). Spatial distribution and interannual variability of

coastal fog and low clouds cover in the hyperarid Atacama Desert and implications for past

and present Tillandsia landbeckii ecosystems. Plant Systematics and Evolution, 307(5),

1-23.
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