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Abstract 
Farah, H.O., 2000. Estimation of regional evaporation under different weather conditions from 
satellite and standard weather data: A case study of the Naivasha Basin, Kenya. Ph.D. thesis, 
Wageningen University, The Netherlands 

The operational use of optical and thermal remote sensing methods for the monitoring of evaporation 
has been limited because of existing cloud cover problems as well as the need for field data by the 
remote sensing algorithms. The focus of this thesis is the development of methods to map the spatial 
patterns and temporal evolution of evaporation on both clear and cloudy days. The Naivasha basin in 
Kenya is used as a case study. 

Existing remote sensing algorithms used to estimate evaporation from remotely sensed data differ in 
the way they describe the spatial variations of input parameters. An evaluation of the impact of 
spatially varying input parameters on distributed surface fluxes showed that the vertical near surface 
air temperature difference and frictional velocity were the most critical parameters. Most remote 
sensing algorithms treat air temperature as spatially constant indicating that they are less suitable for 
the calculation of distributed evaporation in heterogeneous catchments. 

The temporal variability of the evaporative fraction A (Eq. 5.1) at the daily and seasonal time frames 
was investigated with field data obtained at two experimental sites. For general weather conditions 
the values of the midday (12.00 to 13.00 hrs) evaporative fraction AmUI compared well with the 
averaged day time evaporative fraction A^y. A good relationship was obtained between daytime 
evaporation estimated from Amid and evaporation measured by the Bowen ratio surface energy 
balance method. Less satisfactory evaporation results were obtained using morning (9.00 to 10.00 hrs) 
evaporation fraction Amor. The seasonal evolution of A^ was observed to be gradual. To capture the 
seasonal evolution of A^. it would be sufficient to measure A^y approximately every 10 days. 
Moreover, it was shown that the inter-annual variability of the 10-day average A could be reliably 
estimated from standard weather data. 

To monitor the temporal evolution of daily evaporation over a season, evaporation has to be estimated 
between consecutive clear days with satellite images being available. Two methods to predict daily 
evaporation on days without satellite images due to cloud cover are presented. Field data acquired at 
two sites were used to test these methods. The first method consists of the application of the Penman-
Monteith equation and Jarvis-Stewart model with standard weather data and the assumption of 
gradual soil moisture changes between consecutive clear days. With this method evaporation could be 
accurately predicted for up-to 5 continuous days with no satellite images. The second method is a 
simplified approach involving the use of a constant A between cloud free days with measured 
evaporation. This approach did not give satisfactory results in predicting evaporation on individual 
days. However, the total evaporation of a 7-day time span was equally good for both methods. 

Five NOAA AVHRR satellite images were used to produce daily evaporation maps of the Naivasha 
basin for 15 continuous days with intermittent cloud cover by using the Penman-Monteith equation 
coupled with the Jarvis-Stewart model as well as the evaporative fraction method. The evaporation 
maps were validated with field data and overall good agreement was obtained. This demonstrated 
that remote sensing methods can be extended for practical use under all weather conditions to map 
both the spatial patterns as well as the temporal evolution of evaporation in catchments and river 
basins. The methods of predicting evaporation can be applied at different time scales. Users can select 
the appropriate time scales depending on their needs. The implementation of the Penman-Monteith 
equation and Jarvis-Stewart model requires a land cover classification of the catchment to assign land 
cover dependent coefficients in the Jarvis-Stewart model. At each land cover type standard weather 
data has to be measured. 

Key words: evaporation, evaporative fraction, thermal infrared remote sensing, spatio-temporal 
variations of evaporation, Naivasha basin, Kenya 



PROPOSITIONS 

1. The application of the hypothesis of quasi-constant evaporative fraction to 
estimate daily evaporation is valid under general weather conditions 
provided evaporative fraction from the central hours of the day is used. 
(This thesis) 

2. Satellite overpass times in the early morning or late afternoon may be useful 
for visual interpretation of surface features but not for evaporation 
estimation. Measurements from Landsat and Terra satellites have therefore 
to be treated carefully. (This thesis) 

3. The combination of Surface Energy Balance Algorithm for Land (SEBAL) 
with the Penman-Monteith and Jarvis-Stewart models can be used to 
temporally integrate regional evaporation under different weather 
conditions. (This thesis) 

4. Remote sensing evaporation algorithms that do not account for the spatial 
variability of near-surface temperature gradients and surface roughness 
length for heat transport will give erroneous distributed evaporation values 
in a heterogeneous area. (This thesis) 

5. In developing countries, the development of tools to improve water 
resources management is frequently hampered by lack of information on 
meteorology, hydrology, soil and land use. (This thesis; Decurtins, S. 1992. 
Hydrogeographical investigations into Mount Kenya subcatchments of 
Ewaso-Ngiro river. African Studies Series No. A10. University of Bern, 
Switzerland) 

6. Remote sensing applications have focussed too much on land use mapping 
and little on its water use surveying capabilities. Satellite information on 
evaporation and biological production can provide rapid appraisal and 
reliable assessment of water accounts and return on investment. (Molden, 
D.J. 1997. Accounting for water use and productivity, SWIM Paper 1. 
International Water Management Institute, Colombo, Sri Lanka) 

7. Look for Knowledge even if it is as far as China. (Arabic saying) 

8. Smooth seas do not make a skilful sailor. (Ethiopian Proverb) 



9. War on nations change maps. War on poverty maps change. (Muhammad 
Ali) 

10. It is clear that most children suffer too much mother and too little father. 
(Gloria Steinem) 

H.O.Farah 
Estimation of regional evaporation under different weather conditions from 
satellite and meteorological data: A case study in the Naivasha Basin, Kenya. 
Ph.D. Thesis Wageningen University (19 January 2001) 
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Chapter 1 

Introduction 

1.1 General background 

Kenya is among those countries, that will face economic water scarcity in the next 
20 years (Cosgrove and Rijsberman, 2000). With a population growth estimated at 
an annual rate of 3%, increasing pressure is being exerted on the available land and 
water resources (Kohler, 1987). Scarcity of water is already being experienced as 
hereto perennial rivers have now ceased to flow during certain periods of the year 
due to water diversions in the upper catchments of these rivers (Decurtins, 1992). 
The focus today is to conserve and better manage the available water resources in a 
rational and efficient manner. Evaporation E is the loss of water in the form of 
vapour from the earth's surface to the atmosphere. Evaporation consumes about 
60% of precipitation when averaged over all continents (Brutsaert, 1982). In 
tropical regions, up to 90% of water flowing through a river basin may be used in 
the E process (Jensen, 1990). Knowledge of the spatio-temporal variations of E is 
therefore important for the planning and management of water resources. 

1.2 Problem identification 

Evaporation varies spatially owing to the heterogeneous nature of vegetation cover, 
soil properties and differences in water availability caused by hydrological 
processes. In heterogeneous catchments, there is a stratum of surfaces such as bare 
soils, water bodies and vegetation to which different E rates apply. In hydrological 
studies, the quantities of water evaporated at the macro-scale such as field, 
catchment or river basin are of interest. The evaporation from each element at micro 
scale in the landscape has to be aggregated to the macro-scale in order obtain the 
required macro scale estimate of EA at time t. This may be achieved by spatially 
integrating the micro-scale E(cij) at time t: 

EA(t)=-JE(aitt)da (1.1) 

1 



where E(at, t) is the micro-scale evaporation for element i and A is the size of the 
whole study area. Evaporation also displays large diurnal and seasonal variations. 
These variations are due to the changes in the amount of precipitation and radiant 
energy at the surface caused by changes in the solar elevation. Temporally the 
fluxes may be described in time frames ranging from minutes to years. The 
determination of the accumulated E at the micro as well as the macro-scale requires 
the temporal integration of £(a,, t) and EA (t) 

i 

Eml =^E(a,,t)dt (1.2) 

EAl = JEA(t)dt (1.3) 

where t is the duration of time for which E is to be determined. 

Determining of £(a, , t) in a heterogeneous landscape is a difficult task. 
Conventional measurement techniques of E give point values. It is not possible to 
have an adequate number of point measurements in order to capture all the spatial 
variations in the landscape and obtain reliable estimates of EA. This is because of 
the practical limitations of the economic resources and expert manpower required to 
implement such a measurement network. Pelgrum and Bastiaanssen (1996) have 
demonstrated that E(at) from 21 different field stations is far from sufficient to 
predict EA in a 5000 km study area. 

Satellite remote sensing is a powerful tool to provide measurements at a wide range 
of spatial scales ranging from an individual pixel to an entire raster image that may 
cover a whole river basin. Estimation of E(a{, t) has been investigated since the 
operation of earth resource satellites in the 1970s. Many remote sensing based E 
estimation techniques have been developed since then (e.g. Jackson et al., 1977; 
Moran and Jackson, 1991). In the context of regional hydrology, Sellers et al., 
(1995) and Kustas et al., (1994) investigated methods to determine EAl. Whereas 
remote sensing techniques have assisted in the solution of Eq.1.1, little attention has 
been given to the determination of Eq. 1.3 by remote sensing methods. This limits 
the operational application of these methods considerably. 



Fig. 1.1 illustrates schematically the problem of determining Eat and EM- A remote 
sensing algorithm uses spatially distributed input variables p,(x,y) from satellite 
data on clear days and spatially constant input variables p,f from field data to 
calculate evaporation. On cloudy days optical satellite data are of no use and one 
has to rely on field data. As illustrated in Fig. 1.1, the practical use of remote 
sensing to solve Eq. 1.3 in heterogeneous landscapes is thus hampered by two major 
limitations: 

• cloud cover 
• lack of spatially variable field data 

In many parts of the world, cloud cover is a prominent phenomenon. In the humid 
tropics, mean cloud cover per day may exceed 60% (Bussieres and Goita, 1997). 
Fig. 1.2 shows the average monthly cloud cover for a grassland area in the Naivasha 
basin in Kenya. It can be seen that during 9 months of the year cloud cover is more 
than 40%. Only satellite data with less than 20% cloud cover of the area of interest 
are considered usable for E studies (Petehercych et al., 1983). The chances of 
getting cloud free conditions are therefore limited. 

Although microwave remote sensing data could be used to overcome this problem, 
apart from the difficulties encountered in their algorithm formulation, their temporal 
frequencies are not suitable for E determination. Moreover, there is a cost issue. 
Radar images are very expensive to use on an operational basis. 

Because of cloud cover problems the use of remote sensing methods has been 
restricted to short time frames such as a few days. To monitor E over a season an 
extension of the remote sensing methods is required. Between two consecutive 
cloud-free days when satellite imagery is available, E has then to be estimated by 
other means. Little work exists in the literature on methods of dealing with this 
problem and obtain a solution for Eq. 1.3. 

The Penman-Monteith equation is the most widely tested physically based model to 
predict evaporation under different climatic conditions and has been shown to be 
suitable for the calculation of actual E (Parlange, 1995; Choudhury, 1997a), 
reference E (Allen et al., 1998) and potential E (Choudhury, 1997b). The 
application of the Penman-Monteith model is usually hindered by the difficulty of 
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Fig. 1.1. Schematic illustration of the problems encountered in determining 
the time integration of spatially distributed evaporation, with satellite data 
being available on clear days only. 
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Fig.1.2 Average monthly cloud cover for the period 1961-1968 at the Kedong 
meteorological station (0°55'S 36°30'E) in the Naivasha basin, Kenya 

estimating surface resistance rs and boundary layer resistance r„/, to vapour 

transport. Surface resistance of partially vegetated surfaces consists of the sum of 

individual leaf resistances and the resistance to soil evaporation. The description of 

rs involves interaction between the physiology of leaves and the environment (Tan 

and Black, 1976; Shuttleworth and Wallace, 1985). The most common approach to 

model the effect of rs on environmental factors is the so-called Jarvis-Stewart type 

models (Jarvis, 1976; Stewart, 1988). In the present study the potential of linking the 

Penman-Monteith equation to remote sensing information in order to obtain 

continuous E data over a season will be investigated. 

Even when cloud free images are acquired during clear moments of the day, cloud 

covers during other parts of the day can affect the accuracy of the estimated daily 

totals of E. Remote sensing measurements are instantaneous measurements and it is 

necessary to convert these measurements to daily totals. A number of methods are 

available for extrapolating the instantaneous values into daily totals. The most 

widely used technique is based on the similarity of the diurnal courses of E and one 

of the other terms of the energy balance, such as sensible heat flux (Bastiaanssen et 

al.,1996), available energy at the surface (Shuttleworth et al., 1989) and solar 

radiation (Jackson et al., 1983). Zhang and Lemeur (1996) evaluated these 

techniques and concluded that under clear sky conditions daily E can be estimated 

accurately from instantaneous values. These authors cautioned however, the use of 

these techniques under cloudy conditions because the assumptions underlying the 
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integration methods may not be satisfied under cloudy conditions. An investigation 

is required on the suitability of the diurnal temporal integration methods for the 

weather conditions prevailing in the tropics. 

To estimate spatially distributed E (see Fig. 1.1) remote sensing algorithms use both 

spatially variable and spatially constant input variables. Table 1.1 presents the type 

of field data typically used in remote sensing based E algorithms. Apart from 

routine weather data, information on vegetation and soil physical properties is 

needed by some of these algorithms. Because of the absence of complete datasets, 

the field data are usually obtained from a few points and assumed to be spatially 

constant across the area of study. The required spatial variability of the input 

variables needed to obtain reliable E results is therefore often ignored. The 

consequence of handling the spatial variability of input variables by remote sensing 

algorithms on surface fluxes has received little attention in the literature. 

Table 1.1: Required field information for some selected remote sensing evaporation 
algorithms 

Algorithm Plant 

height 

properties 

1 • 

2 

3 

4 • 

5 

6 • 

7 • 

8 • 

Wind 

speed 

S 

V 

S 

Air 

temperature 

• 

• 

S 

S 

• / 

•/ 

V 

/ 

Air 

humidity 

• 

• 

• / 

• 

• 

• 

V 

V 

Solar 

radiation 

• 

• 

S 

•/ 

Soil 

• 

• 

1. Nieuwenhuis et al., 1985 2.Taconet et al., 1986 3.Abdellaoui et al., 1986 4.Hall et 
al., 1992 5. Hurdato et al., 1994 6. Kustas et al., 1994 7. Hatfield et al., 1984 
8. Granger, 1997 



1.3 Objectives 

The focus of this research is the monitoring of regional evaporation in the Naivasha 
basin in Kenya by using remote sensing techniques. The specific objectives are as 
follows: 

1. Investigate the limitations of the handling of spatial variability of input 
variables in remote sensing algorithms and their impact on the estimation of 
surface fluxes 

2. Investigate methods to temporally integrate the evaporate rate for intermittent 
cloud conditions found in Kenya 

3. Develop an operational method to monitor micro and macro-scale evaporation 
by remote sensing over a season 

1.4 Outline of thesis 

The theoretical basis of the E process and the parameterization of remote sensing 
algorithms are discussed in Chapter 2. First, the water balance approach is 
presented. Next the energy balance and the aerodynamic transport processes 
governing water vapour, heat and momentum fluxes are discussed. It is explained 
how the complex E process equations can be conceptualized in simple resistance 
schemes and how the Penman-Monteith equation is derived from that. A brief 
overview of remote sensing flux algorithms is given and some of their limitations 
are highlighted. 

In Chapter 3 the physical setting of the Naivasha basin and the fieldwork performed 
at two experimental sites are presented. The location, topography and climatic 
conditions of the basin are described. Details of the micro-meteorological 
measurements and the Bowen ratio towers set up at two sites are given. These data 
sets are used in the validation of E calculation procedures developed in the 
subsequent chapters. 

Chapter 4 addresses the importance of considering the spatial variability of input 
parameters in remote sensing algorithms on the estimation of surface fluxes. The 
delineation of the study area into 15 homogenous units using Landsat TM derived 
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surface temperature, surface albedo and NDVI, is described. Surface fluxes are 
estimated for each of the 15 units. The input parameters are aggregated and the 
impact of using aggregated parameters on calculated distributed surface fluxes is 
analyzed. The parameters are identified that should be described in spatial detail in 
order to obtain reliable E estimates. 

In Chapter 5 the validity of methods to temporally integrate instantaneous fluxes to 
daily values is tested with field data from the two experimental sites described in 
Chapter 3. The diurnal stability of the evaporation fraction (Eq. 5.1) is analyzed and 
related to the variations in air temperature, humidity and the atmospheric 
transmission of solar radiation. An analysis of the performance of the evaporation 
fraction, obtained at midday and midmorning, to temporally integrate E to daily 
values is carried out. The implications of the gradual changes in the average daily 
evaporation fraction, for the estimation of 10-day average and longer E estimates 
are discussed. 

The question of scarcity of cloud free images is addressed in Chapter 6. A 
framework consisting of the use of the Penman-Monteith and Jarvis-Stewart models 
is proposed for predicting E during periods of cloudy conditions. The result of the 
method is tested with field data. A simpler method to predict E, by assuming a 
constant evaporation fraction over several days, is also used and tested. 

Chapter 7 deals with the applications of the methods developed in Chapters 4, 5 and 
6 in a practical remote sensing E monitoring approach of the Naivasha basin. An 
operational E monitoring procedure is presented. NOAA AVHRR satellite data in 
conjunction with the extrapolation methods developed are used to derive E. The 
results are compared with field data. 

Finally, a summary and conclusions of the study are given in Chapter 8. 



Chapter 2 

Theory and parameterization of evaporation 

2.1 Soil water balance 

Evaporation E is the process by which water is evaporated from wet surfaces and 
transpired by plants. The rate of E depends on the availability of water and amount 
of energy at the evaporating surface and the ease with which water vapour can 
diffuse into the atmosphere. The ease of diffusion is controlled by the aerodynamic 
properties of the surface and by the moisture and turbulence conditions of the 
atmosphere. The process of E can be described by means of the soil water balance, 
the energy balance at the earth's surface, turbulent transport mechanisms and the 
moisture balance of the atmosphere (Menenti, 1993). 

The soil water balance is based on the conservation of mass and accounts for the 
incoming and outgoing moisture fluxes of a soil layer. When soils are sufficiently 
moist to maintain maximum E rates, the radiation balance controls the E process. 
However, under conditions of persistent soil moisture deficit the sub-surface soil 
water transport controls the E process. The soil water balance processes in a flat 
terrain are mostly vertical moisture movements and may be described in one 
dimension. Change in water storage (m) of a soil column over a particular soil depth 
z and time interval t, is defined as: 

AW = -j j-^-dzdt (2.1) 
0 0 °" 

where 0is the volumetric soil water content (m3 m"3). The soil water balance relates 

E and the change in soil water storage AW. Defining the change in soil water 

storage AW as an "in- out" term, the soil water balance can be written as: 

AW = (P + Ir+Q-E-R)At (2.2) 



where P (m s"1) is the precipitation rate, Ir (m s"1) is the irrigation water input rate, 
Q (m s"1) is the net subsurface flow rate, being positive upwards, and R(ms ' ) is the 
lateral runoff rate over the soil surface. According to the definition given in Eq. 2.1, 
AW and Q relate to a certain soil depth z- It is common practice in hydrology to 
obtain £ as a residual term after determining first the other terms. The magnitude of 
the soil water balance terms depends on the hydrological and atmospheric 
conditions. The terms AW and Q are however difficult to measure reliably in natural 
catchments, especially over periods less than a month. Accurate area average 
estimates of precipitation are also difficult to determine because of the spatial 
variability of precipitation. The calculation of E as the water balance residual, 
results in substantial errors especially when E estimates on daily time scales are 
required. Hence other methods have to be resorted to. Evaporation is the common 
term between the water balance and the energy balance at the earth's surface. The 
energy balance may therefore be used in hydrological studies to determine E. 

2.2 Surface radiation and energy balance 

The surface energy balance is the main boundary condition to be satisfied in the 
estimation of E. The energy budget is defined for a unit horizontal area: 

Rn=G0+H+AE (2.3) 

where R„ (W m"2) is the net incoming radiation flux density, H (W m"2) is the 

sensible heat flux density, Go (W m"2) is the ground heat flux density and AE (W m* 

) is the latent heat flux density. The parameter A is the latent heat of vapourization 
1 2 1 

of water (J kg" ) and E is the vapour flux density (kg m" s" ). Evaporation E can 
also be expressed in equivalent of water depth over a period of time. The energy 
stored in vegetation and the energy used in biochemical processes in plants are 
often negligible and usually ignored in hydrological studies. The main challenge in 
the energy balance is to determine the partitioning of the available energy (/?„ - G0) 
into AE and H. If the fraction of available energy used to evaporate water can be 
isolated from that used in heating the atmosphere, AE can be easily calculated from 
the available energy. This energy partitioning is classically established through the 
Bowen ratio /? where the Bowen ratio is defined as HIAE (Bowen, 1932). The 
energy partitioning can also be achieved by means of the evaporative fraction A, 
defined as A = AE/(R„ - G0) (Shuttleworth et al., 1989) 
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The net radiation Rn is the difference between all incoming and outgoing radiative 
fluxes. Radiation is divided into shortwave and longwave. The amount of incoming 
shortwave radiation varies with the positions on the earth's surface (i.e. latitude) in 
relation to the sun. The fraction of reflected shortwave radiation from the earth's 
surface is a function of the surface type and land wetness condition. Incoming and 
outgoing longwave radiation are radiation emitted by the atmosphere and earth's 
surface respectively. Emittance of longwave radiation is described by the Stefan 
Boltzmann law. The radiation balance at the earth's surface is given by: 

Rn= (l-ro)Kj. +e'&Ta
4 - £boT0

4 - (1- % )e'aT* (2.4) 

where r0 (-) is the surface reflectance or albedo, KJ- (W m"2) is the incoming 
shortwave radiation, T0 (K) is the surface temperature, T„ (K) is the air temperature, 
e' (-) is the atmospheric emissivity, £0 is the surface emissivity and a (-) is the 
Stefan-Boltzmann constant (cr = 5.67 x 10"8 W m"2 K"4). 

2.3 Transport processes of water vapour, heat and momentum 

Diffusion is the process by which the properties of a fluid (e.g. heat, momentum, 
concentration of its molecules) are transferred from one part of the fluid to another. 
Diffusion can take place in two physically different ways: molecular or turbulent 
diffusion. Molecular diffusion is caused by the difference in concentration of the 
property of the fluid. The molecules making up a fluid are in random motion and 
exchange of molecules in neighboring positions takes place. This exchange occurs 
in the thin laminar layer between the evaporating surface and the atmospheric 
boundary layer. 

Turbulence above the land surface occurs when air moving over the earth's surface 
is retarded by a surface feature, causing irregular vertical movement of pockets of 
air and with it transferring the atmospheric properties. Turbulence is more effective 
in the transfer of mass, momentum and heat than molecular diffusion and it is the 
dominant transport mechanism. Turbulence can also be produced by vertical 
temperature gradients. This type of turbulence is called free convection, while 
frictional turbulence is referred to as forced convection. If free convection is 
present, a combination of free and forced convection arises, leading to mixed 
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convection. Forced convection is usually determined first and then corrected for the 
effects of free convection. 

The rate of transport by turbulence diffusion is governed by the wind speed and the 
concentration gradient of the transported entity in the air. The gradient of wind 
speed u (m s"1) with height z (m) above a surface follows a logarithmic profile 
relation described by: 

dw M« 
— = (2.5) 
dz k(z-d) 

where k (-) is von Karman's constant, d (m) is the zero plane displacement and u* 
(m s"1) is the frictional velocity. The zero plane displacement d depends on the 
characteristics of the surface cover and is negligible at low values of specific leaf 
area density (Inoue, 1963). Furthermore, if z is much greater than d, the need to 
describe d may be ignored. The wind velocity can be described by integrating Eq. 
2.5 from the roughness length for momentum zom (m) to the reference height z: 

M« 7 — d 
«(z) = - ^ ln ( - ) (2.6) 

The roughness length zom is defined physically as the height above the surface 
where the logarithmic wind speed profile decreases to zero. The roughness length 
for momentum, zom, depend on the height and spacing of the surface cover. The 
frictional velocity, u*, describes all the turbulence together and is defined in terms 
of shearing stress and momentum flux: 

T = paut
2 (2.7) 

where r (N m"2) is the momentum flux density and pa (kg m" ) is the density of air. 
The transfer of momentum can also be described according to the K- theory: 

x ^ P a K m Y z (2'8) 

where Km (m2s_1) is the eddy diffusivity which can be specified as: 
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Km = kujz-d) (2.9) 

The transport mechanism for water vapour and sensible heat transfer are similar to 
momentum transfer: 

E = -paKv^- (2.10) 
az 

dT_ 

dz 
H = -PacPKH— (2-11) 

where cp (J kg'K" ) is the specific heat of air, q (kg kg"1) is the specific humidity 
and T is the potential temperature. Kv and Kh are eddy diffusion coefficients for 
water vapour and heat respectively and they are formulated similar to Km under 
neutral conditions. 

The turbulent transfer of all the three entities can be considered equal provided 
there is no temperature gradient. However, during daytime air heats up. Warm air is 
moved upwards by free convection and is more buoyant than the cooler air at the 
height to which it has been moved to. The upward ascent of air will therefore be 
enhanced by temperature differences. This atmospheric flow condition is referred to 
as an unstable atmosphere. When air temperature increases with height, as is 
prevalent during the night, the opposite happens. The buoyant forces dampen the 
upward ascent of air from the surface and such a condition is known as stable 
atmosphere. 

Eqs. 2.8, 2.10 and 2.11 are valid only in the case of a neutral atmospheric condition 
(no buoyancy). The effect of the modification of forced convection by temperature 
gradient on momentum transfer can be corrected for by dimensionless parameters. 
One of the widely used dimensional parameter is known as the Monin-Obukhov 
correction factor. The wind profile under non-neutral flow conditions is modified 
to: 

-r = TT~T^) (2-12) 

dz k(z-d) 
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where <pm (-) is the correction factor and £ is the ratio of z and the so-called Monin-
Obukhov length, L (m). The Monin-Obukhov length is defined as the ratio of the 
mechanical production of kinetic energy divided by free convective production of 
turbulent kinetic energy. Physically, the Monin-Obukhov length represents the 
height in the boundary layer where frictional forces equal the buoyancy forces: 

0 C U. 1 
L = - ° " " (2.13) 

kgH 

where g (rn ) is the acceleration due to gravity and Ta is the mean air temperature 
of the flow region under consideration. The Monin-Obukhov length is negative 
under unstable conditions and positive in the case of stable conditions. The most 
frequently used <j>- functions for unstable conditions are (Dyer and Hicks, 1970): 

^ m = ( i - i 6 | r 0 2 5 (2.i4) 

and for stable conditions: 

*-=1 + 5f (2-15> 

The eddy diffusion coefficient for momentum without the zero-plane displacement 
can now be described as: 

„ kzu, 
Km=— (2.16) 

The application of the similarity hypothesis of wind, temperature and humidity 
profiles in the surface layer to temperature and water vapour profiles yields the 
following expressions for the eddy diffusion coefficients for heat and water vapour 
transport (Brutsaert, 1982): 

few* 
Kh=—- (2.17) 

0A 
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kzut Kv=—- (2.18) 
0v 

In a stable atmosphere, fa is considered to be equal to fa whereas in an unstable 
atmosphere fa = fa applies. The Monin-Obukhov function for water vapour, fa, is 
treated as equal to fa under all conditions (Monin and Yaglom, 1971). Substituting 
for u* in Eq. 2.12, the water vapour and heat transfers become: 

E = -pak\z-d)2%-%-Mmr (2.19) 
oz az 

2 . ,.2du dT 
dzdz 

H =-pacpk
2(z-d)2——(0h0my1 (2.20) 

2.4 Combina t ion equat ion for evaporat ion 

The calculation of E and H from equation 2.19 and 2.20 is difficult because 
measurement of derivatives is problematic in practice. The surface fluxes H and AE 
are therefore often parameterized. The most common simplification to represent 
differential diffusion equations for vapour and heat transport is analogous to Ohm's 
law for electric current: 

f=El—C-L (2.21) 

The flux densitiy F are analogous to current and the potential difference is 
analogous to difference in entity c (e.g. water vapour, temperature and wind), 
between two representative locations. The resistance takes into account the flow 
obstruction of the flux densities between the reference locations. Thus, for the 
sensible heat flux density one can write: 
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T -T 
(2.22) 

'ah 

where rah (s m"1) is the aerodynamic resistance to heat transfer. The temperatures T\ 

and T2 apply to the reference levels z = Z\ and z = Zn (see Fig.2.1). The aerodynamic 

resistance follows from the height integration of Kh: 

Z? 1 A(z,L) 
'ah f J_ d z = f f^L id d z 

J K„ { ku*z 
(2.23) 

The fa function is integrated from 0 to £ to get a stability correction i/rh: 

Mf)=Jt-'LM>U4 (2.24) 

By further using the expression of <ph and neglecting the zero-plane displacement d, 

the integrated stability function y/h can also be described analytically (Paulson, 

1970): 

for unstable conditions: \ffh (£) = 2 In 

with;t = ( l - 1 6 - ) 0 2 5 

L 

\ + x2 

(2.25) 

7 

and for stable conditions: y/h (£) = —5— (2.26) 

The integrated resistance to heat transfer, after inserting the stability correction 

equation, becomes: 

1 
'ah 

kut 
W^-Vhty + Vhi^-) 'h 

L 
(2.27) 
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Figure 2.1. The logarithmic profile of air temperature Ta in relation to integration limits 
£i> ̂ 2» Zom and ZOA for the definition of the aerodynamic resistance rah. The heat source 
temperature T$h, aerodynamic temperature T$m and temperature taken at arbitrary 
levels z\ and z-i as T\ and Ti respectively are shown 
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The soil heat flux depends on the soil thermal properties and the temperature 
gradient of the top soil. In a similar diffusivity-resistance method applied to H, Go 
can be expressed as (Menenti, 1984; Choudhury and Monteith, 1988): 

G0=pscs^^- (2.28) 

where ps is the density of the soil, cs is the specific heat of the soil, T0 is the surface 
temperature, Ts is the soil temperature at some reference depth near to the surface to 
minimize storage effects and r,/, is the soil resistance. The soil heat resistance is 
obtained by integrating the soil thermal diffusivity between the reference depth in 
the soil and the surface. 

The transport of latent heat can be similarly expressed as: 

x.e&hzhL (2.29) 

where e 0 (hPa) is the saturated vapour pressure at the evaporating surface, y (hPa 
K"1) is the psychrometric constant, e2 is the actual vapour pressure at height z, rav (s 
m" ) is the resistances to water vapour transfer in the atmosphere and rs is the 
surface resistance to vapour transfer. Usually, rav is considered to be equal to r„h 

because y/v = y/h. 

Monteith (1965) used the formulation of the transport equations (Eqs. 2.22 and 
2.29) in conjunction with the surface energy balance (Eq. 2.3) and a Taylor 
expansion of e 0 = e*(Ta) + s(T0-Ta) to derive a surface energy balance combination 
equation for canopy evaporation, where e* is the saturated vapour pressure at air 
temperature Ta at height z- Earlier, Penman (1948) derived this combination 
equation for open water surfaces and hence the energy balance combination 
equation for canopy evaporation is referred to as the Penman-Monteith equation: 

^ # ^ V A ^ (23o) 
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where rc is the canopy resistance. In leaves, the rate of vapour transport is 
controlled by the opening and closing of stomata, referred to as stomatal resistance. 
The stomatal resistance, at the leaf and canopy scales, has been correlated to 
environmental conditions and plant factors. However so far no mechanistic model is 
available to describe the stomatal behavior. 

The most common approach to parameterize the effect of environmental conditions 
on stomatal behaviour is the so-called Jarvis-Stewart type models. Jarvis (1976) 
related stomatal conductance (reciprocal of stomatal resistance), to incoming solar 
radiation, leaf water potential, air temperature, vapour pressure deficit and carbon 
dioxide concentration in the atmosphere. The relationship between these 
environmental variables and stomatal conductance is reduced by stress functions 
interacting without synergy. The Jarvis-Stewart model for canopy resistance is 
given by: 

r r = : ^22 (2.3i) 
LAI Fx (K I) F2(Ta) F3(Ae)F4 Q¥) 

where Ae is the vapour pressure deficit, LAI is the leaf area index and Vis the leaf 
water potential. Each stress function varies from zero to unity. The coefficients of 
the functions are determined from statistical analysis obtained from dedicated field 
experiments or under controlled laboratory environments. The functions have been 
expressed in slightly different ways, depending on vegetation or biome types such 
as forests (Stewart, 1988), agricultural crops (Dolman, 1993) and grasslands 
(Stewart and Gay, 1989; Hanan and Prince, 1997). The influence of K-l can be 
expressed as a hyperbolic function: 

F , ( / r i ) = (2.32) 
dK •!• 

where <i=l+c/1000. The value of c is empirically determined. The effect of 
temperature may be represented as a power function: 

F2(T) = ^T" T™»^T™* T " \ , b = T™* °3 (2.33) 
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where Tmin is the minimum air temperature, Tmax is the maximum air temperature for 
stomatal conductance and a3 is a coefficient representing the optimum air 
temperature for stomatal conductance. 

The vapour pressure deficit function is given as follows: 

F3(D)= l (2.34) 
1 + a4Ae 

where Ae is the vapour pressure deficit (hPa) and a4 is an empirical coefficient. 

Leaf water potential is usually not available and is replaced by soil water potential 
(Choudhury and Idso,1985; Hanan and Prince, 1997) or soil moisture deficit 
(Dolman et al., 1991). Slightly different functions have been used for the influence 
of soil water potential but they are in the general form: 

F4ep-) = a - ^ r (2.35) 

where *FL is the soil water potential and *FC is the soil water potential at the wilting 
point. 

Many of the Jarvis-Stewart type of models do not take into account all the four 
functions as the influence of some of environmental factors under given conditions 
is minimal. For example, when soil moisture deficit is very small throughout the 
year, F4can be omitted as it becomes equal to 1. Dolman et al. (1988) showed in the 
study of a forest in the United Kingdom, that models without soil moisture or 
humidity components will give considerable errors if applied over a season where 
variation in climate and soil conditions occur. Stewart (1988), also emphasized the 
importance of accounting for the effects of soil moisture in order to get reliable E 
estimates. 

In the case of evaporation from bare soils, an explicit soil resistance has to be 
parameterized in terms of known soil variables. The evaporation of soil is 
composed of the transport of water to the soil surface by both liquid and vapour 
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phases. The transport of liquid water to the surface can be described in terms of a 
physical resistance to liquid flow: 

9. -0O 

EL = Pw - 2 (2.36) 

where, 6Z\ and QQ are soil moisture contents at depths z\ and at the surface. The 
resistance to liquid transport rst is given by: 

-w dz 

, W) 
(2.37) 

where D(6) is the diffusivity for liquid water. Diffusivity is a function of hydraulic 
conductivity and depends on the soil physical characteristics. Dry soils exhalate 
vapour through air-filled pores. Transport of vapour flow to the soil surface from 
the evaporation front at depth -ze can be represented as: 

r PT(TZ)-POV 

Ev= - (2.38) 

where rsv is resistance to vapour transport, p*"'(Tz ) is the saturated vapour 

density (kg m" ) at the soil temperature at the evaporating front, /Cbv is the vapour 
density at the soil surface. The resistance to vapour transport is determined by 
integrating the effective vapour diffusivity vertically from the evaporation front to 
the soil surface: 

0 i 

= f-L 
J Deff 

dz (2.39) 

where Def is the effective vapour diffusivity, which is related to the diffusivity of 

water vapour in the air. In most conditions, EL is much larger than Ev (except in 
desert conditions) and evaporation is consequently schematized to occur from the 
soil surface with temperature T0 (Bastiaanssen, 1995): 
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E„-EL+E.-f™-''*-=P-i'''-°>) <2.40, 

The description of the energy and water diffusion from a combination of plants and 
soils into the atmosphere requires a network of resistances rather than a single 
surface resistance in the parameterization scheme. These parameterization schemes 
calculate available energy at different heights and then use the resistance chain to 
determine the profiles of temperature, wind speed and humidity (e.g. Shuttleworth 
and Wallace, 1985; Choudhoury, 1989; Dolman, 1993). The flux densities above 
the vegetation and soils can be combined by weighing coefficients, which may be 
based on fractional soil coverage or leaf area index. 

The resistances networks in the multi layer schemes can be combined by assuming 
they are in parallel at a single level in the canopy. The single-layer schemes assume 
either complete vegetation or complete soil cover. The single-layer is simple and is 
less data demanding. They require for example half the parameters as a two-layer 
scheme. Previous studies have shown that single-layer schemes can realistically 
predict the surface fluxes and are therefore suitable for applications in regional 
studies (e.g. Beljaars and Holtslag, 1991; Bouglet et al., 1991). The Penman-
Monteith equation is a single layer scheme. The surface resistance rs is the overall 
resistance of water transfer from the roots through the canopy and from the soil into 
the atmosphere. The surface in these resistance formulations is parameterized as 
one big leaf. Stewart (1988) extended the Jarvis-Stewart model (Eq. 2.31) to 
describe surface conductance (reciprocal of surface resistance). Stewart derived the 
surface conductance from AE measured above a forest by inverting the Penman-
Monteith equation. Because measured total evaporation over a canopy is used, the 
Jarvis-Stewart model implicitly accounts for soil resistance through the optimized 
coefficients. 

2.5 Remote sensing evaporation algorithms 

Steps in the retrieval of E from remote sensing data 

Remote sensing methods use surface reflectances and radiometric surface 
temperature from satellite spectral data in combination with ground based 
meteorological data to solve the energy balance equation and estimate evaporation 
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from local to regional scales. Extensive reviews of remote sensing flux 
determination methods have been presented by Choudhury, (1989), Moran and 
Jackson, (1991), Menenti, (1993) and Kustas and Norman, (1996). 

Fig.2.1 shows the steps involved in retrieving evaporation from satellite data. 
Satellite radiances are related to evaporation in two steps. First, the surface 
parameters such as surface reflectance or albedo, surface temperature and 
vegetation indices are derived. These surface parameters together with field data, 
are then used to solve the energy balance and evaporation is taken as a residual 
term. The required field data is measured, estimated, modelled or ignored. Since 
satellite data are obtained at the top of the atmosphere, corrections for atmospheric 
interference have to be made. The corrections are based on information on the 
atmospheric properties(e.g. temperature, humidity and wind speed) at the time of 
satellite overpass and the use of radiative transfer models. However atmospheric 
information is usually not available and hence simpler correction procedures have 
to be resorted to. For example surface parameters could be measured at a few 
locations for calibrating the satellite derived surface parameters. 

Type of remote sensing algorithms 

Remote sensing methods vary in complexity due to the amount of physics they 
describe. They can be grouped into three major classes according to their 
complexity (Kustas and Norman, 1996): 

- Statistical/semi-empirical methods 
- Physically based analytical approaches 
- Numerical simulation models. 

The statistical methods directly relate the difference between satellite observed 
surface temperature and air temperature to E (e.g. Jackson et al., 1977; Seguin and 
Itier, 1983). The statistical methods are simple and require few input data, however, 
apart from surface temperature all the other in put variables are assumed spatially 
constant. This limits the application of the statistical methods to homogeneous 
fields or regions only. 

In the physically based methods Rn, Go and H are evaluated separately and AE is 
determined as a residual in Eq. 2.3 ( e.g. Carlson and Buffum, 1989; Diak and 
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Fig. 2.2. The Steps followed in the retrieval of evaporation from spectrally reflected and 
emitted satellite radiances 
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Whipple, 1993). The net radiation, Rn is estimated from remotely sensed surface 
albedo, surface temperature and solar radiation calculated from standard 
astronomical formulae (Iqbal, 1983). The ground heat flux, Go is determined 
through semi-empirical relationships with /?„, surface albedo, surface temperature 
and vegetation index. 

The sensible heat flux density as given by Eq. 2.22 is solved and this is the most 
critical factor in the remote sensing algorithms. The main challenge is to quantify 
the spatial and temporal variations of T\ rah and T\ as they are not directly 
observable from remotely sensed data. In many models, T\ is taken as equal to 
remotely sensed T0 (Kalma and Jupp, 1990; Lhomme et al., 1994). However, 
although for uniform canopies the difference between T\ and T0 is less than 2°C, the 
differences are larger for partial canopies (Choudhury et al., 1986; Kustas 1990; 
Troufleau et al., 1997). In order to account for the discrepancy between T\ and T0 

some investigators have adjusted rah or used an additional resistance term (e.g. 
Sugita and Brutsaert, 1990; Stewart et al., 1994). This is achieved by defining the 
roughness length for heat transport, ZQH as equal to the height at which T0 = 7 ^ , 
through a factor kB'1 which relates zoh to the roughness length for momentum 
transport, z0m-

fcfl-'^ln-^- (2.41) 
Zoh 

However, different studies have shown that there is a wide range of kB from 1 to 
12 for different surfaces (Beljaars and Holstlag, 1991; Brutsaert et al., 1993). This 
indicates that it may not be feasible to determine the spatial variations kB in 
heterogeneous landscapes. In fact, Verhoef et al., (1997) questioned whether the 
concept of kB'1 itself is correct. They argue that the definition of zoh is based on 
extrapolating a theoretical profile through a region where this theoretical profile 
does not hold, towards a surface temperature that is difficult to locate, especially in 
sparse vegetation. 

To avoid the problems associated with the concept of kB1 and circumvent its use in 
the calculation of H, other methods have been proposed. Quails et al., (1993) in a 
study of the fore Alps of Switzerland, used a near-surface air temperature (T\) 
instead of T^h to derive H in a procedure developed from the standard Monin-
Obukhov flux-profile relationship for the atmospheric surface layer (see Fig. 2.2). 
Through calibration, they found a surface transport parameter z\h to correspond to 
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T\. Quails et al., (1993) report obtaining good estimates of H by using this 
procedure and recommend its use to calculate regional E by means of the energy 
budget from the profile derived H. Chehbouni et al., (1997) and Troufleau et al., 
(1997) used a relationship that links T^h and T0. They formulated H as follows: 

H=paCpTJ^-^ (2.42) 

where, TJ is the ratio of (T0-T^h) and (To-Ta). The factor TJ is a function of the 
fraction of vegetation cover on the surface. It can be considered to be a constant for 
a given day but decreases with increasing LAI over a season. A formula was 
developed to determine TJ: 

1 
TJ = (2.43) 

e x p ( D / ( D - L A / ) ) - l 

where D is an empirical factor that depends on the vegetation type. Equation 2.42 
was tested and found valid for the HAPEX-Sahel sites. The simplicity of this 
method and the possibility to use remote sensing to determine LAI and T0, makes it 
an attractive method to determine surface fluxes from remote sensing in semi-arid 
regions. 

Another approach to overcome the problem of inferring T /̂, from T0 is to directly 
estimate ATa, the temperature difference between T\ and T2 taken at two arbitrary 
levels z\ and zi without explicitly solving the absolute temperature at a given height 
(see Fig 2.2). The latter can be achieved from the inversion of the sensible heat 
transfer equation (Bastiaanssen et al., 1998b): 

T,-T2= AT = -^-2*_ (2.44) 
P c 
r a p 

where H= Rn-G0 for dry surfaces. Furthermore, it has been experimentally proven 
that land surfaces with high AT„ are associated with high thermally emitted 
radiances and those with low AT„ are coincide with low thermally emitting surfaces. 
The temperature difference, ATa, may therefore be obtained across an image by 
relating it linearly to To: 
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ATa=ClT0-c2 (2.45) 

where C\ and c2 are regression coefficients valid for one particular moment and 
region. The linearity of Eq. 2.45 has been shown to be correct in field experiments 
carried out in Egypt and Niger (Bastiaanssen et al., 1998a), China (Wang et al., 
1998), USA (Frank and Beven 1997) and Kenya (Farah and Bastiaanssen, 2000). 

The sensible heat flux is apart from vertical temperature differences also a function 
of u*. Many algorithms therefore take a few field measurements of M.and treat them 
as spatially constant (e.g. Hall et al, 1992; Kalman and Jupp, 1990; Rosema, 1990). 
This assumption is only valid for uniform homogeneous surfaces. One way of 
overcoming this problem is to consider u* at 50 or 100m above ground level rather 
than the usual 2m level (Mason, 1988). The reasoning is that at these heights, called 
blending height, w» is not affected by local surface heterogeneity and is therefore 
spatially constant. Bastiaanssen (2000) made u* spatially variable by using a 
spatially constant wind speed at the blending height and spatially variable 
roughness length for momentum transport Zam(x,y) together with local stability 
correction functions Wm(x,y). 

Finally Numerical models simulate continuously the surface energy flux exchanges 
by solving numerical equations of the energy and mass flow processes in the soil-
vegetation-atmosphere system (e.g. Sellers et al., 1992; Carlson et al., 1995). Many 
input parameters describing soil-vegetation-atmosphere system properties are 
required which are seldom available in tropical watersheds. Numerical models are 
therefore less suitable for satellite remote sensing-hydrology studies in data-scarce 
environments. 

27 



Chapter 3 

Description of the study area 

3.1 Geographical setting 

Location and climate 

The Naivasha basin is located in the central rift valley of Kenya. It lies 

approximately between latitudes 0° 10'S to 1°00'S and longitudes 36° 10'E to 36° 

45'E and covers an area of about 3500 km . The location of the basin is shown in 

Fig. 3.1. The altitude of the basin varies from about 1900 m at the bottom of the 

valley to 3200 m in the Nyadarua mountains found on the eastern boundary of the 

basin. Due to the altitudinal differences, there are diverse climatic conditions found 

in the basin. The climate varies from semi-arid to humid tropical. 
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Fig. 3.1. Location of study area showing the Ndabibi (1) and Eburu (2) experimental 
sites and the meteorological stations Naivasha town (3) and North Kinangop (4) 

Rainfall varies from about 600 mm to 1200 mm annually. Despite being located on 

the equator, the area experiences relatively cool conditions. Average monthly 

temperature ranges from 15 °C to 18 °C, with the average maximum and minimum 

in the ranges 24 °C to 29 °C and 6° C to 8 °C respectively. Fig. 3.2 shows the 

monthly trend of rainfall and temperature at two points located at 1930 m and 2630 
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m. There are two rainfall peaks which occur in April to May and September to 
October. The driest months are January, February and December. The lowest 
temperatures are experienced in July, while the highest temperatures occur in 
March. The potential evaporation is about twice the annual rainfall in the semi-arid 
area, while in the humid zones rainfall exceeds potential evaporation in most parts 
of the year. 
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Fig.3.2. Monthly average rainfall, average daily temperature (1931-1983) and average 
daily reference evaporation (E0-Penman-Monteith) (1974-1983) at two stations: (A) 
Naivasha town at altitude 1906 m and (B) North Kinangop at altitude 2620 m. The 
location of the stations is shown in Fig. 3.1 
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Topography and soils 

The topography of the plateaus on the eastern side of the basin and the plains inside 

the rift valley is gently undulating. These areas are found at altitudes between 1900 

m and 2400 m. The plateaus and plains, together with Lake Naivasha, cover about 

90% of the basin. The rest is mountainous with rough terrain (see Fig. 3.3). The 

soils in the higher plateaus consist of clay loam to clay. These soils are deep (80 cm 

to 120 cm) and have good water holding capacity. In the lower plains, the soils are 

mainly sandy clay loam to sandy clay, and are deep and well drained. On the 

mountains, the soils are shallow (< 50 cm) to moderately deep and consist of a 

complex of loam, clay loam and clay. 

Land use and land cover 

In the humid highland zones, forests, woodlands and croplands are found. 

Agriculture is also practiced in the semi-humid to sub-humid regions. The main 

crops are maize, potatoes, coffee and wheat. The semi-arid regions are found inside 

the rift valley. They have extensive grasslands and bushlands, which are used for 

livestock grazing. Around Lake Naivasha intensive horticultural farming under 

irrigation is common. The main products are flowers, vegetables and fruits. About 

80% of the national horticultural production in Kenya comes from this area. To the 

south of Lake Naivasha, there is a geothermal power plant that produces about 18% 

of the total power in the country. There are two national wildlife reserves that 

attract numerous tourists. Declared a Ramsar site in 1995, Lake Naivasha is 

considered a wetland of international importance. There has been an increasing 

demand for water in the basin in the last 30 years due to settlement of the plateaus 

by small-scale farmers and the introduction of intensive irrigated horticulture 

around Lake Naivasha. 
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Fig. 3.3. Illustration of the topography and vegetation of the Naivasha catchment prepared 
from Landsat TM false color composite image overlaid on a digital elevation model of the 
area. The dark red areas are forests on mountains, light red tones indicate cropland and 
woodlands on the plateaus. The purple whitish tones represent grassland and bushland in 
the valley plains (see color version in Appendix B). 
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